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Radially anisotropic structure beneath the Shikoku Basin
from broadband surface wave analysis of ocean bottom
seismometer records
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[1] We have analyzed broadband surface wave data from ocean bottom seismometers
deployed in the Shikoku Basin in the northeastern Philippine Sea to determine the
radially anisotropic uppermost mantle structure beneath this oceanic basin. We first
applied noise correlation method to continuous microseismic records to obtain phase
velocities for fundamental-mode and first higher-mode Rayleigh waves and
fundamental-mode Love waves at periods of 7–29 s. At longer periods, we applied an
array analysis method to teleseismic surface waves to obtain phase velocities of
fundamental-mode Rayleigh and Love waves at periods of 29–117 s. Using these
broadband phase velocity measurements, we have determined the one-dimensional
radially anisotropic structure from the crust to the low velocity zone (LVZ) beneath the
Shikoku Basin without assuming a priori structure in the uppermost mantle. The final
structural model (SB-RA10) has a high-velocity lid from the Moho to a depth of �40 km,
with an LVZ at greater depths. S wave velocities decrease by 6%–10% at a depth range of
�40–70 km. This large decrease in velocity suggests that there is either a large difference
in grain size between these layers or indicates the presence of partial melt or water in the
LVZ. Furthermore, strong radial anisotropy of 4%–5% (VSH > VSV) is observed in the
uppermost mantle, which may be stronger in the LVZ.
Citation: Takeo, A., K. Nishida, T. Isse, H. Kawakatsu, H. Shiobara, H. Sugioka, and T. Kanazawa (2013), Radially anisotropic
structure beneath the Shikoku Basin from broadband surface wave analysis of ocean bottom seismometer records, J. Geophys.
Res. Solid Earth, 118, doi:10.1002/jgrb.50219.

1. Introduction
[2] The seismic low velocity zone (LVZ) exists beneath

a high velocity lid (LID) at a depth of �50–200 km in the
uppermost mantle beneath oceanic basins [e.g., Gutenberg,
1959; Press, 1959]. As the LVZ seems to mark the oceanic
asthenosphere, elucidating the seismic structure of the LVZ
and LID is essential for understanding plate tectonics. The
nature and location of the LVZ has been investigated using
dispersion curves of surface waves [e.g., Dorman et al.,
1960; Leeds et al., 1974]. Recent surface wave tomo-
graphic studies have greatly improved the large scale picture
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of the lateral variations of the oceanic uppermost mantle,
such as the seafloor-age dependence of the LID/LVZ struc-
ture [e.g., Ritzwoller et al., 2004; Maggi et al., 2006; Nettles
and Dziewonski, 2008], but the depth resolution is usually
limited to discuss the origin of the LVZ due to the broad
depth sensitivity of surface wave velocities (especially at
long periods) to the mantle structure.

[3] Body wave reflections and/or conversions are use-
ful in determining the depths of discontinuities, such
as the G-discontinuity that is the boundary between
the LID and LVZ [e.g., Revenaugh and Jordan, 1991;
Kawakatsu et al., 2009; Rychert and Shearer, 2011],
although the spatial coverage is limited by the locations
of earthquakes and stations. Gaherty et al. [1996] and
Kato and Jordan [1999] analyzed both body and sur-
face waves and obtained path-average one-dimensional
structures with the G-discontinuity beneath the central
Pacific and Philippine Sea regions, respectively. These
structures have been used to discuss the origin of the
LVZ, such as its thermal structure [Stixrude and Lithgow-
Bertelloni, 2005], grain size variations [Faul and Jackson,
2005], and the presence/absence of partial melt [e.g.,
Anderson and Sammis, 1970] of water [Karato, 2012]. How-
ever, the employed long-path averaging of these studies
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appears inadequate for evaluating the various models pro-
posed for the origin of the LVZ.

[4] The presence of strong seismic anisotropy (both radial
and azimuthal) in the uppermost mantle beneath oceanic
basins [e.g., Forsyth, 1975] further complicates the situ-
ation. A radially anisotropic structure without azimuthal
dependence is conventionally introduced to account for the
discrepancy between Rayleigh and Love waves and can be
understood either as the azimuthal average of more general
anisotropic structure [Anderson, 1962; Aki and Kaminuma,
1963; Dziewonski and Anderson, 1981] or the long-period
equivalent of fine layering [e.g., Backus, 1962]. Recent
tomographic studies have shown that the presence of radial
anisotropy (VSH > VSV) is stronger in the LVZ than in
the LID [e.g., Ekström and Dziewonski, 1998; Nettles and
Dziewonski, 2008], which leads to two potential interpre-
tations: the enhancement of lattice preferred orientations
(LPO) in the LVZ [e.g., Podolefsky et al., 2004; Becker et al.,
2008; Behn et al., 2009], or the presence of pockets or layers
of partial melt under shear stress [e.g., Schlue and Knopoff,
1976; Kawakatsu et al., 2009]. As far as radial anisotropy is
concerned, the usage of body waves is not so effective, as the
velocities of nearly vertical propagation S waves are close to
that of VSV that Rayleigh waves are sensitive [e.g., Takeuchi
and Saito, 1972]. It is, therefore, essential to analyze Love
waves to determine the VSH structure.

[5] Surface waves with periods shorter than 40 s are sen-
sitive to the structure at depths shallower than 50–100 km
and important for examining not only the shallow structure
but also radial anisotropy at depths of �100 km through the
depth tradeoff [Bozdag and Trampert, 2008]. However, over
this period range, a seismometer array is required for pre-
cisely measuring phase velocities by estimating the effects
of ray bending and multipathing [Forsyth and Li, 2005].
Such an array is also useful for the ambient noise cross-
correlation analysis that extracts the background surface
waves in a period range of microseisms [e.g., Aki, 1957;
Shapiro and Campillo, 2004; Bensen et al., 2008; Nishida
et al., 2008].

[6] Seismometer array records have been extensively ana-
lyzed in the East Pacific Rise (EPR) region, where many
ocean bottom seismometers (OBSs) have been deployed.
For example, Dunn and Forsyth [2003] measured the
phase velocity of fundamental-mode Love waves at peri-
ods of 4–17 s using local seismic events and obtained a
two-dimensional VSH structure. Forsyth and Li [2005] and
Weeraratne et al. [2007] measured the phase velocity of
fundamental-mode Rayleigh waves at periods of 18–100 s
using teleseismic events and obtained a three-dimensional
VSV structure that included azimuthal anisotropy. Harmon
et al. [2007] and Yao et al. [2011] also analyzed both
fundamental-mode and first higher-mode Rayleigh waves at
periods of 2–30 s by applying the noise correlation method
to OBS records. By using phase velocities of Rayleigh waves
measured from teleseismic waveforms at longer periods,
Harmon et al. [2007] and Yao et al. [2011] obtained a one-
dimensional structure of VSV from the crust to a depth of
�100 km with a depth resolution that was much higher than
that in global tomographic studies.

[7] What is now desired and possible by using the state-
of-the-art OBS array is to analyze both Rayleigh and
Love waves simultaneously in a broadband period range of

�10–100 s to constrain the in situ uppermost mantle struc-
ture including radial anisotropy with the depth resolution
sufficient to discuss the origin of the LVZ. For the purpose
of this study, we analyze records from the broadband OBS
array deployed in the Shikoku Basin (SB) in the Philippine
Sea region [Shiobara et al., 2009]. This offers one of the
best quality OBS data sets (e.g., long-period Love waves
are well-observed for moderate size earthquakes [Isse et al.,
2010]), nevertheless, the high noise level of OBS measure-
ments still makes the analyses difficult. Therefore, we first
develop techniques to deal with such noisy data for broad-
band dispersion analyses and then solve for an in situ local
average property beneath the array. With the currently avail-
able data set, we only solve for the radial anisotropy but
not for the azimuthal one nor for their lateral variations,
which are left for the future work with denser and/or large
scale arrays.

2. Study Area and Data
[8] During the Stagnant Slab Project, broadband OBSs

(BBOBSs) [Kanazawa et al., 2009] were deployed from
2005 to 2008 in and around the Philippine Sea [Shiobara
et al., 2009] (Figure 1). One year observations were repeated
once, twice, or three times at each of the 17 stations. The
BBOBSs were equipped with Guralp CMG-3T sensors with
a flat velocity response from 0.02 to 360 s. The noise spectra
of a BBOBS shown in Figure 1 suggest that the noise level
of the vertical component is comparable to that of on-land
records, but the noise level of the horizontal component is
higher. Given that the noise level strongly depends on the
site, the component, and the observation period, the employ-
ment of proper methods of seismic data analysis appears to
be essential.

[9] Nakamura and Shibutani [1998] first performed
regional surface-wave tomography for obtaining three-
dimensional VSV structure beneath the Philippine Sea region.
Isse et al. [2009] used BBOBS records as well as on-land
records and improved the lateral resolution of the VSV struc-
ture. Their study revealed three strong, slow anomalies in
the mantle wedge along the Izu-Bonin (Ogasawara)-Mariana
arc (IBM). Isse et al. [2010] also identified azimuthally
and radially anisotropic structure in the same region, and
showed that the fast direction of azimuthal anisotropy is con-
sistent with ancient seafloor spreading at depths shallower
than 100 km and with the current plate motion at greater
depths. However, these previous studies only analyzed sur-
face waves at periods longer than 30 s and, as such, the depth
resolution of their obtained structures at shallow depths
is limited.

[10] In the present study, we focused on obtaining a
robust one-dimensional structure in order to compare with
thermal models for oceanic basins to discuss the origin of
the LVZ. The arrays of BBOBSs were deployed in the SB
(seven stations) and Pacific Basin (five stations). We only
used data from the SB, as the data from the Pacific Basin are
not suited for our analysis due to high noise levels. The SB
is a back-arc basin in the northeastern part of the Philippine
Sea Plate that formed at 15–30 Ma [Okino et al., 1999], and
is surrounded by the Nankai Trough, IBM, Kyusyu–Palau
ridge, and Parece–Vela basin. The Pacific Plate is subducting
beneath the Philippine Sea Plate, whereas the Philippine Sea
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Figure 1. (top) Topographic map and BBOBS stations of the Stagnant Slab Project (triangles). Open
triangles show stations in the SB used in this study. IBM, Izu–Bonin–Mariana arc; KPR, Kyushu–Palau
ridge; NT, Nankai Trough; PB, Pacific Basin; PV, Parece–Vela basin; SB, Shikoku Basin. (bottom) Colors
show the probability density of acceleration power spectrum density (PSD) of vertical (Z) and horizontal
(H1 and H2) components at a typical station normalized to the maximum probability density. The gray
lines show New Low and High Noise Models [Peterson, 1993].

Plate itself is subducting beneath southwest Japan. Although
the tectonic setting of the SB is complicated, the uppermost
mantle structure beneath the SB is expected to be similar to
that in other oceanic basins, as the SB has normal oceanic
crust [Nishizawa et al., 2011].

3. Phase Velocity Measurements
[11] We used the two array analysis methods for mea-

suring broadband phase velocities of Rayleigh and Love
waves (Table 1). Noise correlation analysis was conducted
at periods of 7–29 s and teleseismic waveform array analy-
sis was undertaken at periods of 29–117 s. In applying both
methods, we assume that the effects of lateral heterogene-
ity and azimuthal anisotropy are small, and measure average

phase velocities within seismic array in order to constrain
the average structure beneath the SB.

3.1. Uniqueness of Surface Waves in Oceanic Regions
[12] Before describing the phase velocity measurements,

we summarize the nature of surface wave dispersions and
their sensitivity to the mantle structure in oceanic regions.
The sensitivity of phase velocity (c) at a period of T to a
parameter p at a depth of z, Kp(z, T), is defined as follows:

�c(T)
c(T)

=
Z "X

p
Kp(z, T)

�p(z)
p(z)

#
dz, (1)

where �c is the perturbation of the phase velocity when �p
is added to the parameter p. Figure 2 shows phase velocities

Table 1. Summary of Phase Velocity Measurements

Noise Correlation Analysis Teleseismic Waveform Analysis

Component (� ) vertical (Z) radial (R) transverse (T) vertical (Z’) transverse (T’)
Wave type Rayleigh Rayleigh Love Rayleigh Love
Mode fundamental 1st higher fundamental fundamental fundamental
Period 14–29 s 7–11 s 7–20 s 29–117 s 29–59 s
Numbera (9,15,6) (6,9,6) (6,9,6) 137 29
Numberb 4 5 7 7 3
Numberc 6 5 10 10 6

aNumbers of pairs for the first, second, and third years during the observation period for noise-correlation analysis. Numbers of events for teleseismic
waveform array analysis.
bNumbers of spline functions used for measuring phase velocities.
cNumbers of measurements used for structural inversion.
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Figure 2. (a) Phase velocities of the fundamental (0th) and first higher modes of surface waves for the
modified PREM. The sudden phase velocity decrease marked by ellipse corresponds to the transition of
modal energy from solid to ocean. (b, c) Sensitivities of phase velocities to P wave and S wave velocities
(K˛ and Kˇ , respectively). The two lines in each panel show the depths of the seafloor and Moho.

and their sensitivities to P and S wave velocities for a
model based on PREM [Dziewonski and Anderson, 1981],
where the thickness of the ocean is changed from 3.0 to 4.6
km, and the thickness of the crust is reduced from 22 to 6
km. We used the Fortran package DISPER80 [Saito, 1988]
with the physical dispersion [Kanamori and Anderson,
1977] to calculate the phase velocities of Rayleigh and
Love waves from eigenperiods of spheroidal and toroidal
modes, respectively.

[13] The difference between oceanic and continental
regions is reflected in the sudden decrease of phase velocity
for fundamental-mode Rayleigh waves at a period of �14 s.
This decrease corresponds to the transition of modal energy
from the solid to the ocean, and the period of the phase
velocity drop is related to the ocean depth [Ewing et al.,
1957]. At shorter periods, the fundamental-mode Rayleigh
wave has sensitivity to S wave velocity in the crust, but the
sensitivity to S wave velocity (Figure 2c) is smaller than that
to P wave velocity in the ocean (Figure 2b). In contrast, the
first higher-mode Rayleigh wave in oceanic model corre-
sponds to a fundamental-mode wave in an ocean-free model.
Both modes need to be considered and analyzed to obtain
the VSV structure in the uppermost mantle. Yao et al. [2011]
referred to these waves as Scholte-Rayleigh waves by con-
sidering them to be related to the presence of a fluid-solid
interface. For the sake of simplicity, in this paper we refer to
these waves as Rayleigh waves.

3.2. Noise Correlation Analysis
[14] At periods shorter than 29 s, we extracted the back-

ground surface wave propagation between pairs of stations

by cross-correlating continuous records of ambient noise
[Aki, 1957]. Processing was performed in the frequency
domain. The whole data set was first divided into segments
of 1638 s with overlaps of 819 s. After discarding any seg-
ments containing earthquake signals, a Fourier spectrum
(fj,� (!)) was calculated for each segment, where j is the
station number, � is the type of component, and ! is the
angular frequency. We used three types of components: ver-
tical (�=Z), radial (�=R), and transverse (�=T). For each
observation period (1 year), we then took ensemble averages
of the cross spectrum (S raw

i,� (!)) between ith pairs of stations
(jth and kth stations) as follows:

S raw
i,� (!) =

˝
wi,� (!) � fj,� (!) � f *

k,� (!)
˛

˝
wi,� (!)

˛ , (2)

where wi,� is a weighting term obtained by

wi,� =
1

| Qfj,� |
�

1
| Qfk,� |

. (3)

The normalized amplitude is | Qfj,Z| = | fj,Z| for the vertical
component and | Qfj,T| = | Qfj,R| =

p
(| fj,T|2 + | fj,R|2)/2 for the two

horizontal components. The definition of cross spectrum in
equation (2) is similar to the conventional definition of cross
spectrum:

S raw
i,� (!) =

*
fj,�

| Qfj,� |
�

f *
k,�

| Qfk,� |

+
=
˝
wi,� � fj,� � f *

k,�
˛
, (4)

which is called spectrum normalization or whitening
[Bensen et al., 2007]. If the continuous records only con-
tain signals (background surface waves), then the spectrum
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Figure 3. CCFs with (top) 12–25 s and (bottom) 6–12 s band-pass filters. Solid and broken gray lines
mark the fundamental mode and first higher mode, respectively. We multiplied each cross spectrum
by

˝
wi,� (!)

˛
before calculating the CCF for reducing the CCF amplitude with large uncertainties

(Appendix A). The amplitude of the two horizontal components (6–12 s) is exaggerated by a factor of 3
as compared with the vertical component.

normalization is equivalent to the deconvolution of source
spectrum [Nakahara, 2006]. If the noise level is much
higher than the signal level, as is the case with the BBOBS
records used in this study, then the amplitude of each Fourier
spectrum reflects the noise level. In this latter case, the nor-
malization is not equivalent to the source deconvolution,
but simply suppresses the contribution of noisy data. When
we use equation (4), however, the amplitude of the cross
spectrum becomes smaller for the pair of stations with the
higher noise levels. We therefore use equation (2) to com-
pensate for the effect of weighting. The uncertainty of a cross
spectrum is proportional to

˝
wi,�

˛–1, which is approximately
equal to the product of noise levels at jth and kth stations
(Appendix A).

[15] Figure 3 shows cross-correlation functions (CCFs)
or inverse-Fourier transformed cross spectra for two period
ranges. Multiple modes of surface waves can be recog-
nized in each component: (1) fundamental-mode Rayleigh
waves (6–25 s) in vertical components; (2) both first higher-
mode (6–12 s) and fundamental-mode (6–25 s) Rayleigh
waves in radial components; and (3) fundamental-mode
Love waves (6–25 s) in transverse components. We applied
a group-velocity filter to each CCF to extract major modes
(Table 1) while suppressing noise and a minor fundamental-
mode Rayleigh wave in radial components at periods of
6–12 s. The fundamental-mode Rayleigh wave at periods
shorter than 14 s was not analyzed, as it mainly rep-
resents the P wave velocity in the ocean (Figure 2b).
Although each CCF reflects the structure between a sta-
tion pair under the assumption of homogeneous source
distribution [e.g., Tromp et al., 2010; Nishida, 2011], the
signal-to-noise ratio of a CCF does not allow individual

phase velocities to be determined, particularly for horizontal
components.

[16] Therefore, we measured the average phase velocity
in the area of the array using the spatial auto-correlation
method of Aki [1957]. Assuming a laterally homogeneous
structure and a homogenous source distribution, the cross
spectrum for the vertical component (�=Z) is given by

S the
i,� (!, c, a) = aJ0

�
!di

c

�
, (5)

where a(� 0) is a constant indicating the source intensity,
J0 is the 0th Bessel function, di is the distance between
stations in the ith station pair, and c is the phase velocity.
For a wavelength much shorter than the interstation dis-
tance (c/! << di), we can ignore transverse components of
Rayleigh waves and radial components of Love waves. The
cross spectrum for the horizontal components (�=R,T) is
then given by

S the
i,� (!, c, a) = a

�
J0

�
!di

c

�
– J1

�
!di

c

�
/
�
!di

c

��
, (6)

where J1 is the 1st Bessel function.
[17] Using equation (5) and (6), we determined the

average phase velocity in the area of the array in two steps.
In the first step, we estimated the source intensity (a =
aopt
� (!, c)) that minimizes the misfit between the data and

prediction:

F� (!, c, a) =
X

i

˝
wi,�

˛2 hSdata
i,� – Sthe

i,�

i2
, (7)

with the least squares method for each angular frequency
(!) and assumed phase velocity (c). As the imaginary parts
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malized by the theoretical value at 0 km. Figure 4a (top) shows the vertical component for T = 20 s and
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fit between the data and theoretical equation as a function of T and c. We measured phase velocities in
the signal marked by the solid ellipses. The phase velocities of the fundamental-mode Rayleigh wave are
shown as a broken ellipse in the radial components but are not used in this study.

of the cross spectra (time-asymmetric components) mainly
reflect a non-isotropic source distribution [e.g., Ekström
et al., 2009; Weaver et al., 2009], we used the real parts
of the cross spectra after group velocity filtering in the
time domain as the data Sdata

i,� (!). The weighting term
(
˝
wi,�

˛2) accounts for the difference in data uncertainties
(Appendix A). Figure 4a shows examples of fitting for both
vertical and transverse components, and Figure 4b shows
the misfit normalized by the weighted summation of square
of the data (F� (!, c, aopt)/

P
i
˝
wi,�

˛2 [Sdata
i,� ]2), as a function

of period (T = 2� /!) and assumed phase velocity. Given
that the variation in interstation distances is limited, sev-
eral phase velocities can potentially fit the data as shown by
the different curves of high variance reduction in Figure 4b.
We identified appropriate curves (solid ellipses in Figure 4b)
by comparing them with phase velocities for the modified
PREM model (Figure 2a). Although it is possible to rec-
ognize the phase velocities of fundamental-mode Rayleigh
waves at periods of 14–30 s from radial components (dashed
ellipse in Figure 4b), we measured the phase velocities
from vertical components, because the signal-to-noise ratio
is better for vertical components.

[18] In the second step, we expressed the phase velocity
using B-spline functions (gl(!)) and determined coefficients
for each function (pl) by minimizing residuals in a certain
frequency range:

F0� (p) =
X
!

F�
�
!, c(!), aopt

� (!, c(!))
�

, (8)

where p = (p1, p2, � � � ) and c(!) =
P

l plgl(!). Given
the differences in resolution between component types, the

knot interval of the B-spline functions is 0.01 Hz for the
vertical component and 0.02 Hz for the two horizontal com-
ponents. Given this is a nonlinear problem, we used the
simulated annealing method of Ingber [1989] for optimiza-
tion. The measurement error is estimated using the boot-
strap method [Efron, 1979], where 100 dispersion curves
(c1
� (!), c2

� (!), � � � , c100
� (!)) are estimated for each of the 100

bootstrap samples. A bootstrap sample is the aggregate of
station pairs randomly selected from all station pairs allow-
ing for overlaps. We defined the measurement error (cerr

� (!))
as the standard deviation of 100 dispersion curves. Figure 5
shows the optimal phase velocity curve (cobs

� (!)) and the
error range (Nc� (!)˙ cerr

� (!)), where Nc� (!) =
P

l cl
� (!)/100

is the average value taken from the 100 dispersion curves
obtained using the bootstrap method.

[19] In the measurement procedure, we assumed a homo-
geneous source distribution and structure, which may induce
bias to the phase velocity measurements. The CCFs shown in
Figure 3 indicate that the source distribution is anisotropic.
The larger amplitude of the negative lag time as compared
with that of positive lag time indicates that the amplitude of
the source coming from the northwest, west, or southwest is
larger than those coming from the opposite directions. The
effect of heterogeneous source distribution can be evaluated
by expanding the azimuthal dependence of sources by the
Fourier series [Cox, 1973; Weaver et al., 2009]. We removed
the effect of Fourier components with odd orders by only
using the real component of each cross spectrum [Ekström
et al., 2009; Weaver et al., 2009]. We minimized the effect of
Fourier components with even orders by using station pairs
with different azimuths [Nakahara, 2006]. We also consider
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the effect of inhomogeneous structure to be small, given that
the wavelength is shorter than the interstation distances [Yao
and van der Hilst, 2009]. In addition, our estimation of mea-
surement error includes the uncertainty related to the lateral
heterogeneity within the array because each CCF mainly
reflects structure between the stations, and we estimated
the error by randomly selecting CCFs. If the structure and
the source of ambient noise were laterally homogeneous,
the measurement error only reflects the effect of noise in
CCFs and becomes smaller than the values estimated in
this study.

[20] The period range of precise phase velocity measure-
ments is limited to 7–29 s for Rayleigh waves and 7–20 s for
Love waves due to the lower signal-to-noise ratio of CCFs
at shorter and longer periods. At shorter periods, the signal
may be reduced by scattering due to lateral heterogeneity in
the crust beneath the SB [Nishizawa et al., 2011], whereas
the signal-to-noise ratio at longer periods is low due to the
high noise levels of the BBOBSs (Figure 1). Therefore, at
long periods, we used surface waves originating from large
teleseismic events.

3.3. Teleseismic Waveform Array Analysis
[21] At periods longer than 29 s, we measured phase

velocities of surface waves derived from teleseismic events
with moment magnitudes larger than Mw 5.5, focal depths
shallower than 200 km, and great-circle distances greater
than 3000 km. Although the effect of multipathing is small
in this long period range [Forsyth and Li, 2005], the effect
of ray bending cannot be neglected. We corrected for the
effects of ray bending by determining the back azimuth of
incoming surface waves using the array of BBOBSs. For
each event E, we selected 819 s long surface wave records
with signal-to-noise ratios higher than 10. The signal ampli-
tude was estimated from the peak of the envelope function,
and the noise amplitude was estimated from the root mean
square amplitude of 800 s-long records 2 h after the origin
time of the event. Figure 6 shows an example of Love wave
propagation recorded by the BBOBSs.

[22] We measured average phase velocities using these
waveforms with a two-step method. First, we estimated the
phase velocity (c =

P
l plgl(!)) and the perturbation of inci-

dent direction from the great circle (� =
P

l qlgl(!)) for each

component (� ) and each event (E) by maximizing the aver-
age of cross-correlation coefficients (A) defined as follows:

AE
� (p, q) =

1
NE
�

NE
�X

i=1

P
! Re[fj,� � f *

k,� � ei��i(!,c,� )]qP
! |fj,� |2

qP
! |fk,� |2

, (9)

where Re is the real component, fj,� (!) is the Fourier spec-
trum for the jth station, NE

� is the number of station pairs,
and gl(!) is a lth B-spline function. The phase difference
between the ith pair of the stations (jth and kth stations),
��i, is estimated using the coordinate system proposed by
Forsyth and Li [2005] with that assuming a propagation of
one plane wave in local coordinates (x, y), where x = x0 – x00,
and x0 is the great circle distance between source and point,
x00 is the great circle distance between source and reference
station, and y is the small circle distance from the point to
the great circle connecting the source and the reference sta-
tion. In this coordinate system, the phase difference between
the ith pair of stations is given by

��i(!, c, � ) =
!(rj – rk)

c
, (10)

where rj =
q

x2
j + y2

j cos(tan–1 yj/xj – � ), and (xj, yj) are
the coordinates of the jth station. Using equations (9)
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Figure 6. An example of teleseismic Love wave propaga-
tion at periods of 29–59 s recorded by BBOBSs for an event
with a moment magnitude of 7.3 that occurred at 12:46 on
9 April 2008 (UT). Dashed lines mark the time interval used
for analysis.
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and (10), we obtain the optimal phase velocity (c = cE
� =P

l pE
l,�gl(!)) and optimal incident direction (� = �E

� =P
l qE

l,�gl(!)) for each component (� ) and each event (E).
We selected events whose average cross-correlation coeffi-
cient (AE

� (pE
� , qE

� )) was larger than 0.7 for the next step.
[23] In the second step, we searched for the optimal phase

velocity curve (c� (!) =
P

l plgl(!)) that maximized the
summation of cross-correlation coefficients:

Aall
� (p) =

X
E

N E
�AE
�

�
p, qE

�

	
(11)

where the incident direction is fixed by the optimal value
for each event (�E

� =
P

l qE
l gl(!)) obtained in the first

step. Figure 5 shows phase velocities of fundamental-mode
Rayleigh and Love waves obtained from the vertical (� = Z0)
and transverse (� = T0) components, respectively. The num-
ber of available events for Love waves (n = 29) is smaller
than that for Rayleigh waves (n = 137) due to the higher
noise level of the horizontal-component records. Figure 5
also shows the range of errors estimated by the bootstrap
method, where the bootstrap sample was constructed using
a randomly selected aggregate of events that allowed over-
laps. The errors for Rayleigh waves are much smaller than
those for Love waves. The phase velocity of Rayleigh waves
at a period of 29 s is consistent with that determined by the
noise correlation analysis.

4. 1-D Structural Inversion
[24] Using the phase velocities determined in the previ-

ous section, we investigated the one-dimensional radially
anisotropic structure beneath the SB.

4.1. Model Parameters
[25] Radially anisotropic media can be described by eight

parameters: density, attenuation coefficients for P and S
waves, P wave velocity (VPH), S wave velocity (VSV), and
three anisotropic parameters (� = V2

PV/V2
PH, � = V2

SH/V2
SV,

and �) [e.g., Takeuchi and Saito, 1972]. VPV and VPH denote
the velocities of vertically and horizontally propagating P
waves, respectively, and VSV and VSH are the velocities of
horizontally propagating S waves with vertical and horizon-
tal polarizations, respectively. The parameter � affects the
velocities of P and S waves with incident angles between 0ı
and 90ı. The phase velocities of Rayleigh waves are largely
controlled by variations in VSV, with the phase velocities of
Love waves being mainly controlled by variations in VSH.
The phase velocity of a fundamental-mode Love wave has
a high sensitivity to shallow depths even at long periods,
whereas the phase velocity of Rayleigh waves has a high
sensitivity to deeper depths at longer periods (Figure 2c).
The resolution of VSV is thus higher than that of VSH at depths
greater than �50 km.

[26] Therefore, we estimated VSV in each of the 10 layers
from the Moho to a depth of 220 km and estimated S wave
anisotropy (ıV = VSH/VSV – 1) assuming a constant value of
ıV. In addition, we estimated the depth of the ocean and VS
in three crustal layers, assuming no anisotropy in these lay-
ers. Although other parameters have a slight influence on the
phase velocities of Rayleigh and Love waves, independent
estimation of these parameters is difficult. We constrained

Table 2. Variables Used During Modeling of the Initial Structure

Ocean Crust Mantle

Number of Layers 1 3 8

Thickness of layer (km) 4.64 2 2 2 10–70
� (g/cc) 1.02 2.3 2.8 3.1 3.3
VP (km/s) 1.5 3.9 5.6 6.9 7.8
VS (km/s) 0.0 2.0 3.0 3.7 4.5

the P wave velocity (VP = (VPV + VPH)/2) in the man-
tle to be 1.73 times larger than the S wave velocity (VS =
(VSV + VSH)/2) based on results by an experimental study
[Anderson and Bass, 1984] and a refraction survey in NW
Pacific [Shinohara et al., 2008]. Two anisotropic parameters
(� and �) were scaled to the S wave anisotropy (� = (ıV +
1)2). The relationships between the three anisotropic param-
eters have previously been obtained by assuming that LPO
is responsible for the anisotropy [Montagner and Anderson,
1989; Becker et al., 2008]. We obtained a different scaling
by assuming that anisotropy is related to the presence of melt
layers (Appendix B), but the difference between the relation-
ships is small for the intensity of anisotropy (ıV) lower than
10%. We used the scaling given by Gung et al. [2003] based
on the work of Montagner and Anderson [1989] (� = �–1.5

and � = �–2.5), given that is closer to the mean values
determined using the three different relationships. The P
wave velocity and density in the crustal layers were esti-
mated by using their relationship with S wave velocity in the
oceanic crust given by Christensen and Salisbury [1975].
Other parameters are fixed to the PREM model, including
mantle density, attenuation coefficients, and structure deeper
than 220 km [Dziewonski and Anderson, 1981]. Table 2
summarizes the values used in the initial structure.

4.2. Optimization Method and Results
[27] We again used the simulated annealing method to

search for optimal model parameters that led to a small misfit
function. The misfit is defined by

E =

vuutX
� ,!

"
Nc� (!) – csyn

� (!)
cerr
� (!)

#2

/
X
�

N� , (12)

where N� is the number of measurements for the com-
ponent � , Nc� (!) is the bootstrap average of the measured
phase velocity, cerr

� (!) is the error on the phase velocity mea-
surements, and csyn

� (!) is the phase velocity calculated by
DISPER80 [Saito, 1988] using the model parameters. The
frequency interval is constant on a log scale. To reduce the
uncertainty related to the trade-off between adjacent layers,
we introduce a smoothing term to the misfit function and
minimize the summation:

E0 = E + 	svRsv, (13)

Rsv =
N–1X
i=1

�
V i+1

SV – V i
SV
	2 , (14)

where 	sv is a constant, Vi
SV is VSV in the ith layer and N = 10

is the number of layers. We evaluated the model uncertainty
using dispersion curves obtained by the bootstrap method
where 100 dispersion curves (cl

� (!), (l = 1, � � � , 100)) were
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Figure 7. (a) Minimum misfit function (E) and the uncertainty of VSV averaged for 10 layers as a function
of 	sv. (b) Solid lines show our final model (SB-RA10) corresponding to 	sv = 10 at a frequency of 1 Hz.
The depth of 0 km corresponds to the ocean surface. Gray areas show the model uncertainty. Broken lines
show SB-RA100, which is a smoother structure corresponding to 	sv = 100. (c) Phase velocities of SB-
RA10 (thin black line) and measurements (thick red line). (d) Misfit between measurements and phase
velocities of SB-RA10. (e) Misfit between measurements and phase velocities of SB-RA100.

obtained for each component and method (� = Z, R, T, Z0, T0;
Table 1) as described in the previous section. We searched
for the lth model by using the combination of lth dispersion
curves (cl

Z, cl
R, cl

T, cl
Z0 , and cl

T0) in the place of average phase
velocities (Nc� ) in equation (12). For each layer, we then dis-
carded the uppermost and lowermost five values from the
100 values and define this 90% confidence interval range as
the model uncertainty.

[28] Figure 7a shows the misfit function (E) and the
average of VSV uncertainties in 10 layers as a function of
	sv. The misfit function is almost constant for 	sv less than
10, and the uncertainty increases as 	sv decreases. This result
means that the fitting does not improve, but the model uncer-
tainty increases for 	sv less than 10. The optimal 	sv value is
equal to or larger than 10. The solid lines in Figure 7b show
the model corresponding to 	sv = 10 (SB-RA10), the radially
anisotropic structure beneath the SB. The phase velocities of
model SB-RA10 show excellent agreement with the phase
velocity measurements as shown in Figure 7d. However,
we obtain a smoother model (SB-RA100; broken lines in
Figure 7b) if we choose 	sv = 100, but the phase velocities
of model SB-RA100 do not fit the phase velocity measure-
ments as shown in Figure 7e. We therefore chose 	sv = 10 as
the final value and SB-RA10 as our preferred final model.

[29] For model SB-RA10, VSV is 4.5–4.6 km/s at a depth
range of 10–40 km, decreases by 6%–10% over depths of
40–70 km, becomes 4.15–4.25 km/s at depths of 70–110 km,
and slightly increases at greater depths. These results

indicate that a low velocity zone (LVZ) exists at depths
greater than �50 km, and that a high velocity LID exists
at shallower depths. The thickness of the LID is difficult to
define from these results due to a gradual velocity decrease
at depths of 40–70 km. We later consider the depth and
sharpness of the boundary between the LVZ and LID. The
intensity of anisotropy (VSH > VSV) is estimated to be 4%–
5%. While the assumption of constant anisotropy appears
to fit the phase velocity measurements (Figure 7d), we will
also subsequently discuss possible variations of anisotropy
with depth.

5. Discussion
5.1. Broadband Phase Velocity Measurements

[30] We obtained phase velocities of both Rayleigh and
Love waves beneath the SB (7–29 s) by analyzing both ver-
tical and horizontal components of BBOBSs. The use of
the horizontal component is important not only for analyz-
ing Love waves but also for analyzing first higher-mode
Rayleigh waves. The amplitude of the first higher-mode
Rayleigh waves in the vertical component is too small to be
analyzed in our study (Figure 3), though that in the radial
component is large enough to be analyzed. In contrast, both
fundamental and first higher modes are clearly observed in
the vertical component in EPR regions [Harmon et al., 2007;
Yao et al., 2011]. These differences in vertical components
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may be reflecting the difference between shallow structures
such as the velocity and thickness of shallow crustal layers
[e.g., Tanimoto and Alvizuri, 2006]. For more detailed dis-
cussion, we need to consider the excitation of two modes and
the sensitivity of amplitude ratio to the structure in oceanic
regions, which is beyond the scope of this study.

[31] At longer periods, we analyzed teleseismic wave-
forms, and obtained phase velocities for both Rayleigh
(29–117 s) and Love (29–59 s) waves. The longest period
of observed Love waves is longer in our study than in
previous studies [e.g., Dunn and Forsyth, 2003] probably
because horizontal components of our BBOBS instruments
have lower noise level.

5.2. Comparison With Previous Models
[32] We obtained a one-dimensional radially anisotropic

structure for the uppermost mantle using average phase
velocities of surface waves in the array area. One-
dimensional structure can be considered as the lateral
and azimuthal average of the three-dimensional anisotropic
structure [Dziewonski and Anderson, 1981]. Although
the trade-off between lateral heterogeneity and azimuthal
anisotropy usually exists, the trade-off between lateral het-
erogeneity and radial anisotropy only exists when the cou-
pling between Rayleigh and Love waves occurs due to the
presence of azimuthal anisotropy [Kawasaki and Koketsu,
1990]. For the surface waves analyzed in this study, cou-
pling may occur between first higher-mode Rayleigh and
fundamental-mode Love waves at periods of 7–9 s, where
the phase and group velocities of these waves are sim-
ilar. However, in the SB region the effect of coupling
is expected to be small because the absence of strong
Pn anisotropy [Nishizawa et al., 2011] implies that little
azimuthal anisotropy exists at depths shallower than 30 km,
where surface waves at periods of 7–9 s are sensitive to S
wave velocity. Therefore, our structural model most likely
represents an azimuthal average of the three-dimensional
structure beneath the SB.

[33] The presence of crustal heterogeneity in the SB may
lead to an incorrect interpretation of the crustal and upper-
most mantle structure at depths shallower than �20 km.
Although we simply assumed a crustal thickness of 6 km
during the structural inversion, the thickness in the SB deter-
mined by refraction surveys is not constant, varying in the
range of 4.0–7.5 km, apart from sites of small seamounts that
have a crustal thickness of up to 15 km [Nishizawa et al.,
2011]. The structure we obtained at depths shallower than
20 km is therefore influenced by both crustal and uppermost
mantle structures and needs to be considered with caution.
As we are interested in the structure related to LID and
LVZ in this study, we mainly interpret the uppermost mantle
structure at depths deeper than 20 km. It should be, however,
noted that our estimation of P wave velocity just below the
Moho, 7.8–8.0 km/s, is almost consistent with the Pn veloc-
ity estimated by refraction survey, 7.9–8.1 km/s [Nishizawa
et al., 2011].

[34] The presence of lateral heterogeneity in the upper-
most mantle around the SB may also cause an incorrect
structural interpretation. Isse et al. [2009] found three slow
velocity anomalies in the mantle wedge along the IBM arc at
depths of �50–100 km. The northernmost anomaly is sited
beneath the northeastern-most station used in this study,

and may affect the average phase velocities in the SB. This
effect is, however, expected to be small as the phase veloc-
ities obtained from five stations in the southern part of SB
are consistent (within the error bar) with the phase veloci-
ties obtained from seven stations. At depths greater than 100
km, the presence of the subducting Pacific Plate cannot be
neglected as shown in the three-dimensional model of Isse
et al. [2009]. As such, we avoid comparing structural models
at this depth range with thermal models for oceanic basins.

[35] Our final model SB-RA10 shows strong vertical vari-
ation (Figure 7b). VSV is greater than 4.5 km/s at depths of
10–40 km, and less than 4.3 km/s at depths of 60–150 km.
Isse et al. [2010] previously obtained a three-dimensional
model in the Philippine Sea region, including azimuthal
and radial anisotropy, using fundamental-mode Rayleigh
and Love waves at periods of 40–167 s. The period range
of Isse et al. [2010] is longer than that of our study, and
they obtained a smoother VSV model beneath the SB, with
an almost constant value of 4.3–4.4 km/s at depths of
10–220 km. We compared the phase velocities given by our
structural model and that of Isse et al. [2010]. While the dif-
ferences are less than 1% for fundamental-mode Rayleigh
waves at periods longer than 30 s, the differences are
2%–4% for fundamental-mode and first higher-mode
Rayleigh waves at shorter periods. This suggests that we
need to use phase velocities at periods shorter than 30 s for
determining which structural model is closest to the actual
structure. The phase velocities measured in this study sug-
gest that our model is more representative of the actual
structure. The VSH structure obtained in this study is also dif-
ferent from that of Isse et al. [2010]. Our model has VSH
higher than 4.7 km/s at depths of 10–40 km, and lower than
4.5 km/s at greater depths, whereas the model of Isse et al.
[2010] has an almost constant VSH of 4.4–4.6 km/s. This
discrepancy reflects differences in the phase velocities of
fundamental-mode Love waves. The phase velocity obtained
in this study is �2%–3% higher than the value obtained
by Isse et al. [2010], which we attribute to damping and
smoothing related effects in their analysis.

5.3. LID, LVZ, and the Transition Zone
[36] Since the discovery of the LVZ in the 1950s [Press,

1959], the presence of an overlying LID with a constant
velocity has been assumed in structural inversions of surface
waves to resolve the LVZ beneath oceanic basins [e.g., Leeds
et al., 1974; Schlue and Knopoff, 1976]. In this study, by
conducting broadband surface wave analysis, we obtained a
similar structure (SB-RA10; Figure 7b), even when main-
taining a uniform structure by introducing a smoothing
parameter. This indicates that in situ broadband surface wave
dispersion studies utilizing BBOBSs effectively constrain
the uppermost mantle structure beneath the oceanic basins
related to plate tectonics.

[37] The thickness of the LID is difficult to quantify due
to the gradual transition from the LID to LVZ at depths of
40–70 km. We therefore estimated the possible range of the
depth and thickness of the LID-LVZ transition zone (LLTZ).
In addition, we estimated the velocity gradient in the LID
because the almost constant velocity gradient in our final
model (Figure 7b) is inconsistent with the negative velocity
gradient predicted from the thermal gradient in the upper-
most mantle [e.g., Shapiro and Ritzwoller, 2004; Faul and
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Figure 8. (a) A structure with a LID, LVZ, and LLTZ obtained using the bootstrap average of phase
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Jackson, 2005]. We also separately estimated the intensity
of radial anisotropy in the LID and LVZ to examine possible
differences in radial anisotropy. For estimating these param-
eters, we describe the uppermost mantle structure with seven
parameters: center depth and thickness of LLTZ (zc and ız);
average velocity in the LID and LVZ (V LID = (V LID

SV +V LID
SH )/2

and VLVZ = (V LVZ
SV + V LVZ

SH )/2); velocity gradient in the LID
((dV/dz)LID); S wave anisotropy in the LID and LVZ (ıVLID
and ıVLVZ). These values can be used to estimate the velocity
gradient in the LLTZ ((dV/dz)LLTZ). The depth of the ocean
and VSV at depths of 150–220 km are fixed to the values of
model SB-RA10.

[38] Figure 8a shows the structure obtained when we used
the bootstrap average of phase velocity measurement (Nc� )
as data. The uncertainty range of each parameter is fur-
ther estimated by obtaining 100 models where the lth model
is obtained using combinations of lth dispersion curves
(c l

Z, c l
R, c l

T, c l
Z0 , and c l

T0) derived by the bootstrap methods.
Figures 8b–8e show the distribution of 100 models and the
uncertainty range defined by the 90% confidence interval.
The average velocity in the LID is VLID = 4.6–4.7 km/s,
which is �7% higher than that in the LVZ (VLVZ = 4.3–
4.4 km/s) (Figure 8b). The LLTZ exists at a depth of zc =
42–54 km with a thickness (ız) less than 54 km (Figure 8c).
These values are consistent with the G-discontinuity beneath
the northern part of the SB observed by Tonegawa and
Helffrich [2012]. These authors analyzed shear wave reflec-
tions and found a velocity drop greater than 6% at depths of
50–70 km with a thickness less than 10 km.

[39] The velocity gradient in the LID ((dV/dz)LID) is esti-
mated to be –0.1%/km to 0.3%/km, while that in the LLTZ
(–(dV/dz)LLTZ) is 0.1–10 %/km (Figure 8d). To compare the

obtained velocity gradients with thermal models, we pre-
dicted the velocity gradients based on half space cooling
models [e.g., Davis and Lister, 1974] with various combi-
nations of parameters: seafloor age of 15–30 Ma; thermal
diffusivity of 10–6 m2/s; ridge temperature of 1200–1700ıC
[Stein and Stein, 1992]; zc of 45–55 km; ız of 5–40 km.
The temperature gradient in the LID is calculated to be
18–41 K/km. Using temperature and pressure relationships
for polycrystalline olivine [Liu et al., 2005], we predict
that the velocity gradient in the LID is between –0.23 and
–0.09%/km, which lower with a small overlap than the range
estimated from phase velocity measurements. One possible
cause for this difference is crustal heterogeneity in the SB.
Another possible cause relates to the phase transition from
plagioclase peridotite to pyroxene peridotite at depths of
�30 km [Forsyth and Press, 1971] and/or the presence of
orthopyroxene whose pressure and temperature dependence
is different from that of olivine at depths shallower than
�40 km. Stixrude and Lithgow-Bertelloni [2005] solved the
equilibrium equation for a realistic mantle composition and
calculated a velocity model based on the half-space cooling
model. Their model indicates that the effects of the phase
transition and the presence of orthopyroxene is difficult
to identify from surface-wave velocities, but may produce
velocity gradients in the LID about 0.14 %/km higher than
the pure olivine model. The velocity gradient of a realistic
mantle model is then between –0.09 and 0.05%/km, which
is at the lower end of the 90% confidence interval estimated
from our surface-wave velocities.

[40] In contrast, the temperature gradient in the LLTZ
is estimated to be 8–20 K/km from the half space cool-
ing models. The corresponding velocity gradient is then
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–(dV/dz)LLTZ = 0.02–0.10 %/km (Figure 8d). If we use
more realistic values of the ridge temperature, 1300–1500ıC
[Anderson, 2000], then the gradient is between 0.025 and
0.085%/km. If we consider the realistic mantle composition
[Stixrude and Lithgow-Bertelloni, 2005], the phase transi-
tion from orthopyroxene and spinel to garnet at a depth of
�60 km may decrease the gradient of thermal models. All
these cases suggest that the observed velocity gradient is
higher than the values predicted from the thermal models.
We need to invoke mechanisms for producing this veloc-
ity reduction in the LLTZ in addition to the thermal effect,
such as decreasing grain size [Faul and Jackson, 2005], par-
tial melting [Anderson and Sammis, 1970; Kawakatsu et
al., 2009], or the presence of water [Karato, 2012] in the
LVZ. The sharp velocity decrease observed by Tonegawa
and Helffrich [2012] may require mechanisms such as par-
tial melting or the presence of water. Baba et al. [2010]
also found a conductivity increase at a depth of �50 km
beneath the SB, and attributed it to the existence of water
and/or partial melt at depths of 40–80 km. For any of these
mechanisms, the viscosity within the LID is expected to
be higher than that in the LVZ [Fischer et al., 2010]. We
therefore interpret the LID to be the lithosphere, the LVZ to
be the asthenosphere, and the LLTZ to be the lithosphere-
asthenosphere boundary (LAB) region.

5.4. Possible Depth Changes in Radial Anisotropy
[41] Our final model (SB-RA10) shows that VSH is

4%–5% larger than VSV. This type of radial anisotropy is
conventionally interpreted to be due to olivine LPO and/or
the presence of thin layers or pockets of melt. During hor-
izontal shearing, the fast axes (a-axes) of olivine crystals
align along the horizontal flow direction and/or the slow
axes (b-axes) align vertically, leading to the azimuthal aver-
age of VSH becoming faster than VSV [Estey and Douglas,
1986]. Some studies have concluded that the presence of thin
layers or pockets of partial melt cause radial anisotropy at
wavelengths longer than the structure [e.g., Backus, 1962;
Forsyth, 1975; Schlue and Knopoff, 1976]. Although the
melt distribution tends to dip from the horizontal slip plane
under shear stress in laboratory experiments, melt can con-
centrate along the slip plane if the olivine b-planes are
aligned along the slip plane due to the formation of LPO
[Kohlstedt and Zimmerman, 1996].

[42] For several decades, a number of investigations have
focused on examining vertical variations in radial anisotropy
[e.g., Schlue and Knopoff, 1976; Cara and Lévêque, 1988].
Although we attempted to determine the depth dependence
of radial anisotropy using broadband surface waves, a struc-
ture with constant anisotropy can almost completely explain
the phase velocity measurements (Figure 7d). Amplitude
difference of anisotropy in the LID and LVZ is difficult to
estimate due to a tradeoff between the two parameters as
evidenced by the negative trend in Figure 8e. However, the
distribution of anisotropy in the LID and LVZ indicates the
possibility of greater anisotropy in the LVZ than in the LID.
The uncertainty range of ıVLVZ – ıVLID is –1% to 4%. This
result is consistent with the large radial anisotropy identified
within the LVZ beneath oceanic basins by tomographic stud-
ies [Ekström and Dziewonski, 1998; Nettles and Dziewonski,
2008]. The stronger radial anisotropy in the LVZ can be
interpreted to result from the presence of thin layers or

pockets of partial melt in the asthenosphere [Schlue and
Knopoff, 1976; Kawakatsu et al., 2009], or by enhanced LPO
due to strain accumulation in the asthenosphere [Podolefsky
et al., 2004; Becker et al., 2008; Behn et al., 2009]. How-
ever, in order to determine the change of radial anisotropy
at depths shallower than 100 km, we need to analyze the
first higher-mode Love wave at periods shorter than 25 s as
indicated by the sensitivity kernel in Figure 2c.

6. Conclusions
[43] Using three-component data recorded by seven

BBOBSs, we have measured broad period range (7–117 s)
Rayleigh and Love wave phase-velocities beneath the SB
by noise correlation (< 29 s) and teleseismic surface wave
array analysis (> 29 s) (Table 1). This has enabled us to
determine the one-dimensional radially anisotropic structure
beneath the SB. This structural model has identified the LID
at depths shallower than 40 km and the LVZ at depths greater
than 70 km. Differences in S wave velocities of � 6%–
10% between the LID and LVZ indicate that they correspond
to the lithosphere and asthenosphere, respectively. We also
obtained the radial anisotropy with VSH found to be 4%–5%
higher than VSV. Although a constant intensity of the radial
anisotropy can fit the measured phase velocities, the inten-
sity of radial anisotropy in the LVZ may be higher than that
in the LID.

Appendix A: Uncertainties of the Cross Spectra
[44] The propagation of surface waves can be obtained

by cross-correlating continuous records of ambient noise
[Shapiro and Campillo, 2004], which contain both signal
(background surface waves) and noise components. The
noise is produced by local phenomena such as oceanic cur-
rents, and is incoherent with other stations. The noise level of
the BBOBS record used in this study is higher than the sig-
nal level and depends on the site and observation period. The
uncertainty of a cross spectrum is expected to be higher for
a pair of stations with higher noise levels. We evaluated the
uncertainty by expressing the Fourier spectrum of each seg-
ment (fj,� (!)) as a summation of signal (sj,� (!)) and noise
(nj,� (!)). The cross spectrum between the ith pair of stations
(S raw

i,� (!)) obtained by equation (2) can be written as follows:

S raw
i,� =

˝
wi,� � sj,� � s*

k,�
˛

˝
wi,�

˛ +
˝
wi,� � sj,� � n*

k,�
˛

˝
wi,�

˛
+
˝
wi,� � nj,� � s*

k,�
˛

˝
wi,�

˛ +
˝
wi,� � nj,� � n*

k,�
˛

˝
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Figure A1. Variation in site-dependent noise level for each
pair of stations (< wi,� >–1; thin black lines) with the
New Low and High Noise Models [Peterson, 1993] (thick
gray lines).
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Figure B1. Sensitivity of the parameter p to the phase
velocities of fundamental-mode surface waves at a period of
40 s (Kp) for the modified PREM with a crustal thickness of
6 km and a sea depth of 4.6 km.

where wi,� (!) = | Qfj,� |–1 � | Qfk,� |–1 is the weighting term for
reducing the contribution of the segment with a large noise.
When the noise level is much higher than the signal level,
the second and third terms are negligible compared with the
fourth term. In addition, the amplitude of the numerator of
the fourth term is almost one (wi,� �nj,� �n*

k,� � 1) before tak-
ing the ensemble average and becomes approximately 1/

p
N

upon taking the average of N ensembles. The number of
ensembles is N � 1 yr/1638 s�2 � 38, 000, which is almost
constant for all the cross spectra. We therefore obtain

S raw
i,� '

˝
wi,� � sj,� � s*

k,�
˛

˝
wi,�

˛ +
1˝

wi,�
˛O�

1
p

N

�
, (A2)

where the first and second terms are the signal and uncer-
tainty of each cross spectrum, respectively. The signal level
of each cross spectrum is proportional to the source spectrum

(s2), whereas the uncertainty is proportional to
˝
wi,�

˛–1
�

| Qfj,� | � | Qfk,� |, which is the product of noise levels at the jth
and kth stations. Figure A1 shows the actual value of

˝
wi,�

˛–1.
The noise level of one pair of stations differs from others
by up to a factor of 100. The variation in uncertainties of
cross spectra is therefore large. In order to reduce the con-
tribution of cross spectra with large uncertainty, we used a
weighting term during the fitting of each cross spectrum to
the theoretical equation as shown in equation (7).

Appendix B: Anisotropic Parameter Scalings
[45] Eight parameters are used to describe radially

anisotropic media: density (
); two attenuation coefficients;
two velocity parameters; ˛ = VPH and ˇ = VSV; and three
anisotropic parameters (� = N/L = (VSH/VSV)2, � = C/A =
(VPV/VPH)2, and � = F/(A – 2L)) [Takeuchi and Saito, 1972].
Figure B1 shows sensitivity kernels of phase velocities for
each parameter for a model based on PREM [Dziewonski
and Anderson, 1981]. We could not recognize the sensitiv-
ity of Rayleigh waves to � and the sensitivity of Love waves
to ˛, �, and � because they are zero or almost zero. The
most important relationship is that the sensitivity of Rayleigh
waves to � and � are the negative of each other. As a result,
�+� has almost no effect on the phase velocity, whereas �–�
has a minor effect. It is necessary to constrain � – � with an
accuracy of 10% for estimating ˇ and ıV =

p
� – 1 with an

accuracy of 1%.
[46] Montagner and Anderson [1989] first discussed the

correlations between anisotropic parameters when the man-
tle has an LPO. Their results for olivine can be parameter-
ized as follows:

� � �–1.5, � � �–2.5, (B1)
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Figure B2. (a) Anisotropic parameters for a simple melt layering model when b is set to 0.5. (b) Correla-
tion between anisotropic parameters in the simple melt layering model. Each dot indicates a combination
of three anisotropic parameters (a, b, and f ). The fitted curves are shown by solid lines. (c) Correlation
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following Gung et al. [2003]. Becker et al. [2008] also
considered this topic and obtained a different relationship:

� � �–1.4, � � �–2.0, (B2)

by considering a mixture of olivine and enstatite crystals.
These equations show that P wave anisotropy is larger than
S wave anisotropy. However, if radial anisotropy is caused
by the presence of pockets or layers of partial melt, then
the S wave anisotropy should be larger than the P wave
anisotropy, because the velocity reduction caused by melting
is greater for S waves than for P waves. We obtained a new
relationship when anisotropy originates from melt layering.
This calculation is based on a simple melt layering model in
which layers of partial melt are horizontal and thin as com-
pared with the surrounding solid rock layers. Such a model
can be represented using three parameters: (i) the reduction
of rigidity in layers containing partial melt as compared with
the rock layers (a); (ii) the reduction of the bulk modulus
as compared with the reduction in rigidity (b); and (iii) the
thickness of layers containing partial melt as compared with
that of the rock layers (f ). The Poisson ratio is set to 0.25 for
melt-free layers. By varying combinations of these parame-
ters between 0 < a < 1, 0.4 < b < 0.6, and 0 < f < 0.1, we
calculated long wavelength equivalent elastic constants with
the formulation of Backus [1962]. Figure B2a shows three
anisotropic parameters for b = 0.5, and Figure B2b shows
the correlations between these parameters. We scaled these
parameters using the following:

� � �–0.2, � � �–1.7. (B3)

Figure B2c summarizes the relationship between � – � and
� for three scaling relationships. As already noted, it is
necessary to constrain � – � to an accuracy of 10% in order
to obtain ˇ and ıV =

p
� – 1 with an accuracy of 1%. The

scaling method of Gung et al. [2003] is suitable for this pur-
pose because the difference of � – � between the scaling and
other scalings are smaller than 10% (� < 1.2).
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