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Abstract We analyzed seismic ambient noise and teleseismic waveforms of nine broadband ocean
bottom seismometers deployed at a 60 Ma seafloor in the southeastward of Tahiti island, the South Pacific,
by the Tomographic Investigation by seafloor ARray Experiment for the Society hotspot project. We first
obtained one-dimensional shear wave velocity model beneath the array from average phase velocities
of Rayleigh waves at a broadband period range of 5–200 s. The obtained model shows a large velocity
reduction at depths between 40 and 80 km, where the lithosphere-asthenosphere boundary might exist.
We then estimated shear wave azimuthal anisotropy at depths of 20–100 km by measuring azimuthal
dependence of phase velocities of Rayleigh waves. The obtained model shows peak-to-peak intensity of
the azimuthal anisotropy of 2%–4% with the fastest azimuth of NW–SE direction both in the lithosphere
and asthenosphere. This result suggests that the ancient flow frozen in the lithosphere is not perpendicular
to the strike of the ancient mid-ocean ridge but is roughly parallel to the ancient plate motion at depths
of 20–60 km. The fastest azimuths in the current asthenosphere are subparallel to current plate motion
at depths of 60–100 km. Additional shear wave splitting analysis revealed possible perturbations of flow in
the mantle by the hot spot activities and implied the presence of azimuthal anisotropy in the asthenosphere
down to a depth of 190–210 km.

1. Introduction

The deformation in the uppermost mantle causes lattice preferred orientation (LPO) of mantle minerals. For
the case of olivine crystals, the dominant constituent of the upper mantle, the LPO provides strong azimuthal
anisotropy with the fastest axis parallel to the direction of flow [Hess, 1964; Francis, 1969]. Such anisotropy
has been determined by refraction surveys [e.g., Raitt et al., 1969] and surface wave studies [e.g., Tanimoto
and Anderson, 1984]. The surface wave studies have also determined the radial anisotropy, the discrepancy
between velocities of vertically and horizontally polarized S waves (VSV and VSH), by using two types of surface
waves, Rayleigh and Love waves [Aki and Kaminuma, 1963; Forsyth, 1975].

Recent surface wave tomography studies have determined mantle models including radial anisotropy [e.g.,
Nettles and Dziewonski, 2008; French et al., 2013], azimuthal anisotropy [e.g., Montagner, 2002; Debayle and
Ricard, 2013], and low-velocity zone (LVZ) at depths of ∼50–200 km [e.g., Maggi et al., 2006a]. Since the LVZ
and the overlying high-velocity lid most likely correspond to the oceanic asthenosphere and lithosphere
[Revenaugh and Jordan, 1991; Kawakatsu et al., 2009], the oceanic structure including lid, LVZ, and anisotropy
is essential to understand the flow in the uppermost mantle related to motions of oceanic plates. Some parts
of the structure are, however, difficult to determine as described below.

One difficulty is to determine structure in the lid. The refraction survey mainly has resolution to the top∼10 km
of the uppermost mantle. The depth range is not sufficient to image the entire lid, although the isotropic
velocity at deeper depths can be somewhat resolved by taking account into both arrival times and ampli-
tudes of Pn waves [Lizarralde et al., 2004; Gaherty et al., 2004]. On the other hand, surface waves at periods
shorter than ∼30 s have resolution to the lid. Since the wavefield is usually complicated owing to the strong
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heterogeneity at shallow part, we need to analyze array records of ocean bottom seismometers (OBSs) by
methods such as the array analysis of teleseismic surface waves [Forsyth and Li, 2005] and the ambient noise
cross-correlation analysis [Harmon et al., 2007]. We can then obtain the vertical structure from the crust to the
top of the asthenosphere [Harmon et al., 2007; Yao et al., 2011] including radial anisotropy [Takeo et al., 2013].

Another difficulty is to obtain the absolute intensity of seismic anisotropy. Many previous studies have con-
structed mantle anisotropic models using surface waves [Smith et al., 2004; Maggi et al., 2006b; Debayle and
Ricard, 2013; Yuan and Beghein, 2013; Burgos et al., 2014]. For the tomography analysis, however, the intensity
of anisotropy depends on the assumed smoothing or damping parameters especially when the heterogeneity
of azimuthal anisotropy is large such as in the lid [Smith et al., 2004]. To estimate the intensity, we need to
observe the azimuthal dependence of velocity as done by refraction surveys [Raitt et al., 1969] or by surface
wave array analysis in continental region [Alvizuri and Tanimoto, 2011].

Those difficulties have hampered parts of discussion and inferences of previous studies such as the difference
between the causes of seismic anisotropy in the lithosphere and asthenosphere. We need to improve the
vertical and lateral resolutions of azimuthal anisotropy to discuss the cause of seismic anisotropy and finally
deformation process in the uppermost mantle.

In this study, we focus on isotropic and azimuthally anisotropic VSV at a depth range of 10–150 km by analyzing
Rayleigh waves at periods of 5–200 s from the seafloor records in the French Polynesia region. Although radial
anisotropy could not be determined due to the possible interference between fundamental and first higher
modes of Love waves (section 6.5), the azimuthally anisotropic model still has enough resolution to provide
new insights into the oceanic lithosphere and asthenosphere system in the local study area, which was difficult
either by the early surface wave studies in 1970–1980s or by recent tomography studies.

2. Study Area and Data

The data used in this study are the three-component records of nine broadband ocean bottom seismome-
ters (BBOBSs) [Suetsugu and Shiobara, 2014] deployed at the southeast of Tahiti Island in the French Polynesia
region, south Pacific Ocean, by the Tomographic Investigation by seafloor ARray Experiment for the Society
hotspot (TIARES) project [Suetsugu et al., 2012]. The French Polynesia region is characterized by hot spot
islands inside the Pacific Superswell region [McNutt, 1998; Adam and Bonneville, 2005]. Duncan and McDougall
[1976] determined the ages of hot spot islands and revealed their movements after ∼10 Ma. The direction of
motion is parallel to the present-day plate motion (HS3-NUVEL-1) [Gripp and Gordon, 2002]. Schlanger et al.
[1984] determined the movement of older hot spot islands from the youngest Tuamotu islands (∼45 Ma) to
the north (∼90 Ma). The direction of motion is subparallel to the present-day plate motion, reflecting the
change in the motion of Pacific Plate at ∼43 Ma [Lonsdale, 1988].

The BBOBS observation in this region was first conducted from 2003 to 2005 as a Japan-France cooperative
project [Suetsugu et al., 2005] in order to cover the gap in seafloor region remained by another project on
the hot spot islands, the PLUME project [Barruol, 2002]. These projects revealed roots of hot spots by the
local surface wave tomography [Isse et al., 2006; Maggi et al., 2006a, 2006b], flow in the mantle by the shear
wave splitting analysis [Barruol et al., 2009], the structure of the mantle transition zone by a receiver-function
analysis, and the lower mantle by body wave tomography and receiver-function analysis [Suetsugu et al., 2009].
The typical interstation distance of the project was ∼500 km and was too large for the surface wave study at
periods shorter than 30 s.

Nine BBOBSs were later deployed more densely from February 2009 to July 2010 as a part of TIARES project
[Suetsugu et al., 2012] to reveal the mantle structure beneath the Society hot spot, whose volcanic activity
formed the Society islands. The observation area (Figure 1) is not above the active hot spot itself but at the
nearby seafloor in an effort to image the root of hot spot from the lower mantle. The area, thus, lacks lateral
heterogeneity compared to surrounding regions [Isse et al., 2006] and is suitable for this study to obtain struc-
ture within the oceanic lithosphere and asthenosphere. In this study, we basically investigate one-dimensional
structure beneath the array of BBOBSs and additionally discuss the lateral variation. The average seafloor age
is 60 Ma and is older than the seafloor ages of 0–20 Ma for previous array analysis of BBOBSs [Harmon et al.,
2007; Yao et al., 2011; Takeo et al., 2013].
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Figure 1. (a) Map showing nine BBOBS stations of the TIARES project (yellow crosses) and seafloor stations of previous
project (white circles) in the French Polynesia region. (b) Red circles show the epicenters of teleseismic events used in
this study. Star shows the location of the BBOBS array by the TIARES project.

3. Average Phase Velocities and 1-D Isotropic Model

The broadband analysis of surface waves at periods of ∼5–200 s is essential for obtaining uppermost mantle
structure from the crust to a depth of ∼150 km. We first used the ambient noise cross-correlation method to
analyze surface waves at periods of 5–30 s and used the teleseismic surface waves at periods of 30–200 s.
In each analysis, we measured azimuthally and spatially averaged phase velocities of Rayleigh waves to
determine one-dimensional shear wave velocity model beneath the array of nine stations.

3.1. Ambient Noise Cross-Correlation Analysis
At periods shorter than 30 s, we extracted the background surface wave propagation between pairs of stations
by cross-correlating continuous records of ambient noise. We here use the method developed by Takeo et al.
[2014], which is based on the method by Aki [1957]. We first calculated cross-correlation functions (CCFs)
between every pair of stations and components by calculating the cross spectra in the frequency domain and
by taking the inverse Fourier transform. The cross spectrum is defined as

Skl
ij (𝜔) =

⟨Wkl
ij (𝜔) ⋅ (F

k
i (𝜔))

∗ ⋅ Fl
j (𝜔)⟩⟨Wkl

ij (𝜔)⟩ , (1)

where ⟨ ⟩means the ensemble average,𝜔 is angular frequency, and Fk
i is a Fourier spectrum of the component

k record at the ith station with a time window of 2621.44 s. Each time window is half overlapped with the adja-
cent time windows. For discarding earthquake signals automatically, we calculated mean power at 0.03 Hz
for each time window and discarded any time window whose amplitude exceeds 10 times of the amplitude
for the previous time window. With this criterion, 10%–20% of time windows were discarded for each station
and component. The weighting term is given by Wkl

ij (𝜔)=|F̃k
i (𝜔)|−1 ⋅ |F̃l

j (𝜔)|−1. The normalized amplitude is|F̃Z
i |= |FZ

i | for the vertical component, and |F̃T
i |= |F̃R

i |=√
(|FT

i |2 + |FR
i |2)∕2 for the two horizontal components.

The uncertainty of calculated cross spectrum is given by ⟨Wkl
ij ⟩−1 (

N−1∕2
)

, where N is the number of
ensembles [Takeo et al., 2013, Appendix A].

Figures 2 shows CCFs obtained by the inverse Fourier transformation of the cross spectra calculated from the
vertical (k = l = Z, ZZ component), radial (RR), and transverse (TT) components of BBOBS records. The ZZ
and RR component CCFs show the propagation of the fundamental mode Rayleigh wave (0S mode) and the
first higher-mode Rayleigh wave (1S mode), whereas the TT-component CCFs show the propagation of the
Love wave (xT mode). The mode of Love wave could not be identified due to possible interference between
the fundamental mode and the higher mode with very similar group and phase velocities (see more detail
in section 6.5). We excluded the ZZ component CCFs for three pairs from the figure and the analysis because
they showed anomalous signal in addition to the 0S and 1S modes. The anomalous signal seems to reflect
correlations between hourly mechanical noise in the raw records.

TAKEO ET AL. ANISOTROPY BENEATH 60 MA SEAFLOOR 1929



Journal of Geophysical Research: Solid Earth 10.1002/2015JB012429

0

300

600

D
is

ta
nc

e(
km

)

−300 0 300

ZZ (20−30s)

0S

−300 0 300

ZZ (10−20s)

0S

−300 0 300

ZZ (5−10s)

0S1S

0

300

600

D
is

ta
nc

e(
km

)

−300 0 300

RR (20−30s)

0S

−300 0 300

RR (10−20s)

1S

−300 0 300

RR (5−10s)

1S

0

300

600

D
is

ta
nc

e(
km

)

−300 0 300

Lag−time(s)

TT (20−30s)

xT

−300 0 300

Lag−time(s)

TT (10−20s)

xT

−300 0 300

Lag−time(s)

TT (5−10s)

xT

Figure 2. Cross correlation functions as function of interstation distances filtered at 20–30 s, 10–20 s, and 5–10 s. The amplitudes are multiplied by ⟨Wkl
ij ⟩ in the

frequency domain to produce similar noise levels for different pairs of stations. Dashed pink line shows the group velocity of each specified mode at a typical
period for our one-dimensional isotropic model shown in Figure 3b. The modes include the fundamental mode and first higher-mode Rayleigh waves, 0S and 1S.
The TT components show an unknown mode of Love wave, xT .

We then searched average phase velocities and average amplitudes of multimode Rayleigh waves. The model
parameters are phase velocity (cm) and amplitude (akl

m) of each mode (m) in each component (k, l) at each
angular frequency (𝜔). According to the equation by Aki [1957], the synthetic cross spectra, S

′kl
ij , are given by

S
′ZZ
ij = aZZ

0S J0

(
𝜔dij

c0S

)
+ aZZ

1S J0

(
𝜔dij

c1S

)
,

S
′RR
ij = aRR

0S J0−2

(
𝜔dij

c0S

)
+ aRR

1S J0−2

(
𝜔dij

c1S

)
, (2)

where dij is the distance between the ith and the jth stations, Jn is the nth Bessel function of the first kind,
J0−2(x)= J0(x) − J2(x). We expressed phase velocities of mode m as a summation of B-spline functions, gn

m(𝜔),
cm(𝜔) =

∑
n pn

m gn
m(𝜔), determined the values of coefficients, pn

m, and minimized the mean square misfit
between observed and synthetic cross spectra,

L(p) =
∑
𝜔,kl

∑
ij⟨Wkl

ij (𝜔)⟩2
[
ℜe(Skl

ij (𝜔)) − S
′kl
ij (𝜔,p, a)

]2

∑
ij⟨Wkl

ij (𝜔)⟩2
[
ℜe(Skl

ij (𝜔))
]2

, (3)

by the very fast simulated annealing method [Ingber, 1989]: We assumed 40,000 combinations of pn
m, calcu-

lated the optimal amplitude of each mode and each component, akl
m, for each frequency for each assumed

combination of pn
m by the least squares method, and searched for the minimum of the misfit. The unknown
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Figure 3. (a) Average phase velocities of Rayleigh waves obtained from ambient noise (circles) and teleseismic
waveforms (triangles). The error bars for 0S (red) and 1S (blue) modes are very small at almost all periods in this scale
but have values of 0.004–0.2 km/s. Solid curves are the phase velocities corresponding to a model shown in right figure.
(b) Solid line shows one-dimensional smooth VSV model beneath the array of TIARES project for the crustal (Figure 3,
top) and mantle (Figure 3, bottom) parts. Pink areas show the uncertainty. The uncertainty of seafloor depth is ±0.04 km,
which is not shown in the figure due to small value. Dashed lines shows the ORM model [Maggi et al., 2006a]. The depth
of 0 km corresponds to the sea surface.

xT mode can appear in the radial components if the interstation distance is comparable or shorter than the
wavelength [Aki, 1957]. We neglected the Love wave in radial components because the interstation distances
are longer than the wavelength in this study.

The measurement error is estimated using the bootstrap method [Efron, 1979], where 100 dispersion curves
(c1

m(𝜔), c2
m(𝜔), · · · , c100

m (𝜔)) were estimated for each of 100 bootstrap samples. A bootstrap sample is the aggre-
gate of station pairs randomly selected from all station pairs allowing for overlaps. For each component, the
number of CCFs in each bootstrap sample is the same as the number of all CCFs. We defined the error of phase
velocity measurement (Δcm(𝜔)) as one standard deviation of 100 dispersion curves. Figure 3a shows the opti-
mal phase velocity curve and the error range (c̄m(𝜔) ± Δcm(𝜔)), where c̄m(𝜔) is the average value taken from
the 100 dispersion curves.

The period range of precise phase velocity measurements is limited to 5–10 s for the 1S mode and 5–30 s for
the 0S mode. At shorter periods, the signal may be difficult to extract because of lateral heterogeneity in the
crust. At longer periods, the signal-to-noise ratio of CCFs is low due to high noise levels of BBOBSs (see typical
noise level of BBOBS in Suetsugu and Shiobara [2014]).

3.2. Teleseismic Event Array Analysis
At periods longer than 30 s, the phase velocities of Rayleigh waves were measured by using vertical compo-
nents of teleseismic events with moment magnitudes larger than Mw 5.5, focal depths shallower than 200 km,
and great circle distances greater than 3000 km. We first estimated a back azimuth for each event to eliminate
the effect of ray bending from the phase velocity measurements [Forsyth and Li, 2005]. We then measured
average phase velocities by using all the events simultaneously [Takeo et al., 2013].

The first step estimates the phase velocity (cE =
∑

n pn
E gn(𝜔)) and the perturbation of incident direction from

the great circle (𝜃E =
∑

n qn
E gn(𝜔)) for each event (E) by maximizing the average of cross-correlation coefficients

(CE) defined as

CE(p,q) = 1
NE

∑
i,j

∑
𝜔
ℜe

[
Fi ⋅ (Fj)∗ ⋅ eiΔ𝜑ij(𝜔,cE ,𝜃E )

]√∑
𝜔
|Fi|2

√∑
𝜔
|Fj|2

, (4)
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where Fi(𝜔) is the Fourier spectrum of the ith station, NE is the number of station pairs, and gn(𝜔) is a nth
B-spline function. The phase difference between the ith and jth stations, Δ𝜑ij , is estimated by assuming a
propagation of one plane wave in local coordinates [Forsyth and Li, 2005]. Using equation (4), we obtained
the optimal phase velocity and incident direction for each event by the simulated annealing method [Ingber,
1989]. The next step uses events whose average cross-correlation coefficient (CE

(
pE ,qE

)
) larger than 0.7.

In the second step, we searched for the optimal phase velocity curve (c(𝜔)=
∑

n pngn(𝜔)) that maximizes the
summation of cross-correlation coefficients for each mode,

C(p) =
∑

E

NE CE

(
p,qE

)
, (5)

where the incident direction is fixed by the optimal value for each event (𝜃E =
∑

n qn
E gn(𝜔)) obtained in the

first step. Figure 3a shows phase velocities of 0S mode at periods of 30–200 s. The number of available events
was 81 as the epicenters shown in Figure 1b. Figure 3a also shows the range of errors estimated by the boot-
strap method [Efron, 1979], where a bootstrap sample was constructed using a randomly selected aggregate
of events that were allowed overlaps. The phase velocity at a period of about 30 s is consistent with that
determined by the noise correlation analysis.

3.3. 1-D Isotropic Model
The phase velocities of Rayleigh waves measured in this study mainly reflect shear wave velocity (VS) from
the crust to a depth of ∼150 km. In addition, phase velocities of Rayleigh waves at periods of 10–20 s reflect
depth of the ocean. We therefore estimated isotropic VS in each of nine layers from the Moho to a depth of
150 km, isotropic VS in each of three layers in the crust with a total thickness of 7 km, and the seafloor depth.
Since Rayleigh waves mainly reflect VSV [Takeuchi and Saito, 1972], the isotropic VS of obtained model also
reflects VSV. The detail of assumptions for the crustal structure is as same as those well described in Takeo et al.
[2013]: (i) P wave velocity (VP) in the mantle is constrained to be 1.73 times larger than VS. (ii) VP and density
in the crustal layers were scaled via VS. Other parameters are fixed to the Oceanic Reference Model (ORM)
model including mantle density, attenuation coefficients, and structure deeper than 225 km (Figure 3b). The
ORM model is an average of three-dimensional tomography model at seafloor ages of 30–70 Ma [Maggi et al.,
2006a], which is similar to the PREM model [Dziewonski and Anderson, 1981] but has no discontinuity at a
depth of 220 km. One layer at a depth range of 150–225 km is set to be linearly connected to the values at
depths of 150 and 225 km.

We again used the simulated annealing method to search for optimal model parameters that led to a small
misfit function defined by

E′
RA = ERA + 𝜖svRsv (6)

=
∑
m,𝜔

[
c̄m(𝜔) − cmodel

m (𝜔)
Δcm(𝜔)

]2

∕
∑

m

Nm + 𝜖sv

N−1∑
i=1

(
Vi+1

SV − Vi
SV

)2
, (7)

where Nm is the number of measurements for each mode m and cmodel
m (𝜔) is the phase velocity calculated

by DISPER80 [Saito, 1988] using the model parameters. The frequency interval of the measurements is set to
be constant on a log scale. The second term is a smoothing term and introduced to reduce the uncertainty
related to the trade-off between adjacent layers, where 𝜖sv is a constant, Vi

SV is VSV in the ith layer, and N = 9
is the number of layers.

Figure 3b shows VSV model for the French Polynesia region obtained in this study. Takeo et al. [2013] used a
smoothing parameter of 𝜖sv=10 for the Shikoku Basin region. Since the phase velocity measurements of the
previous and these studies have similar period ranges and measurements errors, we chose the same
smoothing parameter for our inversion. The model gives phase velocities almost consistent with the phase
velocity measurements as shown in Figure 3a. We further estimated the model uncertainty by a bootstrap-
like method [Takeo et al., 2013]: We obtained 100 models from 100 combinations of dispersion curves
(c1

m(𝜔), c2
m(𝜔), · · · , c100

m (𝜔)) and defined one standard deviation as the model uncertainty. The obtained model
is well constrained compared to the search range of 4–5 km/s in the mantle and 1–4 km/s in the crust. The
model uncertainty is ∼0.5% at almost all depths in the mantle except for the value of ∼1% at a depth shal-
lower than 20 km. The model uncertainties for the three crustal layers are also large of 1%–2% due to limited
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period range of surface wave analysis. The value of VSV is larger than 4.5 km/s at depths shallower than 50 km,
whereas it decreases at a depth range of 50–80 km.

4. Phase Velocity Anomalies and 1-D Azimuthally Anisotropic Model

VSV model described in the previous section is based on the azimuthally and spatially averaged phase veloci-
ties of Rayleigh waves. In this section, we first show the azimuthal dependence of the phase velocities of the
fundamental mode Rayleigh waves obtained from the ambient noise and from the teleseismic surface waves.
We then estimated one-dimensional azimuthally anisotropic model beneath the area of array.

4.1. Ambient Noise Cross-Correlation Analysis
The estimation of azimuthal anisotropy from ambient noise requires the measurements of phase velocity
anomalies for all pairs of stations, which give phase velocity anomalies for various azimuths of surface wave
propagations. We measured phase velocity anomalies and amplitude anomalies of 0S modes at periods of
10–30 s by fitting the synthetic CCF to the observed CCF for each pair of stations at each frequency band. The
frequency range is from 0.9f0 to 1.1f0, where f0 is the mean frequency. The synthetic cross spectra for a pair of
ith and jth stations is

S
′′kl
ij = (1 + 𝜁 kl

ij )a
kl
0SJ0

(
𝜔dij

(1 + 𝛾kl
ij )c0S

)
+ akl

1SJ0

(
𝜔dij

c1S

)
, (8)

where 𝜁 kl
ij and 𝛾kl

ij are the amplitude anomaly and phase velocity anomaly for the 0S mode, whereas akl
nS and cnS

are average amplitude and phase velocities of nth mode defined in equation (2). The synthetic and observed
CCFs were obtained by applying band-pass filters to cross spectra in the frequency domain and by calculating
inverse Fourier transforms. The optimal values of 𝜁 kl

ij and 𝛾kl
ij are then searched. Although we included the

term of the 1S mode with average amplitudes and average phase velocities for measuring phase velocity
anomaly of 0S mode, we could not measure the phase velocity anomalies of the 1S mode because of strong
2𝜋 ambiguity, i.e., two phase velocities with the difference of ∼3% could fit the waveforms similarly because
of short wavelength (∼20–40 km) of the 1S mode compared to the interstation distances (∼100–600 km).

We then examined the trade-off between inhomogeneous source distribution and the azimuthal anisotropy.
The above analyses in this study are based on the theoretical cross spectrum with the assumption of homo-
geneous source distribution obtained by Aki [1957]. Cox [1973] derived the theoretical cross spectrum for the
case of inhomogeneous source distribution explained by the Fourier series as

B(𝜙) = B0 +
∑

n

Bn cos
[

n(𝜙 − 𝜙n)
]
, (9)

where𝜙 is the back azimuth and Bn and𝜙n denote intensity of and maximum azimuth of source heterogeneity
for the nth term. The theoretical cross spectrum for the vertical component is then given by

S(𝜙) = B0J0

(
𝜔d

c

)
+ 2

∑
n

inBn cos
[

n(𝜙 − 𝜙n)
]

Jn

(
𝜔d

c

)
, (10)

where 𝜙 is the azimuth of the great circle between the pair of stations d and c are interstation distance and
phase velocity of a mode, respectively. The symbol i here remarks the imaginary unit. Since the odd order com-
ponents of inhomogeneous source distribution (B1, B3, B5, · · ·) only causes imaginary term, we can avoid the
effects of odd order components by only using real components of obtained cross spectra. We then evaluated
the effects of even order components of inhomogeneous source distribution (B2, B4, B6, · · ·).

Weaver et al. [2009] estimated the effects of inhomogeneous source distribution to the phase velocity mea-
surement. They calculated the change in the zero-crossing frequency, and the change in traveltime anomaly
caused by the second term in equation (10). The apparent phase velocity anomaly is

𝛾s =
1

2𝜔2𝜏2

B′′(𝜙)
B(𝜙)

= 1
8𝜋2

(
𝜆′

d

)2 B′′(𝜙)
B(𝜙)

∼ 1
8𝜋2

(
𝜆′

d

)2 ∑
n

n2 Bn

B0
cos

[
n(𝜙 − 𝜙n)

]
, (11)
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Figure 4. (a) Amplitude anomalies of 0S mode in CCFs, 𝜁kl
ij , at a period of 21 s as a function of azimuth between two

stations. The dotted curve is the fitting curve. (b) The intensity of even order components of source heterogeneity
represented by B2∕B0 (solid line) and B4∕B0 (dashed line). Circles show the values of B2∕B0 (filled) and B4∕B0 (open) at a
period of 25 s in the south California region estimated by Harmon et al. [2010].

where 𝜏 is the travel time, 𝜆′ =u∕f is almost equivalent to the wavelength 𝜆= c∕f , f is frequency, and u is the
group velocity. This anomaly cannot be neglected when the interstation distance is comparable or shorter
than the wavelength or when the source distribution is highly inhomogeneous.

Figures 4a shows the obtained amplitude anomalies, 𝜁 kl
ij , as a function of station-to-station azimuth. The

fitting curves are obtained by considering B0, B2, and B4 terms in equation (9), i.e., B = B0 + B2 cos 2
(𝜙 − 𝜙2) + B4 cos 4(𝜙 − 𝜙4). Figure 4b shows the intensity of source heterogeneity represented by B2∕B0 and
B4∕B0. The values are B2∕B0 = 0.1–0.3 and B4∕B0 = 0.1–0.2 for the 0S mode at periods of 10–30 s. Harmon et al.
[2010] obtained similar intensity of source heterogeneity in the south California region at a period of 25 s. The
maximum effects of source heterogeneity to the phase velocity anomalies are then 𝛾s ∼(𝜆′∕d)2 × 5% from
equation (11). The typical value of 𝛾s is smaller than 1% because the interstation distances (>100–200 km)
are longer than the twice of the wavelength at periods shorter than ∼25 s.

Figure 5a shows the phase velocity anomalies, 𝛾kl
ij , after the correction of water depth effect, 𝛾w , and inhomo-

geneous source distribution effect, 𝛾s, as a function of station-to-station azimuth. The values with the error
larger than 2% were discarded, where the errors of phase velocity anomalies were estimated by considering
signal-to-noise ratio of each CCF [Takeo et al., 2014]. The variation in water depth affects the phase velocity
anomalies, e.g., more than 1% in previous study [Takeo et al., 2014]. The estimated effect in this study is smaller
than 1% at periods longer than 15 s, which was corrected but not shown because of the small value. The
azimuthal dependence seems to be dominated by cos 2𝜙 term and is consistent with the theoretical predic-
tion that the Rayleigh waves mainly have cos 2𝜙 term by reflecting the cos 2𝜙 azimuthal anisotropy of VSV

[e.g., Montagner and Nataf , 1986]. Figure 5a also shows the fitting line by

𝛾 = A2 cos 2(𝜙 − 𝜙max), (12)

where A2 means the half intensity of azimuthal anisotropy and𝜙max means the fastest azimuth, the azimuth of
maximum velocity. The errors of A2 and 𝜙max were obtained by the bootstrap method [Efron, 1979]. Figure 5c
summarizes the peak-to-peak intensity (2A2) and the fastest direction (𝜙max) as a function of period. The fitting
by cos 2𝜙 term in Figure 5a is not perfect because lateral heterogeneity exists both in the isotropic and
azimuthally anisotropic structures in this area as discussed in section 6.2. We here consider that the fitting by
2𝜙 term is appropriate because the peak-to-peak intensity of cos 2𝜙 term is significantly larger than 0 even if
we consider the uncertainty (Figure 5c).

4.2. Teleseismic Event Array Analysis
Figure 5b shows the azimuthal dependence of phase velocities of the 0S mode for the case of teleseismic
events. They are dominated by cos 2𝜙 term similarly to the case of ambient noise analysis (Figure 5a). We esti-
mated the frequency dependence of azimuthal anisotropy that maximizes the cross-correlation coefficients
defined in equation (5). The azimuthal dependence can be represented by

c(𝜔) = c0(𝜔) [1 + a cos(2𝜙) + b sin(2𝜙)] , (13)

where c0(𝜔) =
∑

n p′
ngn(𝜔), a(𝜔) =

∑
n a′

ngn(𝜔), and b(𝜔)=
∑

n b′
ngn(𝜔). The half intensity and the fastest

direction of azimuthal anisotropy are then given by A2 =
√

a2 + b2 and 𝜙max = tan−1(b∕a), respectively.

TAKEO ET AL. ANISOTROPY BENEATH 60 MA SEAFLOOR 1934



Journal of Geophysical Research: Solid Earth 10.1002/2015JB012429

−5

0

5

γ 
(%

)

0 90 180 270 360

Azimuth(degree)

φmax = 130 ± 4 2A2 = 1.9 ± 0.2

37s

−5

0

5

γ−
γ w
−

γ s
 (

%
)

0 90 180 270 360

Azimuth(degree)

φmax = 131 ± 6 2A 2 = 2.0 ± 0.6

21s

(a) (b)

0

50

100

150

200

D
ep

th
(k

m
)

0 2 4

0

50

100

150

200

90 135 180

20

40

60

80

P
er

io
d(

s)

0 2 4
2A2  (%)

20

40

60

80

90 135 180
φmax  (deg) 2A2  (%) φmax  (deg)

(c) (d)

Figure 5. (a) Phase velocity anomalies of 0S mode at periods of 21 s obtained from ambient noise after the correction
of effects from water depth and source heterogeneity, 𝛾kl

ij − 𝛾w − 𝛾s , as a function of propagation azimuths. The dotted
curve is the fitting curve by cos 2𝜙 pattern. (b) Same as Figure 5a but for a period of 37 s obtained from teleseismic
waves. (c) The peak-to-peak intensity (2A2) and the fastest direction (𝜙max) estimated from ambient noise (red circles)
and teleseismic surface waves (blue triangles) as a function of period. The solid line shows the theoretical values of the
models shown in Figure 5d. (d) The model for the azimuthal anisotropy of VSV corresponding to the smoothing
parameter of 𝜖AA =0.1. The model deeper than 100 km is not well resolved as shown by synthetic test (Figure 10).

Figure 5c summarizes the obtained values as well as those obtained from the ambient noise. The measure-
ment errors for the teleseismic analysis are small compared to those from the ambient noise. For the case of
teleseismic analysis, the lateral heterogeneity within the area of array can be averaged out by using all the
stations simultaneously for each event. For the case of ambient noise analysis, on the other hand, the hetero-
geneity is averaged only over the path between each pair of stations. The lateral heterogeneity, thus, affects
the phase velocity anomaly between each station pair and provides larger variation between measurements
compared to the teleseismic analysis.

4.3. 1-D Azimuthally Anisotropic Model
The phase velocities of Rayleigh waves are mainly sensitive to VSV. Although the azimuthal dependence of
VSV mainly have cos 2𝜙 and cos 4𝜙 components [e.g., Crampin, 1982], the cos 4𝜙 term have small effect to
the azimuthal dependence of the phase velocities of Rayleigh waves [e.g., Montagner and Nataf , 1986]. Based
on this theoretical prediction and the clear domination of cos 2𝜙 term (Figure 5), we here assume that the
2𝜙 term azimuthal anisotropy of Rayleigh waves reflects that of VSV and estimates the azimuthal anisotropy
of VSV.

We describe the azimuthal dependence of VSV by V0
SV(z)(1+A′

C(z) cos 2𝜙+A′
S(z) sin 2𝜙), as a function of depth

(z), and estimate A′
C(z) and A′

S(z) in each of 10 layers in the uppermost mantle at depths of 12–225 km by
assuming a constant value for each layer. The crust is assumed to be isotropic based on weak anisotropy
compared to that in the mantle reported by previous studies [e.g., Christensen and Salisbury, 1975; Dunn and
Toomey, 2001]. The model azimuthal anisotropy of Rayleigh waves is then given by

c(𝜔) = c0(𝜔)
[
1 + ÃC(𝜔) cos 2𝜙 + ÃS(𝜔) sin 2𝜙

]
, (14)

where

ÃC(𝜔) = ∫z

[
K𝛽(z, 𝜔)

]
A′

C(z) dz, (15)

TAKEO ET AL. ANISOTROPY BENEATH 60 MA SEAFLOOR 1935



Journal of Geophysical Research: Solid Earth 10.1002/2015JB012429

0.3

0.4

0.5

0.6

E
A

A

log 
10 

ε
AA

log 
10 

ε
AA

0

1

2

3

2Δ
A

2 
 (

%
)

0

50

100

150

200

0

50

100

150

200

D
ep

th
(k

m
)

2A2 (%)

−4−4 −2−2 0 2−4−4 −2−2 0 2

0 1 2 3 4 5 90 120 150

φmax(deg)

(a)

(b)

Figure 6. (a) Misfit, EAA, and model variance for the peak-to-peak intensity of azimuthal anisotropy averaged for all
10 layers, 2ΔA2, as a function of smoothing parameter, 𝜖AA. (b) Obtained azimuthally anisotropic models for three
smoothing parameters (𝜖AA =0.001, 0.1, 10). The color corresponds to each smoothing parameter plotted in Figure 6a.
The model for 𝜖AA =0.1 (thick black line) is equivalent to the model shown in Figure 5d.

ÃS(𝜔) = ∫z

[
K𝛽 (z, 𝜔)

]
A′

S(z) dz, (16)

and K𝛽 is the sensitivity of phase velocity to VSV. The sensitivity kernel is obtained from the smooth 1-D VSV

model (Figure 3b). The use of sensitivity kernels for the azimuthally isotropic model is valid if the second-order
perturbation can be neglected, i.e., the intensity of azimuthal anisotropy is less than ∼10%.

We here define the misfit function by

E′
AA = EAA + 𝜖AARAA (17)

= 1
2Nm

∑
𝜔

[{
ĀC(𝜔) − ÃC(𝜔)

ΔAC(𝜔)

}2

+
{

ĀS(𝜔) − ÃS(𝜔)
ΔAS(𝜔)

}2
]

(18)

+ 𝜖AA

N−1∑
i=1

[(
A

′′ i+1
C − A

′′ i
C

)2
+
(

A
′′ i+1
S − A

′′ i
S

)2
]
, (19)

where Nm is the number of measurements, ĀC(𝜔) and ĀS(𝜔) are the bootstrap averages of the estimated
azimuthal anisotropy of phase velocities, and ΔAC(𝜔) and ΔAS(𝜔) are errors on the measurements. The
smoothing term is again introduced as the second term to reduce the uncertainty related to the trade-off
between adjacent layers, where 𝜖AA is a constant smoothing parameter, A

′′ i
C and A

′′ i
S are A′

C and A′
S in the ith

layer and N=10 is the number of layers. We here used the fast simulated annealing algorithm [Szu and Hartley,
1987; Nam et al., 2004] to deal with larger number of model parameters, 20, compared to that for isotropic
inversion, 13. The model uncertainty was estimated from 100 samples (Al

C and Al
S; l = 1, · · · , 100) obtained by

the bootstrap method.

Figure 5c shows the fitting between the measured and model intensities of surface wave azimuthal anisotropy.
Figure 5d shows the obtained one-dimensional azimuthally anisotropic structure including the intensity and
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Figure 7. The azimuth of maximum S wave velocity in six layers at depths of 20–80 km estimated from surface waves
(blue bars) and beneath each station estimated from shear wave splittings in this study (thick black bars with the red
bars showing the uncertainty; labeled 1–9 to reflect station names of SOC1–SOC9) and by Barruol et al. [2009] in the
area of this map (thin black bars with triangles labeled S1, S2, FP2, FP4, FP5, and FP8). The lengths of black bars for the
splitting analysis show the splitting time, whereas the length of blue bars for the surface wave is arbitrary chosen.
Orange lines show the seafloor isochrones [Müller et al., 2008] with the contour interval of 10 Ma.

the azimuth of maximum VSV. In general, the misfit EAA is smaller and the model variance is larger for a smaller
smoothing parameter (an example for the case of radially anisotropic inversion by Takeo et al. [2013]). Figure 6
shows the misfit, model variance, and obtained azimuthally anisotropic models for various smoothing param-
eters. The models are almost constant with depth for 𝜖AA ≥0.1 because of the small period dependence of
azimuthal anisotropy of Rayleigh waves in this study (Figure 5c). Although the structure starts to fluctuate
and the misfit decreases for smaller smoothing parameters, the fluctuation is not significant compared to
the increasing model variance. We therefore chose the smoothing parameter of 𝜖AA= 0.1. The choice of
𝜖AA = 0.1 is also valid because the corresponding model variance is almost equivalent to the uncertainty of
measured azimuthal anisotropy (Figure 5c). The model uncertainty for the peak-to-peak intensity (2A2) is then
0.5% (Figure 5d). The obtained peak-to-peak intensity is 2%–3%. The fastest azimuth is NW–SE direction as
shown by blue bars in Figure 7.

5. Shear Wave Splitting Analysis

Previous studies suggested the presence of lateral variation of the azimuthal anisotropy in a broader area
including the area in this study by the shear wave splitting analysis of island records [Fontaine et al., 2007] and
seafloor records [Barruol et al., 2009]. To reveal the lateral variation within the array, we applied a method of
shear wave splitting analysis by Silver and Chan [1991] to the records of nine BBOBSs.

The events were first chosen with two criterions: (i) the moment magnitude greater than 5.5 and (ii) the
epicentral distance larger than 9000 km or the hypocenter depth deeper than 200 km. The events with
epicentral distances larger than 9000 km show the arrival of SKS and/or SKKS wave, whose splitting mainly
reflect the azimuthal anisotropy beneath the station integrated from the core-mantle boundary to the
surface. The events with shorter epicentral distances show the arrival of direct S wave, whose splitting reflects
the azimuthal anisotropy along whole ray path. For the epicentral distance shorter than 9000 km, therefore,
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Figure 8. (a) An example of horizontal particle motion of SKKS wave at station SOC1 for an event occurred at 1:13, 18
February 2010 (UT). The epicentral distance is 143∘ . (b) The ratio, 𝜆ratio = 𝜆2∕(𝜆1 + 𝜆2), defined by smaller and larger
eigen values, 𝜆1 and 𝜆2, as a function of assumed lag time and assumed azimuth of maximum S wave velocity. Red
circle shows the minimum of the ratio. (c) Particle motion after the correction of shear wave splitting for the value
shown by red circle in Figure 8b. (d) The ratio averaged for all events at station SOC1.

the event with a depth shallower than 200 km should not be used to avoid the effect of near-source strong
anisotropy at depths shallower than 200 km [e.g., Long and van der Hilst, 2005].

The waveforms of horizontal components were then band pass filtered with a period range of 10–20 s and
were discarded if the signal-to-noise ratio is lower than 2. The signal amplitude is the root-mean-square ampli-
tude of a 60 s long record centered at the peak of arrived signal. The noise amplitude is that of a 60 s long
record prior to the time window for the signal amplitude. The band-pass filter is chosen to analyze the period
range corresponding to minimum noise levels for BBOBSs (see example of noise level of BBOBS in Suetsugu
and Shiobara [2014]). Figure 8a shows an example of particle motion for a SKKS waveform, which is elliptical
due to splitting.

Silver and Chan [1991] proposed various strategies to search for the optimal splitting parameters, the splitting
time (𝛿t) and the azimuth of maximum S wave velocity (𝜙max) that give the linear particle motion after the
correction of splitting. We used the ratio between the smaller eigen value and the summation of eigen val-
ues, 𝜆ratio = 𝜆2∕(𝜆1+𝜆2), to search the optimal splitting parameters. By choosing an optimal combination of
parameters, the linear particle motion before the splitting can be reconstructed as shown by an example in
Figure 8c.

The uncertainty of splitting parameters is usually large as indicated by the broad distribution of small 𝜆ratio

shown in Figure 8b. We reduced the uncertainty by averaging 𝜆ratio of all events for each station as done
by Wolfe and Silver [1998]. Figure 8d shows examples of the averaged values. The distribution of small 𝜆ratio

is narrow and has less trade-off between two splitting parameters compared to the distribution for an
event in Figure 8b. In addition, we could estimate the uncertainty of splitting parameters by the bootstrap
method [Efron, 1979]: We estimated one hundred sets of parameters by selecting 100 combinations of events
randomly with allowing overlaps and defined the one standard deviation as the uncertainty.

Figure 7 shows the estimated splitting parameters for each station as well as results from surface wave analy-
sis. The number of available events was 8–14, in which more than half events showed splitting as summarized
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Table 1. Station Location, Splitting Parameters, and the Numbers of Events

Station Latitude Longitude Depth (m) 𝜙max (deg) 𝛿t (s) Nsplit Nunsplit

SOC1 −19.47∘ −148.05∘ 4398 96 ± 5 1.0 ± 0.2 4 4

SOC2 −20.96∘ −146.44∘ 4766 108 ± 16 1.1 ± 0.4 5 3

SOC3 −19.93∘ −146.02∘ 4632 118 ± 7 0.9 ± 0.3 7 5

SOC4 −18.42∘ −144.99∘ 4457 148 ± 14 1.1 ± 0.7 8 4

SOC5 −17.50∘ −144.51∘ 4031 152 ± 38 2.3 ± 1.8 7 4

SOC6 −18.81∘ −142.29∘ 4483 127 ± 17 1.1 ± 0.9 5 6

SOC7 −19.94∘ −142.69∘ 4467 137 ± 7 1.1 ± 0.3 9 5

SOC8 −20.95∘ −143.76∘ 4779 150 ± 21 1.3 ± 0.6 9 2

SOC9 −22.17∘ −144.70∘ 4513 107 ± 10 1.2 ± 0.2 9 3

in Table 1. The events without splitting could be also used to constrain the fastest azimuths by the aver-
aging method [Wolfe and Silver, 1998] because the absence of splitting under the presence of anisotropy
means that the particle motion is parallel to the fastest or slowest azimuth. The splitting time is 1.0–1.3 s for
almost all stations except for the station SOC5, which gives 2.3 ± 1.8 s. The uncertainty of the azimuth is also
large for station SOC5, 152∘ ± 38∘. For other stations, the uncertainty for the splitting time is 0.2–0.9 s, and
the uncertainty of the azimuth is less than 22∘. The azimuth is almost parallel to each other, although it is
slightly northward for the northeastern stations (SOC4–SOC8) and is slightly westward for the northwestern
station (SOC1).

6. Discussions

We here first discuss the depth of lithosphere-asthenosphere boundary based on isotropic VSV model in
Figure 3b. We then discuss lateral heterogeneity, depth dependence, and intensity of azimuthal anisotropy
based on azimuthally anisotropic model in Figure 5d and the result of shear wave splitting analysis in Figure 7.
The difficulty of estimating radial anisotropy will be mentioned shortly at the end.

6.1. Depth of Lithosphere-Asthenosphere Boundary
The depth of lithosphere-asthenosphere boundary (LAB) needs to be clarified for discussing whether a certain
depth is corresponding to the lithosphere or the asthenosphere. In general, the sharp boundary between
the lid and LVZ cannot be retrieved from surface waves due to long vertical wave lengths of surface waves.
Previous surface wave tomography studies have, therefore, defined the maximum velocity gradient as the
LAB [e.g., Burgos et al., 2014; Yoshizawa and Kennett, 2015]. Our isotropic VSV model (Figure 3) shows constant
velocity within the uncertainty range at a depth range of 10–40 km, large velocity reduction at a depth range
of 40–80 km, and almost constant velocity at a depth range of 80–150 km. The deeper depth is constrained
by the velocity at a depth range of 110–150 km and the velocity of the ORM model at a depth of 225 km.
Although the velocity reduction at a depth range of ∼40–80 km is gradual, the sharpness might be affected
by the vertical smoothing during the structural inversion [Takeo et al., 2013], i.e., the actual structure beneath
our study area may have sharp velocity reduction at a depth of 60 km. The depth of velocity reduction can
be more clearly estimated by measuring phase velocities of the fundamental mode Love wave, which has
sensitivity to shear wave velocity structure in the lid but could not be measured in this study due to effect of
the higher modes of Love wave (section 6.5). We hereafter simply interpret that the LAB exists at a depth of
60 km beneath the area of this study.

The depth of LAB has been estimated in various oceanic regions using body and surface waves. We obtained
the depth of 60 km for the average seafloor age of 60 Ma in the French Polynesia region located inside the area
of the South Pacific superswell. According to previous studies, LAB depth at the seafloor age is estimated to
be 60–80 km from body waves [Kumar and Kawakatsu, 2011] and 80–100 km from vertical velocity gradient
of surface wave tomography models [Burgos et al., 2014]. Although our estimation has a large uncertainty
of ∼20 km, our value is at the shallowest value in the range by previous studies possibly due to reheating
and thinning of the lithosphere caused by the hot plumes beneath the South Pacific superswell [Adam and
Bonneville, 2005]. The shallower LAB in the South Pacific superswell region compared to other regions of the
similar seafloor ages can be also recognized in results of surface wave tomography [Burgos et al., 2014] and
body wave studies [Rychert and Shearer, 2011; Schmerr, 2012].
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6.2. Lateral Heterogeneity
The presence of crustal lateral heterogeneity should be discussed because the seafloor topography is highly
heterogeneous and the crustal thickness is thicker when the topography is high [e.g., Patriat et al., 2002]. The
effect to the azimuthal anisotropy measurement is fortunately small in this study because the 0S mode used
in this study has little sensitivity to S wave velocity at depths shallower than ∼20 km (see Takeo et al. [2013]
for an example of the depth dependence of sensitivity).

The lateral heterogeneity of azimuthal anisotropy should be also discussed. Fontaine et al. [2007] applied shear
wave splitting analysis to records of island stations in the French Polynesia region around the area in this study.
Barruol et al. [2009] further analyzed shear wave splitting by using BBOBS records of previous Japan-France
cooperative project [Suetsugu et al., 2005]. They showed that the fastest azimuth is almost consistent with
the current plate motion except for the region southeast of the Tahiti island where the azimuth is almost
perpendicular to the plate motion (S1 in Figure 7) or no anisotropy (S2 in Figure 7), although they determined
the fastest azimuth or the absence of azimuthal anisotropy from one or zero splitting event out of 8–13 events
analyzed in total. We estimated the azimuthal anisotropy by analyzing the shear wave splitting from records
of more densely deployed BBOBSs. Since 4–9 events showed splitting of S, SKS, or SKKS waves for each station
(Table 1), we conclude that there is azimuthal anisotropy within the area of this study with the fastest azimuth
roughly parallel to the current plate motion.

We then compared the fastest azimuths estimated from surface waves and shear wave splittings in this
and previous studies. The fastest azimuths obtained in this study are 96∘–118∘ for southwestern sta-
tions (SOC1–SOC3 and SOC9) and 127∘–152∘ for northeastern stations (SOC4–SOC8). The values for the
southwestern stations are similar to the values of previous results in wider area [Fontaine et al., 2007; Barruol
et al., 2009], whereas the northeastern stations have different fastest azimuths. This difference suggests that
the northeastern part is more perturbed by local phenomena, such as the ancient activity formed the Tuamotu
plateau [Ito et al., 1995], compared to the southwestern part of the area in this study.

On the other hand, we obtained average azimuthal anisotropy within the area with the fastest azimuth of
130∘ ± 5∘ from teleseismic surface waves, which is between the values obtained from shear wave splittings in
this study. This can be understood by considering two areas with different fastest azimuths: 𝜙max=110∘ and
𝜙max = 140∘. The azimuthal dependences of surface wave phase velocities are then cos2(𝜙-110∘) and
cos 2 (𝜙 − 140∘) for two areas and cos (140∘-110∘) cos 2[𝜙-(110∘+140∘)∕2)] = 0.87 cos 2(𝜙-125∘) for the
average. These equations show that the surface wave analysis gives the average of fastest azimuths with a
small reduction in the intensity of up to 13% if the variation in the azimuths is less than 30∘.

The fastest azimuth for the station SOC1 is largely different from the average for all other stations compared to
the small uncertainty of fastest azimuth. If we discard the result for station SOC1 and consider the uncertainty
for the estimation, all the fastest azimuths for other stations of SOC2–SOC9 fall within the range between 117∘
and 134∘, whereas the value for the station SOC1 is 96∘ ± 5∘ (Table 1). It indicates that the fastest azimuth esti-
mated by surface waves may be affected by strong lateral variation in the fastest azimuths near station SOC1
(Figure 7). We therefore reestimated the azimuthal anisotropy of surface waves by discarding the records of
SOC1. Figures 9a–9c show the azimuthal anisotropy of phase velocities of Rayleigh waves without station
SOC1. We can now clearly find cos 2𝜙 pattern in the azimuthal dependence of phase velocity anomalies
measured not only from teleseismic surface waves (Figure 9b) but also from ambient noise (Figure 9a). The
pattern was not clear for the phase velocity anomalies measured from ambient noise using all the stations
(Figure 5a). Figure 9d is the corresponding one-dimensional model of azimuthal anisotropy. The intensity of
azimuthal anisotropy is ∼30% larger for the model without station SOC1 than the model for all stations at
depths shallower than 60 km. The change in the fastest azimuth is less than 10∘ and negligible. The reduction
of the intensity by including SOC1 also suggests that lateral heterogeneity of the fastest azimuths exists at
depths shallower than 60 km in the lithosphere.

6.3. Fastest Azimuths
The depth dependence of fastest azimuth has been discussed by previous studies. In general, the fastest
azimuth is perpendicular to magnetic lineation in the lithosphere [e.g., Francis, 1969], whereas it is parallel to
the current plate motion in the asthenosphere [e.g., Tanimoto and Anderson, 1984]. These interpretations are
widely accepted and used to explain depth variations of fastest azimuths determined by recent tomography
studies [Smith et al., 2004; Maggi et al., 2006b; Debayle and Ricard, 2013; Burgos et al., 2014] (see also recent
comparison by Becker et al. [2014]).
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Figure 9. (a–d) Same as Figure 5, but except for station SOC1. (d) Dashed lines correspond to the model obtained by
using all nine stations shown in Figure 5d. Three arrows at the top shows the direction perpendicular to magnetic
lineations (open black), the direction of current plate motion (filled black), and the direction of ancient plate motion
before 43 Ma (red).

We first examined the depth resolution of our azimuthally anisotropic model by synthetic tests. For given
initial models, we calculated the theoretical values of measurements, the frequency dependence of the
azimuthal anisotropy of phase velocities (AC(𝜔) and AS(𝜔)). We then applied the same inversion code
(section 4.3) to obtain structure for each initial model. The smoothing parameter is 𝜖AA = 0.1, as same as the
value used for inversions in this study. The measurement error obtained from the real data sets (Figure 9c) is
added to the theoretical values to estimate the uncertainty of obtained models. Figure 10 shows the initial
and obtained models. For the initial models, we chose the fastest azimuths almost perpendicular to mag-
netic lineation of our study area at shallow depths and the fastest azimuths almost parallel to current plate
motion at deeper depths as discussed by previous studies [e.g., Smith et al., 2004]. The obtained models show
that the depth change in the fastest azimuth can be retrieved for the depth of 30 km or 80 km (Figures 10b
and 10c), whereas the change in fastest azimuth cannot be retrieved for a depth of 20 km (Figure 10a) or
a depth of 110 km (Figure 10d). The intensity of anisotropy can be roughly retrieved except for the depth
where the change in the fastest azimuth is sharp. These results indicate that our azimuthally anisotropic model
(Figure 9) is well constrained at depths of ∼20–100 km, from middle and lower parts of lithosphere at depths
of 20–60 km to the top of the asthenosphere at depths of 60–100 km. We have less resolution at depths
shallower than 20 km due to lack of phase velocity anomaly for the 1S mode at periods shorter than 20 s,
which could be analyzed in previous OBS analysis [Takeo et al., 2014] but not in this study because of longer
interstation distances. We also have less resolution at depths deeper than 100 km due to lack of analysis for
the 0S mode at periods longer than 100 s.

We then interpret the fastest azimuth at depths of 20–50 km in the middle lithosphere. In general, there
is no current deformation in this depth range, but there was deformation when the seafloor was younger.
Previous studies have, thus, considered that anisotropy in the lithosphere preserves ancient mantle flow per-
pendicular to the ancient spreading axis, whose direction is recorded as the direction of magnetic lineations
[e.g., Nishimura and Forsyth, 1989]. Our result, however, shows that the fastest azimuth is NE–SE direction
(135–140∘) and is not perpendicular to the magnetic lineation of NNW-SSE (85∘; Figures 7 and 9). The resolu-
tion test (Figure 10b) indicates that we can detect the depth change of fastest azimuths if the change exists
between depths of 20 and 100 km. The absence of the change of direction in our result (Figure 9) means that
the fastest azimuths is NE–SE at least at a depth range of 20–100 km. For understanding when this depth
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Figure 10. The initial (thin black) and retrieved (thick red) models of the synthetic test. The fastest azimuth of initial
model is changed from 90 to 135∘ at depths of (a) 20 km, (b) 30 km, (c) 80 km, and (d) 110 km.

range experienced deformation, we here look at the depths of LAB in other oceanic regions. According to
observations [e.g., Kumar and Kawakatsu, 2011] and models [e.g., Karato, 2012], the LAB is at a depth of∼50 km
for the seafloor age of 10–20 Ma, i.e., the depths shallower than∼50 km become lithosphere within 10–20 Ma
from the seafloor spreading. For the area of this study with a seafloor age of 60 Ma, the depths shallower
than 50 km seem to have deformed 40–60 Ma ago. Our results, thus, mean that the ancient mantle flow at
40–60 Ma ago beneath this region was not perpendicular to the ancient mid-ocean ridge at least at a depth
range of 20–50 km.

An interpretation emerges when we realize that the fastest azimuths are parallel to the plate motion before
43 Ma [Schlanger et al., 1984; Ito et al., 1995]. As compiled by Seton et al. [2012], the ancient plate motion before
43 Ma in this region was not perpendicular to the ancient mid-ocean ridge during the seafloor spreading
of this region. Such complicated situation at the era was caused by the passive seafloor spreading in this
region compared to an active seafloor spreading between the Pacific Plate and the Antarctica Plate at the
southwest of this region. The fastest azimuth estimated in this study, therefore, implies that the mantle flow is
not perpendicular to the magnetic lineation as stated by previous studies [e.g., Francis, 1969; Smith et al., 2004]
but can be parallel to the ancient plate motion when the ancient plate motion was not perpendicular to the
ancient mid-ocean ridge. Toomey et al. [2007] reported similar results near ridge segmentation region from
Pn wave anisotropy. They showed that the fastest azimuths were between the direction of plate motion and
the direction perpendicular to the mid-ocean ridge at depths shallower than∼20 km. Our results suggest that
the direction of plate motion affects seismic anisotropy at depths deeper than 20 km. The similar discussion
has been implied from the results of previous surface wave tomography studies but could be clearly shown
by this study because we have better resolution of azimuthal anisotropy compared to previous studies for the
limited area. Our result also suggests the possibility of reconstructing ancient mantle flow from surface waves
by deploying arrays of broadband OBSs in various oceanic regions.

The fastest azimuth at depths deeper than 50 km is estimated to be ∼130∘. The difference between the
observed fastest azimuth and current plate motion, 116∘ (HS3-NUVEL-1) [Gripp and Gordon, 2002], suggests
that the flow in the asthenosphere is perturbed by the presence of the Society hot spot as already discussed
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and indicated from previous shear wave splitting analysis [Barruol et al., 2009]. It should be noted that the
difference can be also explained by vertical smoothing during the azimuthally anisotropic inversion (see
Figure 10 for synthetic tests) because the obtained fastest azimuths at depths deeper than 100 km is ∼120∘,
more closed to the azimuth of current plate motion compared to the fastest azimuth at depths shallower than
50 km of 135∘. The model uncertainty is, however, too large at depth deeper than 100 km to discuss in detail.
The fastest azimuths also varied with place inside the our study area at a depth shallower than 60 km in the
lithosphere (section 6.2). Since there should be no or small current deformation in the lithosphere, the lateral
variation suggests the effect of ancient hot spot activity at the Tuamotu plateau [Ito et al., 1995] to the flow of
mantle before ∼40 Ma.

6.4. Intensity and Depth Extent of Azimuthal Anisotropy
The intensity of anisotropy is essential to discuss the deformation mechanism and shear strain in the mantle.
In previous studies, the intensity of azimuthal anisotropy is estimated to be up to 10% at depths shallower
than ∼20 km by refraction surveys (see a compile by Song and Kim [2012]). At deeper depth, the intensity of
azimuthal anisotropy has been mainly estimated to be∼2% by surface wave tomography studies [Smith et al.,
2004; Maggi et al., 2006b; Debayle and Ricard, 2013; Yuan and Beghein, 2013; Burgos et al., 2014], although the
quantitative estimation of the intensity is difficult for the tomography studies [Smith et al., 2004].

In this study, we could estimate the azimuthal anisotropy of VSV at depths of 20–100 km in oceanic litho-
sphere/asthenosphere system for the first time from broadband array analysis of surface waves. The obtained
intensity is less uncertain compared to previous tomography studies because we used more data sets within
the area of interest and we estimated the intensity of azimuthal anisotropy without using lateral smoothing
parameters, although we assumed homogeneous azimuthal anisotropy within the area. We first compare our
results with previous studies at depths shallower than 50 km and deeper than 50 km independently and then
discuss the depth change.

The obtained model for the relatively homogeneous area (Figure 9) shows the peak-to-peak intensity of
3%–4% at depths of 20–50 km. The value is slightly smaller than the intensity of Pn wave anisotropy in other
oceanic regions determined by refraction surveys. The first reason is that the intensity of azimuthal anisotropy
is ∼30% stronger for the P wave than for S wave, which is expected from elastic constants of olivine crystals
[Kumazawa and Anderson, 1969] and also observed by a refraction survey in the northwest Pacific Ocean
[Shinohara et al., 2008]. Another reason is that the half spreading rate of the seafloor in this study is 2–3 cm/yr
[Müller et al., 2008], relatively smaller than other oceanic regions. According to Song and Kim [2012], the inten-
sity of Pn wave anisotropy linearly correlates with the spreading rate and is ∼4% for the spreading rate of
2–3 cm/yr. The intensity of Sn wave anisotropy is then predicted to be ∼3%. Our result is almost consistent
with the predicted value if we consider the model uncertainty.

The intensity of anisotropy in the asthenosphere at depths of 50–100 km is 2%–3%. The value is roughly con-
sistent with the intensity of azimuthal anisotropy in the asthenosphere determined by tomography studies
[e.g., Smith et al., 2004]. The consistency indicates that previous tomography studies have chosen reasonable
smoothing parameter to constrain the intensity of azimuthal anisotropy in the asthenosphere. It should be
noted recent tomography models [Yuan and Beghein, 2013; Debayle and Ricard, 2013] show local regions with
the intensity stronger than 2%, which is not the case for the region of this study.

The depth change in the intensity of azimuthal anisotropy is dominant at a depth range of 50–80 km. As
discussed above, this result is consistent with previous results of azimuthal anisotropy showing stronger
anisotropy at the top of lithosphere from body waves and weaker anisotropy in the asthenosphere from
surface waves. The stronger anisotropy indicates larger shear strain accumulated in the lithosphere when
it formed near the mid-ocean ridge compared to the accumulated shear stain in the asthenosphere. These
result and interpretation are, however, inconsistent with the stronger radial anisotropy in the asthenosphere
shown by surface wave tomography studies [e.g., Nettles and Dziewonski, 2008] and larger strain accumulation
in the asthenosphere expected from numerical simulations of mantle flow [e.g., Behn et al., 2009]. This differ-
ence in the depth variations of azimuthal and radial anisotropy may be reflecting the different fabrics of the
olivine crystals, which can change the ratio between the intensities of azimuthal and radial anisotropy [e.g.,
Mainprice, 2007]. We need to quantitatively compare the intensities of radial and azimuthal anisotropy in the
future study to understand the shear accumulation and deformation mechanism in the mantle.
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The depth extent of anisotropy is also a long existing question. An early study showed that radial anisotropy
can be negligible at depths deeper than 300 km by analyzing multimode Love waves [Cara and Lévêque,
1988]. Recent surface wave tomography also shows that the azimuthal anisotropy is only significant in the top
200–250 km of the uppermost mantle [Debayle and Ricard, 2013] by analyzing higher modes of surface waves.
On the other hand, previous studies have improved the depth resolution of azimuthal anisotropy by com-
bining the results of shear wave splitting analysis and surface waves analysis [Marone and Romanowicz, 2007]
based on the correlations between them [Montagner et al., 2000; Becker et al., 2012]. Monteiller and Chevrot
[2011] estimated intensity of anisotropy in heterogeneous media by carefully considering the smoothing and
damping effect to three-dimensional inversion based on shear wave splitting analysis.

Although our azimuthally anisotropic model only has enough resolution at a depth range of 20–100 km,
we here roughly estimate the depth extent of azimuthal anisotropy in the asthenosphere by extrapolating
our results at deeper and shallower depths and comparing the estimated splitting time with the observa-
tions. The original values for comparison are the azimuthally anisotropic model beneath stations SOC2–SOC9
determined at depths of 20–100 km from surface waves (Figure 9), and the observed splitting times of ∼1.1 s
(Table 1), which corresponds to the integral of azimuthal anisotropy in the mantle along the path of shear
waves. Based on the relationship between the splitting time and azimuthally anisotropic model by surface
waves [Montagner et al., 2000], we can estimate the splitting time caused by anisotropy in the lid at depths of
10–60 km to be 𝛿tlid = 0.35–0.43 s. Although azimuthal anisotropy at depths of 10–20 km is not well resolved
in this study, we here used the value of our model at the depth range of 10–20 km constrained smoothly
by the depth range deeper than 20 km. If the fastest azimuths have the variation of 30∘ beneath stations
SOC2–SOC9 as indicated from the splitting analysis (Figure 7), the azimuthal anisotropy is 13% underesti-
mated. The splitting time due to anisotropy in the lid is then estimated to be 𝛿tlid = 0.40–0.49 s. By subtracting
the value from the total splitting times of ∼1.1 s, the splitting time due to anisotropy in the LVZ is estimated
to be 𝛿tLVZ = 0.6–0.7 s.

The thickness of azimuthal layer in the LVZ is finally estimated to be 𝛿tLVZ∕(2A2) × 4.3 km/s for a half intensity
of azimuthal anisotropy in the LVZ of A2. The thickness becomes 130–150 km for A2 = 1%, a reasonable value
at a depth range of 60–100 km estimated in this study (Figure 9). If lateral variation of the fastest azimuths
exists in the LVZ, the value of 𝛿tLVZ becomes underestimated, i.e., the thickness becomes larger. If the fastest
azimuths in the lid and LVZ are different, the thickness becomes underestimated because the total splitting
time becomes less than the summation of 𝛿tlid and 𝛿tLVZ [Montagner et al., 2000]. These possibilities of overes-
timation and underestimation due to vertical and lateral variations seem to cancel to each other. The splitting
time, thus, indicates that the azimuthal anisotropy exists down to a depth of 190–210 km from the sea surface.
This result is consistent with the maximum depth for the azimuthal anisotropy of 200–250 km suggested by
previous surface wave study [Debayle and Ricard, 2013]. Since several tomography studies show strong radial
anisotropy in the asthenosphere [Nettles and Dziewonski, 2008], the intensity of azimuthal anisotropy may be
larger than the value assumed in the above discussion of 2%. The depth extent of azimuthal anisotropy then
becomes shallower. We need to design larger array of BBOBSs to constrain intensity of azimuthal anisotropy
at periods longer than 100 s to discuss the real depth extent of azimuthal anisotropy.

6.5. Difficulty of Estimating Radial Anisotropy
The estimation of radial anisotropy requires phase velocities of both Rayleigh and Love waves. In this study, we
mainly analyzed Rayleigh waves to obtain VSV structure and its azimuthal anisotropy. Although we attempted
to analyze Love waves as previously done by Takeo et al. [2013] in the Shikoku Basin area, we could not use
the phase velocities to estimate radial anisotropy in this study because the effect of first higher mode could
not be evaluated at this moment. In previous study, for example, Gaherty et al. [1996] suggested the presence
of significant overlapping of the higher mode to the fundamental mode of Love waves in oceanic regions.
Since our isotropic VSV model (Figure 3b) gives similar phase and group velocities for the two modes of Love
waves, their significant overlapping seems to exist in our data sets. The two modes can be isolated if we can
observe the swell of the amplitude due to interference between them. The expected wavelength of the swell
is, however, of the order of 4000–8000 km at a period range of 10–50 s, which is hard to resolve with the
current array size of 500 km. The raypath, or the array size, needs to be larger to resolve the interference
between multimodes of Love waves as previously done for long paths by Cara and Lévêque [1988]. The higher
modes might also affect the measured phase velocities of the fundamental mode Love wave for the Shikoku
Basin by Takeo et al. [2013]. In the future study, we need to evaluate the effect of higher modes on the phase
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velocity measurements of the fundamental mode of Love wave and obtain radially anisotropic models
beneath oceanic regions, which is beyond the scope of this study.

7. Summary

We analyzed records of nine BBOBSs deployed by the TIARES project in the French Polynesia region. In addi-
tion to the isotropic VSV model, we succeeded in estimating the intensity of azimuthal anisotropy at a depth
range of∼20–100 km by combining ambient noise analysis at periods of 5–30 s and teleseismic wave analysis
at periods of 30–200 s for the first time in the oceanic region. The isotropic shear wave model shows a large
velocity reduction at a depth range of 40–80 km (Figure 3), where the lithosphere-asthenosphere boundary
might exist. The azimuth of maximum S wave velocity was estimated to be NW–SE direction at depths of
20–100 km in both lithosphere and asthenosphere in this region. The direction is not perpendicular to the
magnetic lineation but is almost parallel to the directions of plate motions during the age of seafloor spread-
ing to the current age (Figure 7). This result indicates that the azimuthal anisotropy in the lithosphere records
the plate motion during the age of seafloor spreading at least in our study area, which is different from the
direction perpendicular to the ancient spreading axes, i.e., the current magnetic lineations. Spatial distribution
of azimuthal anisotropy was estimated by shear wave splitting analysis. The result suggests the perturbation
of azimuthal anisotropy caused by the current and ancient hot spot activities around the analyzed area. By
comparing the intensity of anisotropy determined from surface waves and shear wave splitting times, we also
estimated that the azimuthal anisotropy exists down to the depth of 190–210 km in the asthenosphere.
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