A theory of seismic wave propagations

—To decipher seismic waveforms—
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Introduction

Chapter 1

There are many different fields of research in this world. When we learn about a new research
area, what is the best part? Of course, there is no right answer to this question. However, if
I were to venture a guess, I would say that the new perspective changes how to see the world
before. For example, let’s say you learn about geology. You will understand that you will
be able to read the history of millions of years from geological clues in a field that you have
never seen before. You will realize that observing phenomena is not simple, and what you can
decipher depends on your understanding. In fact, the act of observation is not so simple, and
in itself reflects how the observer understands the phenomenon with a model. This lecture
covered a branch of geophysics. How does geophysics expand our horizons?

Physics is the study of symmetry and universality. In geophysics, we observe some geo-
physical data about the earth and read information from it. Symmetry and universality are
very important criteria for interpreting a phenomenon. Let us consider a situation which data
seems to be too complex. Even in such a case, once we recognize the governing process,
previously unseen symmetries may unexpectedly emerge. If you understand how to manage
to understand them, such symmetry may often appear sparkling like a kaleidoscope. But if
you don’t understand the background theory, they just look like a mess.

Let us imagine a scene where the wind blows and makes waves on the surface of a river. If
you have some background in the physics of water waves, you can see the dispersion of the
waves and observe how it changes depending on the depth of the water. If there is a current
in the river, you can also observe the effect of the current. Suppose there is a duck swimming
in the river (Fig. 1.1). First of all, you would notice that the duck is swimming faster than the
speed of the wave, so it is creating a shock wave. You may also notice that the group velocity
behind the duck differs from the phase velocity. Then you also notice the angle made by the
wedge-shaped wave behind the duck. Thus, if you have some background in physics, you will
be able to decipher some of the information about wind and water depth. The purpose of this
lecture is to learn such a physics background to interpret wave information.

In this chapter, I will first explain what seismology is a discipline that deals with and then
discuss the importance of understanding seismic wave propagation in this context. This is
followed by an overview of what is covered in seismic wave theory.
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Fig. 1.1 Waves made by ducks. Such waves are generally called wake waves, and the
ripples are described by the Kelvin pattern.

1 §1.1 How to interpret waveforms
of recorded seismograms

In this section, we review the basics of seismic wave propagation briefly.

Seismology™®® D) does not cover research on earthquakes but also seismic wave propagations
of the Earth generally. Roughly speaking, we can categorize research areas of seismology into
two. The former is how geophysical phenomena excite seismic waves. From the observed
seismic records, seismologists infer the physical processes such as earthquakes, volcanic
activities, and land slides"?). The latter one is a seismic exploration of the Earth’s interior.

When we observe a natural phenomenon, we assume a model implicitly. For example,
most seismologists had been interested in "earthquake" data. Of course, "earthquake" itself
as faulting is an important topic, and the "earthquake" also illuminate Earth’s interior. Seis-
mologists, therefore, recognized seismic wave field excited by an "earthquake" as a signal,
whereas they recognized seismic wave field excited by other phenomena —including ocean
swell, human activities, and so on— as noise. In spite of the explicit or implicit model, we

note 1) The term of "seismology" originated from ancient Greek (o€ 1o ud g (seismds, "earthquake") and doyia
(-logia, "study of").

note 2) Of course, other approaches such as geology and geochemistry are also crucial for understanding earthquakes
and volcanic activities.
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Fig. 1.2 Schematic figure of seismic wave field at an instance excited by an earthquake.
We can see the concentric shape, which shows the propagation.

Here we consider a simple example. When we enjoyed fireworks on a summer night, we
realized the lag time between the light and the sound. The lag is originated from the difference
in propagation speeds between light and sound (Figure 1.2). This situation is similar to the
seismic wave field of P- and S- waves: P- wave corresponds to light, and S-wave corresponds
to sound. One can infer the distance between the observer and the firework by the lag. This
principle is similar to locating a hypocenter of an earthquake from seismic data. When we
know the distance in advance, we can infer sound velocity from the measured lag time, as in
the seismic exploration of the Earth’s interior.

For seismological investigations, the theoretical background of seismic wave propagation is
indispensable. In this lecture, I introduce a framework for how we interpret seismic wavefields.
note 3)

Last ten years, numerical methods for calculating seismic wavefields in a 3-D heterogeneous
medium have become popular. They a feasible for estimating the 3-D seismic velocity structure
and understanding the source processed of earthquakes. For interpreting the calculated
seismic wave field, the background of seismic wave propagation based on physics and analytic
representation is important.

note 3) Research on seismic wave propagation had been developed as an application of applied mathematics. For
example, Jeffreys, who is famous for reference 1-D structure (Jeffreys and Bullen), is also known as a great
applied mathematician (e.g. WKBJ approximation and Bayesian statistics.). Although a classic textbook of
seismology focuses on techniques using complex analysis, this lecture emphasizes a more intuitive manner.
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| §1.2 Outline of this lecture

In this lecture, first, let us review a brief summary of governing equations of elastic media.
Next, I introduce Green’s function for understanding wave propagations in an infinite medium.
Then, I will explain the representation theorem as a generalization of the Huygens principle.
They give us a framework for understanding wave propagation.

As a first step for understanding wave propagations in a realistic medium, let us review the
effects of a free surface. Reflections and refractions are keys to understanding. In general, a
propagation problem in a semi-infinite medium is known as Lamb’s problem. Under some
situations, analytic formulations are obtained. Rayleigh wave is originated effects of the free
surface.

Next, let us consider wave propagations in a two-layer medium. For understanding, re-
flections, and refractions on the inside boundary are given. Based on the framework with
knowledge of the reflections and refractions, let us interpret wave propagation of the direct
wave, head wave, and reflection wave in a two-layer medium. Love waves can exist in a
two-layer medium, although they can’t in a semi-infinite medium.

The last chapter describes ray theory, which is a framework for interpreting wave propaga-
tions in a multi-layer medium. The theory originated from optics, and the mathematical and
physical treatments were already established firmly.

1§1.2 Textbook

Dahlen and Tromp (1998)” and Aki and Richards (2009)(") are standard textbooks in the
area of seismic wave propagations. The mathematical approaches in an intuitive manner are

given in Snieder and Wijk (2015).4 Saito (2009) is also a good textbook in this area but in
Japanese.

151.3 Bibliography

[1] K. Aki and P.G. Richards. Quantitative Seismology. Univ Science Books, 2nd edition,
2009.

[2] F.A. Dahlen and J. Tromp. Theoretical Global Seismology. Princeton University Press,
Princeton, 1998.

[3] Roel Snieder and Kasper van Wijk. A Guided Tour of Mathematical Methods for the
Physical Sciences. Cambridge University Press, 3 edition, 2015.

[4] AIREIESE. HUE R @, Al RS HIRE, 2009.



Equations for the
elastic Earth

Chapter 2

In this chapter, I summarize governing equations of an elastic medium. For further under-
standing, please read Theoretical global seismology.(")

| §2.1 Lagrangian and Eulerian
variables

Here we consider that a particle at x in a continuum at time 0. "¢ move with time as
r(x,t). A Lagrangian variable describes a quantity with time by the initial location of x, and
an Eulerian variable describes a quantity with time by a fixed frame as r(r,¢). An Eulerian
quantity g% can be related to the Lagrange quantity g* as,

q"(x,1) = ¢"(r(x.0),1). 2.1
Time derivatives of the equation lead to
dqt = 8,4F +u® -V,.qF = D,4F, (2.2)

where uf is Euler velocity. Material derivative D, represents the Lagrangian time derivative
of a particle in the Eulerian form. Later, d; is an abbreviation of %. A substitution of r(x, t)
to equation 3.2 as an Eulerian variable shows that equation 3.1 is equivalent to equation 3.2.

Edut = 0,u® +u® - V,.uf = D,q¢", (2.3)

When we consider seismic records, the Lagrangian description is more natural because the
seismometer is pinned at a surface point.

Later we consider an infinitesimal deformation in a framework of linear elasticity. Let us
consider small deformation s as,

r(x,t) =x +s(x,1). (2.4)

note 1) A pold symbol like x show a vector in this textbook.

11
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q=(r,t) = ¢°(r) + %' (r, 1),
g (x,0) = ¢"(x) + "' (x,1). (2.5)

Because s is small, the perturbations e of Eulerian variable ¢¥'andLagrangianoneq®' can
be written by,

gl (r.t) = ¢F (x, 1), q" (%, 1) = ¢ (1, 1). (2.6)

We note that the perturbations do not depend on x, r.
Next, let us consider a relation between an Eulerian preterition g©! and a Lagrangian one
g™'. When we consider first-order perturbation ¢! can be written by"*'®?

g (x,1) = ¢F (r,0) +5 - V4" 2.7)

This equation is the integration of material derivatives. In a framework of linear elasticity,
because we can neglect the second term of the right-hand side, we do not need to distinguish
Eulerian from Lagrangian. However, because stress and density have initial values (V¢°),
the spatial derivatives cause the discrepancy between the Eulerian and Lagrangian. When
we must consider initial stress (e.g. hydrostatic pressure owing to gravity), we must need
attention to the difference between the descriptions. In §7.1, we will take such an example.

1§2.2 Strain

In order to measure the deformation of an elastic body, let us trace two particles (r,r + dr).
At t = 0, they are located at x,x + dx. dr can be related to dx as,

dr =Vyr-dx = (I +Vys) - dx. (2.8)
The change of the distance between the particles is estimated to be

|dr|? = |dx|? = 2(dx - EL - dx). (2.9)
Here E* is Green-Lagrange strain defined by

1

Ef = %[Vs + (V)T = (Vs)Tvs] = = ( (2.10)

O, 2, 29 00
! .

ax,- +§j+6_xi6xj

When s is enough small to neglect the second-order term, the stress can be simplified as,

EL =

1(ds; Os;
Vs + (Vs) ] = = [ =2 d 2.11
[Vs+(Vs)"] 2(axi+axj) (2.11)

| —

Here, following Einstein’s summation convention, we calculate the summation of the term
over all the values of the index. Although strain tensor E” is a Lagrangian variable, we do
not need it from Eulerian strain when the infinitesimal deformation. The strain tensor has 6
independent components because of the symmetry.

note 2) See §3.2 of Dahlen and Tromp (1998)(") in details.
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Problem 2.1

When we consider a rigid rotation with an infinitesimal angle in 2-D, calculate the strain
tensor up to the first order. You can find second-order terms, although rigid rotation
should not cause strain from a physical point of view. Next, show Green-Lagrange strain
of an infinitesimal rigid rotation vanishes completely.

| 2.2.1 Strain in an arbitrary coordinate

Here we consider linear strain in an arbitrary coordinate. A displacement vector s can be
represented by orthogonal unit vectors as

s= ) sk (2.12)
J
The gradient of the vector is written by
(‘3
V=g — 2.13
o (2.13)

The insertion of the definition of s leads to the following equation:

Vs = : ﬁir’f’a_;:Zi:A' Zajf]+ZSj% . (2.14)

The second order tensor E can be represented by basis vectors and the corresponding com-
ponents as

E =) T#f;. (2.15)
The complication originates from the partial derivatives of the basis vectors.

Strain in a cylindrical coordinate (7, ¢, 7)

Here we consider strain in a cylindrical coordinate (r, ¢, z). Partial derivatives of the unit
vector 7 are given by, 7, ¢, Z T3,

or or or

- = 0’ —— A’ — =0

or 0y ¢ 0z

96 R o

9% _, 9% _ ;. 9% _

or dy 0z

0z 0z 0z

— =0, — =0, — =0. 2.16
or (") 0z ( )

The definition of the strain with the above equations leads to the following representation of
the corresponding components as:

E. - sy p 108y s p o 0s:
" ar’ % rde  r’TY T 0z
0s, Os ds, Os
2E,, = =+ E,=—"4+ = 2.17
0 S(p 185;«
2Er(p— FE(—)-F;(?SD
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Problem 2.3
[Derive the strain in a cylindrical coordinate shown above. ]

Strain in a spherical coordinate (r, 6, ¢)

Here only the results are shown as,

£ dsy 1 dsg LS 1 (0s, s cosg] 45
= _, = = — —_, = —|— Ky -
" ar> "% T 60 Ty T rsing\ ag | °
10s, 1 0sg 1 Js, 0 (S
2Eg,= -——L+—(Z28_ 0). 2B, = —— S ar (2] 218
o r 06 rsm@(éga S €08 ) 7 rsin€ 9y Tor \ (2.18)
0 (5S¢ 1 0s,
26, = —(2)+-=L.
ro rar r " r 06
[ d
| §2.3 Stress and traction
n
Let us consider a small surface X in a continuum
with the normal vector 2. Traction is defined by
force f per unit area acting on dX. The traction is d
parallel to the normal vector 7, and the positive sign
is defined by force from the positive side according to
the normal vector to the negative side. Stress T3
is defined by
f=dzi-TE. (2.19)

Traction f1, of medium 1 from medium 2 is f5;.

1§2.4 Conservation of angular mo-
mentum

Conservation of angular momentum requires that the stress tensor is symmetric as 7;; = T;.
note 4) as - Tij — Tji
This symmetry is held in the absence of microscopic spin interaction.!”)

note 3) This stress is Cauchy stress in a precise manner. There are two other definitions (see Dahlen and Tromp 1998
in details).
note 4) This symmetry is derived from the equilibrium of the moment of an infinitesimal volume.
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s Problem 2.3 ~N

Let us consider angular momentum along the z axis of an infinitesimal cube with a side
of €. Show T, = Ty from the conservation of angular momentum in cases:

1. Ty, and Ty are constant, and other 7;; are zero.
2. (Optional)

Txy (x) = Txy (xO) + Txya x(xO)(sx + Txy’ Y(xo)éy, (220)
Tyx (x) = Tyx (xO) + Tyxa x(xO)éx + Tyx’ Y(x0)5y, (221)

and other 7;; = 0.

[ §2.5 Conservation of mass

Let us consider governing equations conservation of mass first. This equation becomes
important for buoyancy force.
In general, conservation of mass can be written as,

8" ==V - (pFu®), (2.22)

where u” is Eulerian particle velocity.
Here we consider the first-order perturbation of the density as

pE = p0 4 pEl. (2.23)
Time integration of the first order perturbation leads to
Pl ==V (pos). (2.24)

The right-hand term represents the divergence of the mass flux, whereas the left one does the
change of the mass. On the other hand, the Lagrangian form can be written by

Pt = —poV - (s). (2.25)

Because we focused on a particle, the right-hand side shows corresponding expansion or
deflation.

We note the discrepancy that the Lagrangian density perturbation pZ! is pf'! = —pV - s.
If Vpy is 0, they are the same. However, they are different in general. When the wavelength
of a seismic wave is much smaller than the typical scale of density change, we can neglect the
difference.
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152.6 Equation of motions: conser-
vation of momentum

Let us consider a temporal change a volume V’.

d
— [ pEufavi =F, (2.26)
dt G

The external force F can be written by surface force acting on 9V’ and body force acting
throughout the volume, such as gravity and electromagnetic force as

F=F+Fp = (A" - TE)dx! +/ pEgtadv!. (2.27)
Vt

ov?

Fb

With a help of Gauss’s divergence theorem, they can be written by

pEDwuE =V, - TE — pEvgE! (2.28)
If we can neglect initial stress up to the first order, it can be simplified as
pod?s =V - TE! (2.29)

When we consider hydrostatic pressure, the equation of motions up to the first order can be
written as
pods =V - TE — pEvgE, (2.30)

where ¢F is gravity potential ">, When we consider gravity, we must consider hydrostatic
pressure, which sustains the gravity force. Deviatoric stress 7! from the hydrostatic pressure
can be written by,
E_ _ 0 El
Tij =-=p 6ij+Tij . (231)

Because the hydrostatic pressure sustains the gravity force, the pressure should satisfy the
relation as,
Vp? = —poVe'. (2.32)

They lead to
p0d2s =V - TE' -V [p0s - V¢'] — pOVef! — pElvel, (2.33)

note 3) Here we consider gravity, but we neglect perturbation of gravity (an effect of self-gravitation). This approxi-
mation is known as the Cowling approximation in the field of astrophysics. In particular, this approximation
is effective for a stratified atmosphere. The effect of self-gravitation becomes important in a period longer
than 3000 s as described later.
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[ J
§2.7 Conservation of energy
Total energy (kinetic energy + elastic energy) U, and energy flux K can be written by
1
U= 3 |podis - s + zjl E;Ty|, (2.34)
K=-T-0s. (2.35)
Conservation of energy can be written as,
oU+V-K=0. (2.36)
Elastic energy W can be defined by
1
W = EZE,,-T,-,-. (2.37)
ij
Stress can be represented by the spatial gradient of W as
ow
T . 2.38
= 3E, (2.38)

We will discuss the condition for the existence of elastic energy W as a potential energy below.
Work per unit volume 6R done by the internal stress 7;; can be given) by

R = ~T;;6E;;. (2.39)

For deformation from £ = 0 to E = AE of a given infinitesimal volume, the corresponding
work AR by the internal stress is given by

AE
AR = - / > TdEy;, (2.40)
0

which depends on the history of the deformation. Then we deform it again from £ = AE to
E = 0. Elastic deformation requires AR = 0 because the internal stress should be conservative.
The conservative property requires the following condition

oTij 0Ty
O0Ew  OE;;

(2.41)

In the 2-D case (in this case, the number of the independent stress/strain components is 3), this
condition can be interpreted as vortex-free (Problem 2.6). Consequently, the elastic energy
W can be interpreted as a scalar potential.

Problem 2.4

Derive
dR = -T;;dE;;. (2.42)

(Hint: Estimate work done by the internal force F; = 9;T;;.)
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e Problem 2.5 ™~
)]

Let us consider works for
two different deformation
paths for a simple 2-D
case. A rectangular area
is deformed according to aEw

the strain of Ey = AEy, j (i (" , SRR
Eyy = AE,, with two dif- s B > |- !
ferent paths: (i) first de- [ b— L ' '
form the area with AEy,

then deform it with AE . Fig. 2.1

(i1) First deform it with AE ., then deform it with AE',, as shown in Figure 2.1. Estimate
works of AR and AR for the cases (i) and (ii), respectively.

When the stress satisfies the condition of a conservative force, AR = AR is required.
Show the following condition of elastic modulus, which satisfies the above requirement.

(a) (b)

Eyy

_______

Cijki = Criij» (2.43)
\_
e Problem 2.6 ™~
In order to understand the relation (equation 2.41):
6Tl J aTkl
= , 2.44
0Ey OE;j ( )

let us consider the 2-D case (3 independent variables of stress/strain components). Derive
the condition for the case that works 6 R, which is work done by the internal stress, does
not depend on deformation paths.

This condition guarantees that the spatial gradient of a scalar potential W can represent
stress 7. Thus elastic energy W can be interpreted as the scalar potential for stress T.

- J

|§2.8 Constitution equation: Hooke’s
law

In order to determine elastic deformation, we must know the constitutional relation be-
tween stress TX! and strain E; . For understanding the deformation of an arbitrary volume,
Lagrangian description is essential. First, we, however, do not take care of the difference
between Lagrangian and Eulerian without consideration of initial stress. For a linear elastic
medium, a relation between stress and strain can be represented by Hook’s law as

Tij = CijEn, (2.45)

where C;jy; is elastic tensor with 81 components. The symmetry of stress and strain tensor
leads to the symmetry of C;jx; as Cijxi = Cjiki, Cijrr = Cijix. 1st law of thermodynamics
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requires Cijx; = C klij“me ), As a result, the elastic tensor has 21 independent components.
When an elastic medium is isotropic, the elastic tensor can be simplified using Lamé
constants A, u as,
Cijki = A6; 6k + p(0ik6 1 + 010 ji). (2.46)

Here we derive Hooke’s law for the isotropic medium explicitly for further sections.

Tix = (A+2u)Exx + A(Eyy + E;7), Ty =2uEy,, Ey; =2uE+;
Tyy =1+ 2,u)Eyy + A(Exx +E;;), TyZ = 2,uEyZ
To; = (A+2u)E; + A(Exx + Eyy). 2.47)

The are several different definitions of the elastic constant, although they are identical in
theory. Young modulus E and Poisson’s ratio v are also major, and they can be related to

Lamé’s constant as
E= uBA+2u) P

= —. 2.48
A+u Y 2(A+ ) (2.48)

Here we consider the effects of hydrostatic pressure on elastic medium. In the deep Earth,
the hydrostatic pressure reaches several hundred GPa, the initial pressure is not negligible in
some cases. In order to trace the temporal change of an infinitesimal volume V?, the variables
are described by Lagrangian as,

Pt =po+ptl. (2.49)

The constitutional relation can be written by
ptl =A%)V -s. (2.50)
Eulerian equation of motions can be written by

pFl=s-Vpo-ptl. 2.51)

The initial hydrostatic pressure py should meet the following condition,
Vpo + pog =0. (2.52)
With the conservation of mass, we obtain the following equation,
pod7s = VpH + po[(V-5)g = V(s - g)]. (2.53)

With wrong descriptions by a mixture between Eulerian or Lagrangian, the buoyancy term
disappear. When we consider buoyancy owing to gravity, we must take care of the difference
between Eulerian and Lagrangian descriptions.

note 6) Gee a textbook of continuum mechanics in details.
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| 2.8.1 A microscopic model for Hook’s law

For a better understanding of P- and S-wave propagation in an elastic medium, let us
consider a simple mass-spring model. In particular, for S-wave propagation, "cross spring" is
important.

§ 2.8.2 1-D case

Restoring force (stress) against
stress in an elastic medium causes seis-
mic wave propagations. First, let us

k
consider a 1-D case for simplicity. Fig- Q\N\/\/‘—&N\/\FO_\Q/\/\F@N\/\/L@N\/\/LO
S,

ure 2.2 shows such an example that S

L i+1 »
. » X
masses (mass m) are connected with
each other by springs (spring constant k).
The equation of motions can be written by Fig. 2.2 A 1-D mass-spring model.
9%s
mm =k(si41 —28; +5i-1). (2.54)

Because the right-hand side represents second order finite difference of s, in the limit of a
continuum, the equation becomes a wave equation as,

2% 9%

o _ 9% 255
oz~ “ox2 (2.55)

where k = pc?. The wave propagates with a phase velocity of c.

J 2.8.3 2-D case: P and S waves

The P wave propagates faster than the S wave. The travel time difference is crucial for
locating a hypocenter of an earthquake (e.g. Omori formula"®”). An early warning system
of a large earthquake forecasts the arrival of the large S wave using the faster P wave arrivals.
Why is the P wave faster than the S wave?

Let us consider a thought experiment described by Figure 2.3.

1. Put pressure on the surface of a thin sheet.

2. The thin sheet shrinks.

3. Align compressed thin sheets and decompressed thin sheets alternatively. The decom-
pression of a thin sheet causes the expansion as shown in this figure.

4. The thin sheets must be welded. To fit the boundaries, the thin sheets are accompanied
by shear deformation. To keep the boundary of thin sheets, P waves require shear
deformation. The deformation of the P wave in an elastic medium is composed of
volumetric deformation and shear deformation, which corresponds to the S wave. As
a result, the P wave is faster than the S wave.

note 7) You can find the paper( ) athttp://hdl.handle.net/2261/32677.


http://hdl.handle.net/2261/32677
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Fig. 2.3 Deformation of the medium associated with P-wave propagation.

Let us extend the 1-D mass-spring
model to a 2-D one. "Cross-springs" are 1
crucial for representing S-wave propaga-
tion in a 2-D case. Here we consider a
simple model as shown in Figure 2.4.

First, let us consider a pain wave prop-
agation of the S wave in the y direction.
The displacement does not depend on x.
The ith mass is moved with displacement
sxi inthe x direction. The spring shown by
the thick line in the Figure exerts restoring
force TS to the mass m. T can be written as,

FEEOIEEA

TiS — % k(sy.ir1 — §ig)2-4 A 2-D mass-spring model. (2,56)

Because the lower spring also exerts restoring force to the mass, the total restoring force is
TiS - Tfi ;- Then we obtain a discretized wave equation.

Next, let us consider P-wave propagation. The displacement does not depend on x. The ith
mass is moved with displacement sy, in the y direction. The spring shown by the thick line in
the Figure exerts restoring force T to the mass m. T* in the x direction can be written as,

3
TP = Ek(sy,m — Sy.i)- (2.57)

The total restoring force is TiP - Tllj - A comparison of equation 2.57 with equation 2.56
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shows that the restoring force of the P wave is stronger than that of the S wave. This leads to
faster P-wave propagation than S-wave one.

Last, the relation of the mass-spring model to the Lamé constant is clarified as follows.
A model depicted in Figure 2.4 leads to A = u = V3/4k. In the case, S-wave 8 speed is
determined by rigidity ¢ and density p, whereas P-wave velocity V p) is related to both A4 and
H as,

A+2u

o
B = \/E (2.58)
o

For P-wave propagation, A represents restoring force related to fluid pressure, whereas u
represents restoring force to suppress tangential motions.

e Problem 2.7 ~

Derive equation 2.56 and equation 2.57.

Hint: Because we consider a plain wave, rela-
tive motions depending on x are negligible. For
a simple mode shown in Figure 2.5, calculate
restoring force to displacement s, and s,,.

Fig. 2.5 A simplified model.

\_ J

1§2.9 Boundary conditions

When we solve equations of motion, the boundary conditions are indispensable. Lagrangian
description of the boundary conditions is natural. However, we do not take care of the
difference when we do not consider initial stress.

§ 2.9.1 Solid-solid boundaries such as Moho and 660 km
discontinuity

Fig. 2.6 Schematic figure of a plane X% and X~

Let us consider plane X* and £~ which surround the boundary. The equilibrium of force
and the continuity of the displacement s lead to the following boundary conditions:

Continuity of displacement: [s]* =0.
Continuity of traction: [TL! - 4]+ = 0.
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§ 2.9.2 Solid-fluid boundaries such as ocean floor and core-
mantle boundary

For solid-fluid boundaries, free slip condition in the horizontal direction is important.
The discontinuous property of displacement causes trapped modes along the boundary as
explained in later sections™®®.

Continuity of displacement: [s - #]* = 0. Horizontal slip to discontinuity is allowed.
Continuity of traction :  [TX!-a]* =4 - [/ - TE' - 4]* = 0. Note that shear stress in the fluid
vanishes.

| 2.9.3 Continuity of gravity potential for all boundaries

[¢"']2 =0
[n-V¢E!' +47Gp°n - 5]t =0

| §2.10 Comparison with terms of
the equation of motions

Let us estimate the order of each term of the equation of motions for u = e (k*~«?

w is angular frequency, and k is wavenumber.

, Where

Inertia: pd?’s —pw?s
Elasticity: V- T k’ks
Gravity: pksg

Table 2.1 Estimation of each term of the equation of motions.

Here g is gravity acceleration, « is a typical elastic constant (pseismic-wave velocity?). A
comparison between the gravity term and the elasticity term is given by,

Gravity 0g
— 7 B 2.59
Elasticity  k« 2.59)
2mseismic-wave velocity

8

T ~

~ 3000s (2.60)

The period corresponds to the gravest mode of the Earth. We do not need to consider the
gravity term in a period shorter than 100 s. For infra-gravity waves in the atmosphere, because
the sound velocity is 340 m/s, the gravity term becomes comparable to the compressibility
term for a period longer than 200 s.

note 8) When we need to consider hydrostatic pressure or initial stress, we must take care about the contribution
[Dahlen and Tromp, 1998].(")
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Fig. 2.7 Coriolis splitting of the resonant peak of (S, when the great Sumatra-Andaman
earthquake in 2004.

At periods longer than 1000 s, Coriolis force originating from Earth’s rotation is not
negligible. In such a case, seismic wave velocity depends on the propagation direction™?).
Figure 2.7 shows the splitting of resonant peaks of ¢S, due to Coriolis force during when
2004 Sumatra—Andaman earthquake. The directivity breaks the reciprocity of elastic Green’s
function, which is explained in the following chapter (see Dahlen and Tromp 1998 for details).
Read Snieder er al. (2016)" for details of the Coriolis effects.

Problem 2.8

Based on a comparison of the Coriolis term and elastic restoration force, estimate the
period at which the Coriolis force becomes significant.

note 9) An example of the 1960 great Chilean earthquake can be found in The Feynman lectures on physics http:
//www. feynmanlectures.caltech.edu/I_51.html. We can imagine the atmosphere of Caltech in 1960’


http://www.feynmanlectures.caltech.edu/I_51.html
http://www.feynmanlectures.caltech.edu/I_51.html
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Green’s function and
representation theorem

Chapter 3

Green’s function is a useful tool when we consider seismic wavefield excited by an event. This
chapter explains a framework for interpreting seismic wavefields excited by various events,
such as earthquakes and volcanic eruptions, using the representation theorem, which can
be regarded as a natural extension of Huygens’s principle. First, an acoustic (scalar) wave
treatment is explained, then an elastic (vector) wave treatment is explained briefly.

1§3.1 A solution of the wave equa-
tion in 1-D medium

First, let us consider the simplest case of a wave equation: 1-D wave equation. Here we
consider acoustic wave propagations. The elastic constant x and density p are homogeneous
for simplicity. Pressure fluctuation p satisfies the following wave equation:

L& p

— =0, 3.1
a?  0r? 0x2 G-I

where « is sound speed given by a = W

For understanding, the wave equation is mapped into the time-frequency domain by Fourier
transform. The Fourier component P(k, w) of the pressure fluctuation becomes a function of
wavenumber k and the angular frequency w as:

2
(% - kz) P(k,w) = 0. (3.2)

Thus P must satisfy a dispersion relation w?/a*> — k> = 0. Here we consider one Fourier
component P(k,w)e'(“**¥)  Because the dispersion relation leads to k = +w/a, the The
Fourier component can be rewritten as P(k, w)e'(“(*¥/®) which represents the propagation
toward the positive and negative directions of the x axis, respectively.

27
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d’Alembert solution
Let us evaluate the behaviors of the solution more mathematically. With changes of

variables; & = x — at, 7 = x + at, the solution of the 1-D wave equation can be represented by
the arbitrary function ¢ and ¢ as,

p(x,t) = ¢(x —at) + ¥ (x + at). (3.3)

The first term of the right-hand side represents the propagation toward the positive direction
along the x axis, whereas the second term represents that toward the negative one.

Initial value problem

Let us consider how to solve the problem for the initial value at t = 0 given by

p(x’()) =P0(x), (34)
op B
ol qo(x). (3.5)

By comparing the initial value with the d’Alembert solution as

po=¢(x,0) +¢(x,0) (3.6)
I L
q0 = “(az az)' 3.7)

Integrating equation 3.7 leads to the solution of ¢ & . By the insertion of ¢ and ¥, we obtain
the solutionp(x, ) as,

x+at

Pt =5 ol —an +potrsan] + [ g’ (8

x—at

Problem 3.1

1. Derive equation 3.3.
2. When p meets the initial condition at ¢ = O given by

%2

p(x,0)=e¢ 2 (3.9)
dp(x,0)
o 0 (3.10)

solve and plot the solution.
3. When p meets the initial condition at = 0 given by

QN‘XN

(3.11)

Il
®

p(x,0) =0, pdvpt|,_,

solve and plot the solution.
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| 3.2 Acoustic Green’s function

An external force can represent the excited waves when considering seismic waves caused
by geophysical phenomena such as earthquakes and volcanoes. In this case, we can evaluate
the excited wave motion by considering the impulse response (Green’s function) to the external
force and by convolving the spatiotemporal distribution of the external force. This section
first shows the features of Green’s function.

First, let us consider acoustic wave propagation for essential understanding. Equation of
motions and Hook’s law («V-s = —p) lead to a wave equation concerning pressure perturbation

p(x,t)as,

po®) k) ar po(x) (6-12)

Here we consider a Green’s function g(x,t; &, 7), which is an impulse response for impulsive
force 6(x — £)5(t — 7)™ D as

v. Vp(x,1) N 1 0*p(x,1) V. (f(x,t))'

Ve(x,;6,7) 1 Pglxnén) )
s S v (3.13)

-V

Problem 3.2

Explain physical meaning of the external force term —d(x — &) of equation 3.13
(divergence of the particle velocity V - v).

If the boundary condition is time-independent, the Green’s function exhibits time invariance
as,
g(x,1;£,7) = g(x,1 - 7:£,0). (3.14)

Therefore, the time difference ¢ — 7 is enough variable to represent this problem.
Pressure field p(x,?) can be represented by superposition of Green’s function (g(x,t —
7;£,0)) as
pen = [ atesien v (L)aviear (3.15)
\4 Lo

note 1)
ﬂmszumum»

Therefore note that the dimension of the delta function is 1/m.
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Next, the representation of the equation in frequency domain is considered. P(w,x) shows
Fourier transform of pressure p, and w is angular frequency™ 2
We do not consider hydrostatic pressure here.

VP(x, 2
VPE0) | 9 b w) = Flx.w), (3.16)
po(x) Kk(x)
where F is Fourier transform of external force term V - (’; f)’(c;t)) )

Green’s function in frequency domain satisfies the following equation,

VG(x,&,w) W

. +
po(x) k(x)
where G(x, ¢, w) is Green’s function in frequency domain. Then, pressure field P excited

by an arbitrary force distribution F can be represented by a convolution between Green’s
functions and the force distribution as,

\%

G(x,é,w)=0(x=¢&), (3.17)

p= / G (x,£,0)F (£, 0)dV(&). (3.18)
\4

1§3.3 Green’s function in an infinite
homogeneous medium

To understand the behaviors of Green’s function, this section explains the explicit repre-
sentation of Green’s function. First, let us summarize the basics of the wave equation.

] 3.3.1 1-D wave equation

Let us consider a 1-D wave equation. This solution can be recognized as plane wave
propagation in a 3-D medium.

d’Alembert solution

With changes of variables ¢ = f — ax, and n = t + ax, a solution of a 1-D wave equation
can be written as

p(z.t) = po(t — z/a) + p1(t + z/@), (3.19)

where f and g are arbitrary functions. The first term of the right-hand side represents the
wave propagation toward the positive direction of the z axis, and the second term represents
the negative direction.

note 2) Take care about definitions of the sign and the normalization of the Fourier transform because the definition
depends on the field. Fourier transform # and inverse Fourier transform #~! are defined as

0o

U(w):ﬂu)s/ u(t)e ' °tdr,

—00

u(r)=F'(U) = % [o U(f)e'“' dw.

Details of the definition in this text are shown in the appendix 3.B.
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l 3.3.2 Derivations of Green’s function in a 1-D medium
For an infinite homogeneous medium, equation 3.17 can be simplified as,
1 §2G'P 2
LIGCT @60 _ 5. (3.20)
po 072 K

Problem 3.3

1. Solve the equation except for z = 0.

2. At z = 0, the equation is singular because of the delta function. Integrate
equation 3.20 in a rage of —€/2 <= z <= €/2). Then derive the following
equation,

= pp. 3.21
o2 00 (3.21)

-€/2

Note that integration of Green’s function in the infinitesimal range is negligible
from equation 3.18.

3. By continuation of the two solutions at z = 0, derive the following result of
1-D Green’s function as,

1D _ POl ikl
G " (z,w) T i (3.22)

4. Inverse Fourier transform of G'P show

g'P(z1) = {0 £<zl/a (3.23)

~2po 1 >= 1)/

5. Problem 3.1 (3) gave the initial velocity at ¢ = 0. Compare the solution to this
problem with the solution, and interpret the physical relation.

| 3.3.3 Derivations of Green’s function in a 2-D medium

Here we consider a cylindrical coordinate (r, ¢) with origin at xi.

2D 2
119 (raG ) + 2620 = §5(x - xo). (3.24)
poror or K
1. Except for r = 0, a solution of equation 3.24can be represented by superposition of Oth
order Bessel function of the first kind Jy(r) and Oth order Neumann function Ny(r).
2. At r = 0, the equation is singular. Then integrate equation 3.24 at an infinitesimal
circular area (C) at around the origin. Using Gauss’s divergence theorem, show

aGZD
C (')r

dl = pg. (3.25)

3. By continuation of the two solutions at the origin » = 0 derive the following result of

2-D Green’s function as 00

G2P — _;
"4

H (kr). (3.26)
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time

> Location

Fig. 3.1 Propagation of 2-D Green’s function.

Here HSZ) is Hankel’s function of the second kind.
4. In the time domain, the corresponding Green’s function can be written by,

_po H(t-r/a)

21 2 =2 ]a?

¢ (r,1) = (3.27)

where H is the Heaviside step function.

Problem 3.4

1. Show that Hankel function of the first kind can be approximated by a cylindrical
wave in far field.

2. Interpret distance dependence of the amplitude based on the conservation of
energy.

3. Show the amplitude of 2D Green’s function in time domain (equation 3.27) is
proportional to 1/+/r if the distance r is enough long.

] 3.3.4 Green’s function of a 3-D medium

This subsection explains Green’s function in a 3-D medium, which describes 3-D wave
propagation for the forcing 6(x)d (7).

agP\ 1 9?
_ L 10208\, 139 _ _ P
(r o ) +.8 pye 0(x)o(t) (3.28)

To consider the amplitude, first, let us consider the d’Alembert solution™ ¥, With a change

note 3) Ty general, behaviors of solution of wave equations in even dimensions are quite different from those in odd
dimensions. The former is localized close to the wavefront, whereas the latter lasts for a long time.
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of the variable as p = p/r, the solution is given by,
r— r+
- Po=r/a) | pi(trja) (329)

r r

which represents spherical waves outward and inward. The amplitude decays with 1/r. The
distance-dependent is also given by the conservation of energy on the expanding (or shrinking)
wavefront.

Green’s function in a 3-D medium is given by

B0 gy = P00l = /) (3.30)
4r r

See Problem 3.5 for the derivation.

Problem 3.5

Here we consider a spherical coordinate (r, 8, ¢) with origin at &.

114 (,0GP g
2907 L 250 e g (3.31)
por2or or K

1. With a change of variable as G*” = G /r, rewrite the above equation.

2. Solve the equation except r = 0.

3. Atr =0, the solution is singular. Integrate equation 3.17 within an infinitesimal
sphere. Then show the following equation

d% = po, (3.32)
b or
using Gauss’s divergence theorem.
4. By continuation of the two solutions at the origin r = 0 derive the following
result of 3-D Green’s function as,
G3D _ _@ e~ tkr
. r

(3.33)

5. Calculate inverse Fourier transform the above equation.
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Problem 3.6

1. The pressure response for forcing f(x) = 6(z) in a 3-D medium can be
interpreted by 1-D Green’s function. Based on this fact, show the relation
between 1-D Green’s function and 3-D Green’s function.

2. Equation 3.27 shows 2-D Green’s function does not go zero after the arrival
of the wavefront. Derive 2-D Green’s function from the 3-D Green’s function
based on 3-D Green’s function with a line source given by §(r).
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| §3.4 Green’s function in a homo-
geneous elastic medium

Let us consider the equation of motions

92 0
Here we neglect self-gravitation and initial stress.
For an isotropic and homogeneous elastic body, the equation can be simplified as,

pﬁtzs =A+)V(V-s) +uV3s +f

=(A+2uW)V(V-s) —u(VXVXs) +f (3.35)

Pwave Swave

The first term of the right-hand side represents the P wave with volumetric changes, whereas the
second one represents the S wave with shear deformation. Later we consider a homogeneous
and isotropic medium

| 3.4.1 Elastic potential: Separation between P save and S
wave

In order to clarify the perspective, displacement s is written by scalar potential ¢"*** and
vector potential ¢ using Helmholtz’s theorem as

s=Vop+Vxy. (3.36)

I note that vector potential ¢ has ambiguity for the choice of the reference. Vector potential
U’ =y +Vyleadsto VXY’ = Vxy. For static magnetic field, we choose a vector potential as
V -y in general. In the case of an electromagnetic field, vector potential is related to the scalar
potential for each other, whereas, in the case of elastic deformation, they are independent, as
shown in later sections. In the case of an elastic wave field, we can separate the P wave and
S wave without the choice of a reference of vector potential as V X ¢ = 0. For example, for
a stratified medium described in later chapters, a form of vector potential as V X (¢ + V X x)
becomes convenient because the two terms (¢ and y) represent horizontally polarized S waves
(SH) and vertically polarized S waves (SV), respectively.”

Insertion of equation 3.36 into equation 3.35 leads to

62
V2 (Pa—tf - (/l+2u)V2¢) -V f

0’y

(3.37)
VxVx(p—+,uV><V><xp):V><f

o0t?

where a is P-wave velocity and S is S-wave velocity (1 +2u = pa?, u = pf?).

note 4) Based on the definition, the scalar potential ¢ can be related to pressure p = —pa2V2 .
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A formula of vector analysis of
VxVxy=V(V-y) -V

and VX [V(V -] =0lead to

2

9
VxVX|[p— — uViy|=Vx f.
(pM M !ﬁ) S

Similarly, the Helmholtz decomposition of f is given by

[f=VO+V XY

Thus, to satisfy the equation of motions,

62

a—t;ﬁ - (/l+2u)V2¢ =0
o’y
gz THYY =Y

(3.38)

(3.39)

(3.40)

3.41)

is sufficient "% These equations correspond to wave equations of P-wave and S-wave,

respectively.

note 5) There are also terms for translational motion and rigid body rotation (see Problem 3.7) as solutions, but they

can be dropped because they violate the infinitesimal assumption.
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Problem 3.7

> 8 =

Let us consider the equation:

2
V2 ( 1 9% _ V2¢) =0 (3.42)

a? 012

Estimate ¢, which satisfies V¢ (x, 1) = 0.

Show that ¢ + ¢ also satisfies equation 3.42.

Show that ¢ represents a translational motion when ¢ satisfies equation 3.35.
Let us consider the same discussion for the vector potential g given by

0 Txy Txz\[X
Yo =|-Txy 0 vz 11Y ] (3.43)
—rx; —ryz 0 /\z

which represents a rigid rotation. Based on the discussion for scalar potential,
the vector potential satisfies the governing equation. In this text, we drop the
effects because they are not first-order variables.
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| 3.42 Green’s function for an explosive source

In general, an excitation problem in an elastic medium by a force is complicated. In order to
understand the important concept of "near field" and "far-field", let us consider an excitation
problem of elastic waves by an explosion source, which can be described by only a scalar
potential. This simple example could be helpful for understanding elastic wave propagation.

First, let us consider Green’s function G¢ for scalar potential ¢. For an impulsive pressure
6(1), the Green’s function is given by

20:h (y 4
9°Gix. 187 _ ivl(yﬁ =6(x —&)6(t—1) (3.44)
ar? a?

1 —
G¢(x,l;§,7):m6(l—T—lxa,fl) (3.45)

Near field term and far-field term for a point explosive source
First, let us consider a response for a point explosive source for simplicity. Within an
infinitesimal sphere with radius Ar at the origin suddenly increase the pressure Ap at t = 0 as,
PPN (£, 7) = Ap(1 = H(r — Ar))H(1), (3.46)

where H(t) is Heaviside function"®®. The minus sign is originated from the difference

of sign between pressure and stress tensor. Because an explosive source cannot cause shear
deformation in a homogeneous medium, we consider only scalar potential ¢ here. ¢ can be
given by convolution between the Green’s function and the source term pSOUI€ a5

6= / " G0 (x1,£,7)pSONCE (£, 1)V (£)d

_ ApAPH(t-g)
T 3pa? r )

(3.47)

Potential at x against time

@QH . _i=rja

Pressure source

_Ap ZAVz
3pa’r

N /

Fig. 3.2 Schematic figure of the deformation by the explosive source.

The displacement s can be represented by gradient of the scalar potential ¢ as

_ ApAr? H(t—r/a)+ 5(t-r/a)
" 3pa? r? ar | (3.48)

Sr

Near field term  far field term

noted) i)y =1,r>0,H(t)=0,t <0
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The displacement of the near field term can be interpreted as static deformation by the
incremental pressure at a point. For ¢ = oo equation 3.44 can be simplified as,

ViG? = —a?5(x - ). (3.49)

The form of this equation is equivalent to a static electric field by a point charge.

The far-field term represents a propagation of the delta function. The amplitude decreases
with distance ~ 1/r. This result means that net energy flux on a given sphere is constant
(4rr?(r~1)? is constant) against the propagation distance. This result originated from energy
conservation owing to the wave propagation.

vspace3cm

Problem 3.8

1. Derive equation 3.47.
2. Derive equation 3.48, and plot the near field term and the far field term.

l 3.4.3 Green’s function of a homogeneous medium for
impulsive force: a general case

Green’s function is feasible for estimating an elastic response by a general forcing. Let us
consider Green’s function for an impulsive force Xy(#)d(¢) in the x direction,

2
%G =a’V(V-G) - BH(V XV XG)+[5(x)Xo(1),0,0] (3.50)

The external force can also be represented by scalar potential® and vector potential ¥
based on Helmholtz theorem as,

[6(x)X0(2),0,0] = VD +V x V. (3.51)
div of the both sides of the equation leads to

06(x)
Oox

Here we consider the Green’s function (equation 3.3.4) satisfies the following equation:

VO = Xo(1)

) (3.52)

11
Vi \ gm0 (3.53)
4r |x|
The comparison leads to ™°©7),
_ Xo(n) 9 1
~ 4m Ox|x |
Xo(1) a 1 9 1
b O Txl T avixl) 3.54
an ( dz|x | dylx| (3.54)

note 7) gee Aki and Richards(") in details.
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G can be also represented by a superposition of scalar potential ¢ and vector potential ¥
based on Helmholtz theorem as,
G=Vop+Vxy. (3.55)

Each potential satisfies the wave equation. For example, the scalar potential satisfies the
following equation,
¢
912

¢ can be given by convolution between the scalar Green’s function in the 3-D medium and
the forcing term @ (see the first section of this chapter).

The scalar potential can be written by a convolution between the scalar Green’s function
and @ as

=a*V2¢ + . (3.56)

1 |x — x0] 1 0
) =——— Xolt — ——dV 3.57
#x.1) (47T)2/OC¥2/V °( a )|x xol oxo o 0 BT

A change of variables of |x — &| = a7 leads to the following equation:

_ 1 X()(l - T) o b
o(x,t) = @nipa? / ([/ 9% |§|dS) T. (3.58)

Here we focus on the integral ff dS. The circle in
Figure 3.3 represents a spherical shell with the radius £
at. The surface integral of a potential 1/r leads to
an analogy to a problem of gravity potential. If the
mass is the uniform distribution on a closed shell, the
term represents the spatial gradient of the potential
along x direction at the origin O (i.e., it corresponds 0 X
to x component of gravity ). Based on the analogy
for a problem of gravity, when the point O is inside
the shell, the gravity is 0. On the other hand, when
it is outside the shell, the mass is concentrated at the
center x virtually. This result leads to the following Fig. 3.3 Coordinate for evalua-
form: tion the potential ¢.

o(x,1) = b (il)/ Xo(t—7)dt. (3.59)
drp \oxr) Jy

The vector potential is also written in a similar manner. With some calculations, we obtain
the potentials as,

1 o1 r/a
-7)d
o(x,1) = ( )‘/0 Xo(t — T)dT

47rp oxr
(3.60)
Y(x,1) = : o1 01 /r/ﬁrx (t—71)dt
dnp (’3z r’dyr) Jo 0 '

By substituting the scalar and vector potentials into s = V¢ +V X, we obtain the following
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expression:
1 a 1\ [k
si(x,1) = m ((’)xiax;) [ X Xo(t — 7)dt
1 or or r
_ | —— | Xyt - -
¥ drpar (ébc,- ax) 0 ( a/)
1 ar 0
s ——— 00 - — ) xo [t - =] (3.61)
drnpBr ox; dx B

The first term represents a near field, the second one represents a far field of the P wave, and
the third one represents a far field of the S wave.

Now let us consider the near and far field terms in a little more detail. We can determine
whether we are near or far based on two timescales: the first is the characteristic time of
X (1), and the second is the P-S travel time difference /8 — r/@. From a simple calculation
(see Problem 3.9), when the characteristic time of X(z) is sufficiently smaller than the P-S
travel time difference, the second and third terms are proportional to 1/r, and the first term
is proportional to r=2. The first term is negligible at an enough distant point, whereas it
represents the static displacement corresponding to the crustal movement at a near-source
point. On the other hand, if X(¢) is sufficiently longer than the P-S travel time difference, all
terms are proportional to 1/r, and all terms become important. The details will be explained in
the next chapter, but the actual earthquake is a bit more complicated, and there are intermediate
terms in addition to the far and near terms, which can be understood using Green’s function
derived in this section.

e Problem 3.9 ~N

1. Inacaseof X(¢) = 6(t), evaluate the near field term (the first term of the right-hand
side of equation 3.61.

2. In a case of X(¢) = H(t), evaluate the near field term (the first term of the
right-hand side of equation 3.61. Here H is the Heaviside step function. )

Problem 3.10 ~

N

1. When r is enough large, far-field term of the Green’s function proportional to 1/r
(the second term of equation 3.61) becomes dominant at the distant point. By
evaluating the P-wave potential V¢ (equation 3.60), estimate the far field term of
P-wave displacement.

2. Derive equation 3.61.

3. For X(t) = §(¢), evaluate the near field term (the first term of equation 3.61).

- J
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Reciprocity of acoustic wave states that an acoustic wave at AN
point A excited by a source at B is the same as an acoustic wave \
at point B excited by a source at A. "If I can hear you, you can v\’\'\,\,\/\l v

hear me."."Y) The theorem is valid under a certain condition. For
example, the "wind" effect breaks the theorem. In this section, I
try to explain the physical and mathematical background of the
reciprocity theorem of the acoustic wave.
Here we consider an external force F(x,w) exerts the system, and it causes pressure
perturbation P(x, w).

VP(x, 2
VPE0) 9 b w) = F(x.w), (3.62)
po(x)  k(x)
Then we consider a quantity PF (convolution between P and F in frequency domain) formally.
F Here we consider a pair of acoustic wave
Q > Q fields (Py, F1 and P, F>), which satisfy
(P1+P2) P=Pi+ Py, F=F +F "™,
F ]Pl Fy I(P1+P2) vp 2
v A9, 9 bk w) = Fi(x, ),

F po(x) Kk(x)
O—"s—O |

VP (x,w) w? Py(x.w) = Fy(x. )
. . o * 2 , W) = 2 ,W).
Fig. 3.4 Schematic figure of two different 00(x) Kk (x)

paths of the deformations. (3.64)

Here we consider two types of virtual
deformations: (i) forcing by F, after Fi,
(ii) forcing by Fj after F,. Multiple equa-
tion 3.63 with P,, multiply equation 3.64
with Py, and subtract the resulting expres-

sions. Integration over volume within X
leads to ")

1
/(PZFl —P\F)dV = / ;(PZVPI — P\VP,) - AZ. (3.65)
\%4 X

Here we consider a problem under a homogeneous boundary condition (on the boundary
2, P =0or VP = 0). The left-hand side of equation 3.65 disappears. Green’s function for
F1 = 6(x), F, = 6(¢) exhibits the spatial symmetry as,

Gx,x,w)=G(x,x,w). (3.66)

This equation is known as reciprocity, which is not crucial for theoretical consideration but
also for numerical applications.

note 8) In this case, because we neglect the advection term due to the smaller amplitude, the wavefield can be
characterized by pressure perturbation.

note 9) de Hoop [1988]) wrote “As far as acoustic wave fields are concerned, Lord Rayleigh is commonly credited
as the first to derive a reciprocity theorem; it applies to harmonic sound vibrations in a homogeneous, ideal
fluid. (He denotes it as Helmholtz’s theorem but gives no reference to Helmholtz. )”
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In the case of the Earth, the ground can be approximated by free surface (p = 0). I note that
Coriolis force owing to Earth’s rotation breaks the reciprocity at very low frequency (< 1073
Hz). When we consider an advection term of the mean flow, such as infrasound propagation
within a layer of a westerly jet, the reciprocity is also broken.

Problem 3.11

Derive equation 3.65. Hint: Use V- (Fu) = F(V -u) +u - VF, and Gauss’s divergence
theorem.

1 §3.6 Representation theorem: as
a natural extension of Huygens’s
principle

The representation theorem is key for interpreting seismic wave propagation. In this section,
I show the theorem is a natural extension of Huygens’s principle, which does not predict the
wavefront but also the amplitudes. For simplicity, we start a case of an acoustic (scalar) wave
equation.

With an assumption that F} is 0 within a volume V (P; = P) and F; = §(x —x), we obtain
the equation,

P(xi,w) = ‘/z %(P(x,w)VG(x,xl,w) - G(x,x1,w)VP(x,w)) - AZ. (3.67)

For a better description of the boundary condition, we rewrite pressure gradient by displace-
ment S(x, w) as,

P(xi,w) = /Z %{P(x,w)VG(x,xl,w) - pw’G(x,x1,0)S(x,w)} - AdE. (3.68)

For a given region surrounded by a boundary X, the displacement and the pressure distribution
on the surface X give us a complete description of the acoustic wavefield within the surface.

To compare Huygens’s principle we replace a source at x; by receiver at x using the
reciprocity as,

P(x),w) = / %{P(x,w)VG(xl,x,a)) - pw?G(x1,%,0)S(x,w)} - AdX. (3.69)
z

For a better understanding of the equation, let us consider a simple situation the Green
function G(r) is a function of only r using a spherical coordinate at the origin x; . Because
VG =0,Gé,, VG = 0,Gé,, the equation can be rewritten by,

P(x1,w) = /2 {%Pa(;ir) (e, - h) — w*G(r)(S - ﬁ)} dz, (3.70)

The first term of the right-hand side corresponds to a dipole source, whereas the second one
corresponds to a monopole. The combination of the radiation patterns gives us a prediction of
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Fig. 3.5 Geometry of the elastic body.

amplitudes of refracted and reflected wave fields. This formulation is known as the Fresnel-
Kirchhoff diffraction formula in optics.

If you interpret the representation theorem as an extension of Huygens’ principle, you have
understood the physical implications. However, a closer look at the formula raises many
questions. For example, if the boundary conditions do not satisfy the homogeneous boundary
condition in a supposed medium (e.g., if stress and displacement are given at the boundary, as
in a speaker), does the condition break the reciprocity of Green’s function? This is a typical
example. Actually, this problem can be avoided. That is, the wavefield combination we are
considering ((Fy, P1) and (F», P;)): they are same within the region V, but not necessarily
outside it.

First, as a simple case, let us consider a spherical region as the region V. Suppose that at
the sphere surface, we have a free surface (satisfying the homogeneous boundary condition).
In this field, you would think of a Green’s function that naturally satisfies the homogeneous
boundary condition on the surface of V. However, it is not necessary to choose so, and there
is no problem choosing a Green’s function in full space (see section 3.3.4), considering the
situation where the medium continues infinitely outside the domain as well.

Next, consider the case where the homogeneous boundary condition is broken on the sphere
(for example, there is a source on the boundary, such as a speaker in part). In this case, we can
still choose an infinite Green’s function (also called the fundamental or principal solution),
and the reciprocity can be applied without any problem. In other words, the representation
theorem can be applied similarly.

We can reconstruct all the seismic wavefields within the Earth’s interior from the surface
observations if we know Green’s function of the medium. Based on the reconstructed seismic
wavefield within the Earth, we can infer elastic constant at a given point from the ratio
between the spatial gradient of pressure and the time derivative at the point. This is the basic
principle of seismic imaging in seismic exploration. However, we must know the seismic
structure in advance to calculate Green’s function. At a glance, the logic seems to be a circular
argument. From a practical point of view, we start "an initial model", then we update it with a
modification based on the surface observation and the initial Green’s function. For exploring
Earth’s interior using seismic exploration techniques, updating the information based on the
observed wavefield is essential.



3.7. RECIPROCITY OF ELASTIC MEDIUM

P Y NVAVA"A VWA

45

1§3.7 Reciprocity of elastic medium

The reciprocity of an acoustic medium can be extended to an elastic medium. First, we
extend equation 3.65to that for an elastic medium, known as Betti’s theorem. Here I show
only the results " 19 a5,

Betti’s theorem
As in the case of the acoustic wave, we consider two types of wave fields as follows. Let
us consider a pair of elastic wave fields: (i) elastic wavefield s; excited by forcing f; and

(ii) elastic wavefield s, excited by forcing f>. Then integrate the inner product between the
equation of motions for (i) and s’ for (ii), and vice versa.

/V {s10x,1) - (fo(x,7) = p32s2) — $2(x,7) - (f1(x,1) — pdZs1)} dV (3.71)

:‘/Z{[SZ(xeT)‘Tl(sl(x>t))'ﬁ] — [s1(x,2) - Ta(s2(x, 7)) - 1]} dX (3.72)

The derivation requires the following relation,
Z EiT); = Z E[;T;, (3.73)
ij ij

according to the symmetry of elastic tensor as C;jx; = Cyiij note 11)
By time integration of the above equation with the change of variables v = 7 — ¢, we get the
following relation:

/ dt/ [s1(x,0) - fox,7—1) —s2(x, T —1) - f1(x,)]dV (3.74)
—00 VvV
= / dt/ {[s2(x,7—1) - Ti(s1(x,1)) - A] — [s1(x, 1) - Tr(s2(x, T — 1)) - 7]} dZ.
—o0 p)
(3.75)
Here we use the relation shown in problem 3.11.
e Problem 3.12 ~N
Show the following relation:
/ {s1(x,1) - O}sa(r = 1) = s2(x,7) - 37s1(r =)} dt = 0, (3.76)

for given a finite time 7 by partial integration under the following condition s;(c0) =
51(—00) and s (00) = §5(—00).

J

Reciprocity of Green’s function
When we consider homogeneous boundary conditions (on a boundary ¥ I, s = s’ = 0 or

note 10) yead Aki and Rechards! for details.
note 1) this relation is based on the independence of elastic energy on deformation paths, as explained in the previous
chapter.
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T,[s)] = T,[s’)] = 0), the right-hand side vanishes. With the transnational symmetry of
Green’s function, we obtain reciprocity of elastic Green’s function as,

Gim(x2,7;x1,0) = G (x1,7;%2,0) (3.77)
Gim(x2,72:%1,71) = G (X1, =713 X2, —T2). (3.78)

1§83.8 Representation theorem of an
elastic medium

Let us insert G, (x,;7,0), which represents the p component of displacement for an
external force toward mth direction at i into s, of Betti’s theorem (equation3.7). Now,
considering the translational symmetry with respect to time, Fourier transform with respect
to 7 leads to the following equation

Sm@kx):ijfQ%ﬂ)'Gpm@%ﬂwﬂdVUﬂ

+‘/Z{Gpm(a),n,x)qu(u(w,n))ﬁq = Sp(w, MTpeig(Gp(w,x,n)}dZ.  (3.79)

In this equations To obtain displacement s at x, the above equation evaluates the convolution
between Green’s function for an impulsive force applied at the observed point x and the
distributed sources. The evaluation makes the equation difficult to understand. Assuming that
Green’s function satisfies a homogeneous boundary condition, reciprocity of Green’s function
can simplify the formulation "'® '), With the reciprocity, the representation theorem can be
simplified as

sm@w=ﬁnwmmwwmmwm>

+ /Z{an(a),x,n)Tp(n) = Sp(MCpgr101Gni(w, x, M)y }dZ, (3.80)

where 7i is normal vector ont the boundary.

sMuﬂ=£ﬁWwWWWmmWM)

+L{an(wax’77)Tp('7) _Sp(’])cqulalGnk(W,xaU)ﬁq}dze (3.81)

where 7i is a normal vector to X.

The Representation Theorem is very important when considering the excitation of seismic
waves. The Representation Theorem assures us that cutting out a part of an elastic body
has no effect on the motion of the elastic body outside it as long as the displacement and

note 12) The confusion originates that the boundary conditions for the Green function can be independent of the
boundary conditions for the displacement s. This means that the choice of Green’s function is arbitrary, which
causes confusion. For example, when considering a homogeneous medium but complex boundaries, using
the infinite medium Green’s function (the fundamental solution) improves the outlook.
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B

av

Fig.3.6 *

stress conditions at the boundary are known. Consider, for example, the phenomenon of
earthquakes, which are caused by brittle fractures in a part of the earth. The area near the
fault cannot be represented by an elastic body. However, if we consider the operation of
hypothetically replacing the brittle region with an elastic body through it with a closed surface
that surrounds it. Then, as long as the stresses and displacements on the boundary are identical
to each other, we can completely describe the motion in the elastic body. We will see this in
detail in the next chapter.
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2
ll(rd_R)_,_(kZ_m_)R:(), (3.82)

is a differential equation of Bessel, and the solutions are known as Bessel function of the
first kind J,,(kr), and Neumann function Y, (kr). Jo(0) = 1, J,,(0) = 0,m # 0, whereas
Neumann function diverges at » = 0. Both functions converge to 1/4/r for r — 0. Read
Mathematical Methods for Physicists'”) for details.

10 T T T T T T T
1.0
Y
i )
¥ Y3

0.0 A
'10 T T T T T T T

0.0 5.0 10.0 15.0 20.0

Fig. 3.7 Plots of Bessel functions and Neumann functions.

§ 3.A.1 Properties

Tom() = (=) () (3.83)
I (@) + I () = 22,00 (3.84)
Im-1(x) = Jms1(x) = 21;71()5) (3.85)

§ 3.A.2 Asymptotic for x — 0
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1 (x\m
Jm(x) ~ — (5) (3.86)
2
Yo(x) ~ ;m%, (3.87)
{2\
Yy (%) ~—(mﬂ ) ()—C) ,m>0 (3.88)

§ 3.A.3 Asymptotic for kr > 1

2 2m+ 1

T (kr) ~ | == cos [kr = 224 (3.89)
kr 4
2 om+1

Yy (kr) ~ | —— sin (kr - 22511 (3.90)
wkr 4

(1) 2 i(kr——z'"+1 7r)

HD (kr) ~ A/ ——e ; 3.91)
kr

Here H (kr) = HV" (kr).

| §3.B Fourier transform

For time series u(t), the Fourier transform # and the inverse Fourier transform #~! are
defined as

s Definitions of Fourier transform ~N
U(f) = F(u) = / N u(t)e 274z, (3.92)
u(r) = F ) = / ) U(f)e ' af, (3.93)
(3.94)

\ J

where U represents Fourier components of u.

Summary of Fourier transform

o If u(¢) is a real function, U(f) = U*(-f),

* Parseval’s theorem: /_O:o u(t)?dt = f_o; U(f)?df,
* Cross spectrum C(u,v; ) = F () = UV

* Wiener- Khinchin theorem: p(f) = F(¢) =| U |%.
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| §3.C Hilbert transform

Hilbert transform of f(¢) H f(¢) is difined by

(o0

Hf(t) = %[ [—isign(w)]F(w)e " “ dw. (3.95)

This can be interpreted as phase advance of 90° to the original signal in frequency domain.
In time domain, it can be written as,

AG (3.96)
T—1

Hiw=17 [

Here P f is Cauchy’s principle integral

For details. read textbooks of applied mathematics (e.g. Yomogida 2007,() Mathematical
Methods for Physicists‘”).
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Excitation of seismic
wave

Chapter 4

Various phenomena excite seismic waves. For example, fault slips and volcanic eruptions
excite them. This chapter explains that these phenomena can be described by "equivalent
body force" in a framework of linear elasticity. In other words, we can only guess the force
system of the excitation sources from seismological methods. source characteristics inferred
by seismology

Although seismological techniques are feasible for characterizing the source, we note
that they can provide only information about the "force system". In order to infer physical
properties (e.g. fault slip and volumetric change of an explosion source), we must interpret the
"equivalent body force" based on a physical model. An inferred physical parameter depends
on an assumed physical model. These two steps are essential for a seismic source study.

The following section introduces a concept of "indigenous source" for understanding equiv-
alent body force and then moment tensor.

| §4.1 Indigenous source

Without a seismic excitation source, the Earth does not oscillate. An external force at a time
excites seismic waves. For example, a meteorite is an external force. In this case, according
to the impulse, the momentum of the Earth changes. Mass injection by a volcanic eruption
is another example. When we consider such an external force, the total momentum changes
according to the impulse by the external force.

The solid Earth can be approximated by a closed system in most situations. A physical
process inside the Earth, of course, can also excite seismic waves. An earthquake is a typical
example of such a source. Volcanic processes inside the Earth, such as volcanic tremors, are
another example. Excitation sources inside the system of the solid Earth are called indigenous
sources. The physical processes are thermoelasticity, phase transition, fault slip, movement
of fluid, and so on. The total momentum and angular momentum conserve

For the seismic excitation by an "indigenous source" in the source region, Hooke’s law
should be broken because the Earth keeps the equilibrium otherwise. For example, in a
fault zone, the law is broken down. Let us consider a localized volume V. According to
the exchange of momentum between V and the other body, "indigenous sources" can be
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categorized into two.

The first case is that the exchange of the momentum and angular momentum between V and
the other can be negligible. A fault motion is such an example. In this case, the momentum
and angular momentum in the other region conserve in all instances.

The second case is that the momentum and angular momentum exchange with each other.
Let us consider a landslide, which can be approximated by a sliding rigid block on a slope. In
this case, the momentum at the beginning and the end is zero, but nonzero in between. Because
the total momentum in the whole system (e.g. the whole Earth) conserves, the momentum of
the other region (¢ V) is nonzero. In other words, the block imposes the impulse ™ 1,

These features are crucial for characterizing "equivalent body force" in the following
sections.

| §4.2 Equivalent body force and
Stress glut

Let us consider an earthquake as a typical example of an indigenous source. An earthquake
can be described as a fault dislocation physically. Because the dislocation cannot be described
by a theory of elasticity (breakdown of Hooke’s law), here we consider a closed surface, which
includes the fault plain. Governing equations other than Hooke’s law should be satisfied

exactly"®?) . An elastic medium out of the surface ¥ can be described by a framework of
elasticity.
¥
100° .
- Ga\)%e
ey
“»\f ¥
V
\ /i
S

Fig. 4.1 Schematic figure of a right-lateral vertical strike-slip fault.

Representation theorem guarantees that stress and displacement on £ without the informa-
tion inside the volume V describe the elastic deformation outside the V. Here we consider an
embedded transformation that a virtual elastic body is filled inside ~. Below we show that
the breakdown of Hooke’s law can be represented by "equivalent body force", which exerts
the virtual elastic body.

Let us consider the deformation associated with the earthquake inside the volume. An
earthquake can be described as fault dislocation physically. Inside the volume V (gouge
layer), brittle failure occurs, and then Hooke’s law is broken down"°'¢ 3.

note 1) See Takei and Kumazawa [1994, 199510 - (') for details.
note 2) See Dahlen and Tromp 1998 for details.
note 3) gouge is Fault gouge is minerals formed by brittle failure with a very small grain size in a rock.
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The true stress is written by Tirye-

Sx Eyy Ty

Fig. 4.2 Schematic figure of the displacement, strain and stress.

Then let us consider modeled stress Ty, 4e] assuming Hooke’s law for the deformation.
As shown in Figure 4.2, the modeled stress is larger than the true stress.

Stress glut I is defined by I' = T, o ge] — Ttrue- Note that I' = 0 on 2.

Seismic waves excited by an earthquake can be described by excitation by stress glut!")
in the elastic medium. In a framework of elasticity with stress glut, we can calculate the
seismic wave propagations. —d;I7; is equivalent body force. This result guarantees that we
can describe the excitation problem completely in a framework of linear elasticity.

Because this system is closed, the net force of the equivalent body force and the net
torque are 0. Based on mathematical consideration, the "equivalent body force" of the fault
dislocation in a small spatial dimension can be described by a point double couple source.

[y

Gouge zone

Fig. 4.3 Schematic figure of the stress glut.

When we want to know source characteristics by observations of seismic wave propagations,
we can know only "equivalent force system'' of the excitation sources. There are many
possible physical mechanism for the force system. With the help of other independent
knowledge, we can infer the the mechanism of the sources.

| §4.3 Multipole expansion
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Source region

Fig. 4.4 Schematic figure of the source-receiver geometry.

Equivalent body force can be defined by stress glut I" as,
f=-V-T(x,1). 4.1)

Displacement S excited by equivalent body force can be given by convolution between the
corresponding Green’s functions and the equivalent body force as

S = [ 6rg0fE0ave) “2)

v
Let us expand Green’s function at around &y with respect to Aé. An amplitude of the
nth spatial derivative of the Green’s function G can be estimated to be k"G with a typical

wavenumber k of the Green’s function. Therefore the nth order term of the Tayler expansion
can be estimated by

lk”GAf" = lG(kAf)". 4.3)
n! n!

When kA€ is enough small: a typical spatial scale of volume X is smaller than the wavelength
of the seismic wave (Figure 4.4), the expansion converges. Here we expand the Green’s
function up to degree 2 with respect to A€ as,

G(x,£,0) ~ G(x,£, w) + VG (x, £, 0)AE + %AfT?lgG(x, £0, W)AE + O(AEY). (4.4)
The insertion into equation 4.2 leads to
Six,0) = Gy(x£.0) [ f(€)av(© 45)
+ 06y (v 600 [ fioave

+5k31Gij(x,§0,w)/ijAkafldV(f)-

The first term represents the impulse, whereas the second term does the torque. When we
can neglect the exchange of momentum and angular momentum between the volume X and
the other region, these two terms vanish exactly. The terms with an order higher than 3 have
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significant value. Because the field term of 3D Green’s function in an infinite homogeneous
medium is proportional to 7!, nth order term attenuates with distance as r~"~!. Therefore
higher-order term tends to attenuate more rapidly. As the result, 3rd order term known as
"moment tensor” becomes dominant.

For simplicity, let us consider an excitation of a 3D acoustic wave in an infinite homogeneous
medium. The excitation source is assumed to be localized at around x

© ’

1 1 r\! )
T r;(r) Pi(cos8). (4.6)
Here we assume again that the source dimension is smaller than the wavelength of the acoustic
wave.

When we can neglect the exchange of momentum and angular momentum between the
volume % and the other region, these impulse and torque terms vanish exactly. The next
section explains the details of the third term: moment tensor.

| 4.4 Excitation by moment tensor

When the spatial scale of the source is enough smaller than the wavelength, the stress glut
can be written by
Fij(x,t) :M,-J-(t)é(x —XO). (47)

Here M is moment tensor. The trace of M;; shows the volumetric change. When a normal
earthquake, two eigenvalues are much larger than the other (double coupled force)™© .
At low frequencies, the moment tensor of an earthquake can be simplified as,

Tij = V2MoM6(x — xo)m(1), (4.8)

where M) is seismic moment, and m(¢) is an increasing function with the normalization of
f m(t)dt = 1. Here we assume that the moment function is synchronous.

At a distant station from a seismic source, displacement of body wave (U) in an infinite the
homogeneous elastic medium can be written by

U~ %M()n"lo(l)(l - r/c), 4.9)

where r is the distance between the station and the source. This means that displacement of
teleseismic body wave gives us the shape of the moment rate function Myrg.

note 4) For example, an explosion source can be represented by a moment tensor. See Julian et al. [1998] for a
generalized case of non-double coupled components*)



4. Excitation of seismic wave

56

LU
K

ky |
<
X X

Fig. 4.5 Components of moment tensor
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Problem 4.1

1. In subsection 3.4.2 we consider an explosion source. In this case, the source
mechanisms can be represented by a moment tensor. When Ar is enough small,
derive the corresponding moment tensor.

2. When moment tensor has only one non-zero value (M, = 1), show the P-wave
radiation pattern .

3. For double couple source (My, = 1, My, = —1, and other components are
zero), derive the P-wave radiation pattern (Figure 4.6).
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T-axis

Compression

Compression

Seismic focal mechanism and Pression-Tension axis.

Fig. 4.6 P wave radiation pattern for a double couple source. Taken from Cyril Langlois
(2010)/ CC BY 2.5.

| §4.5 Work by Moment tensor

In this section, we will consider the work that moment tensors act on elastic bodies. First,
consider the stress glut I' and the corresponding equivalent volume force f.

f=-V-T(x,0). (4.10)

is applied to the elastic body. If the displacement of the elastic body is s, the work W done by
the equivalent volume force on the elastic body is written by

W:/f-st. @.11)
\4

With partial integrals (Problem 4.2), the above equation can be rewritten by

W:/f-st:Z/EijFijdV. (4.12)

Here we assumed that the stress glut is O on the surface o of the elastic body When stress glut
can be represented by a moment tensor as equation (4.7), the equation can be simplified as

W:ZEijMij(t). (4.13)
ij

Thus, the work is given by the production between strain E;; caused by the earthquake and
moment tensor M;;. Based on the conservation of energy, work done by the stress glut I" is
transferred to kinematic energy and elastic energy.


https://texample.net/tikz/examples/seismic-focal-mechanism-in-3d-view/
https://texample.net/tikz/examples/seismic-focal-mechanism-in-3d-view/
https://creativecommons.org/licenses/by/2.5/
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Problem 4. 2

Derive equation (4.12) assuming the following conditions:

* Consider an elastic body within a volume V, stress glut I exists only inside X.

* On X, stress glut I';; = 0.

* Assuming that the elastic body is an isolated system, imposed torque is O as
I’ ij = Fji-

» Use partial integrals and Gaussian divergence theorem.

| 4.6 Effects of free surface on the
seismic excitations

In this section, let’s consider how free surfaces affect the excitations of seismic waves.('")
In conclusion, we obtain the strange result that M., My, does not excite seismic waves by
shallow earthquakes.

For simplicity, we consider a semi-infinite medium. If z = 0 is the ground surface now, the
free boundary surface condition is Ty, =Ty, =T;; =0atz =0. and Ty, =Ty, = T;; = 0.
Rewriting these first two conditions in terms of distortion, we get

T T,
EXZ|z:O - Xz =0 Eyz 0 = Yz

> =0 (4.14)
H o lz=0 Holz=0

We have shown that the work W done by the moment tensor can be written as »;; E;;7T;;.
Since Ex, = Ey, = 0 at z = 0, the components M., and M, of the corresponding moment
tensor M,, and M,, do not contribute to the excitation. This means that M, and M,
cannot excite seismic waves near the free surface (sufficiently shallow in depth compared to
the wavelength). What happens in relation to actual phenomena?

For example, in shallow earthquakes near the trench, if the subduction angle is gentle, a low-
angle reverse fault earthquake occurs. In such cases, M., and M, components do not excite
seismic waves very much, and it is known that it is difficult to determine these components
from seismic wave data. This is a serious problem, especially when estimating moment
tensors for long-period seismic waves. When determining the moment of an earthquake on a
shallow low-angle reverse fault, there is a trade-off with the tilt angle of the fault, which leads
to large uncertainties in the moment estimate.
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| §4.7 Single force source

When the source region ( non-elastic part) is enough large, we cannot neglect the exchange
of momentum between them. The single force term represents the impulse owing to the
exchange. This term becomes important when a landslide excites seismic waves (Figure 4.7).
Of course, the total momentum of the system is conservative.

Examples of source processes represented by a single force are (i) glacial earthquake and
(ii) microseisms excited by ocean swell. In both cases, we cannot neglect the source volume.

Momentum Mv(t)

[Mpolde == Fewar

Landslide

Fig. 4.7 Schematic figure of the single force.")

l 4.7.1 Origin of ambient noise: ocean swell shakes the
Earth

Even on seismically quiet days, the PSDs of acceleration [m®s?]
Earth oscillates persistently. At fre-
quencies higher than 1 Hz, human ac-
tivities cause a background seismic
wavefield. Ata frequency lower than 1
Hz, the contribution becomes smaller.
The human activity is not enough en-
ergetic to excite it because the wave-
length of the seismic wave becomes
an order of km. At this frequency,
ocean swell activities are more en-
ergetic, and they excite seismic sur-

Aungeqoid

0.01 0.1
Frequency [Hz]

face waves (Rayleigh wave and Love Fig. 4.8 Probability density of power spectrum

wave) persistently. This phenomenon of horizontal acceleration at a Hi-net station in

is known as ambient noise or micro- Japan."”) A reddish color means more probable.

seisms. The thick red line represents the power spectral
Figure 4.8 shows two peaks at densities of ambient noise.

around 0.1 Hz and 0.2 Hz. Ambient

noise at the lower peak is called primary microseisms, whereas the other one is called sec-
ondary microseisms. The frequency of primary microseisms corresponds to that of ocean
swells, whereas that of secondary microseisms corresponds to double the frequency. Against
our instinct, amplitudes of secondary microseisms are larger than primary microseisms be-

Vv
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cause the nonlinear effect of the ocean, known as the Longuet-Higgins mechanism (Longuet-
Higgins), is dominant. The amplitudes of secondary microseisms are several orders of
magnitudes larger than those of primary microseisms. Even at a continental station distant
from a coastal area, these microseisms are observed because of the large amplitudes.

A ripple pattern by raindrops is analogous to those of microseisms. Please run an application
at the website. An impulsive force at a point generates an outgoing concentric wave. On the
other hand, we can trace wavefront generated by many random sources at first. Gradually
inside the circle, the wave field becomes quite random. We cannot identify any specific
direction.


http://www.eri.u-tokyo.ac.jp/people/knishida/eng/Seismology/wave2Drandom2.html

4.7. SINGLE FORCE SOURCE

— AAAAAA ANNNA

NV yvv WW/

61

Here we pick up a
typical example of mi-
croseisms when a ty-
phoon because the high
ocean swell activities
excite the larger ampli-
tudes of microseisms in
the area of the center
of the typhoon. Figure

92100 0:00 12:00 H{,//_? 120 6 oo 140 150 180 17000
2004 917 2004 9/8

4.9 shows running spec- Fig. 4.9 Left: Running spectrum from Sept. 7th to Sept. 8th
trum™€> at a station in 2004. The vertical axis shows frequency, and the horizontal
(Minami Daito) when one shows time. Right: Track information about the typhoon.
typhoon Songda in 2004 The red line shows the track. The thick red line corresponds to
hit the Japan island. The the time period of the running spectrum.

typhoon became weaker

with time in this time. With time increasing, the peak frequency becomes higher. We can also
identify a vertical line at around 3:00 on 9/7, which corresponds to a teleseismic earthquake.
In this case, the teleseismic earthquake was masked by the microseisms in this frequency.
Thus, microseisms are major noise for earthquake observations, as noted before.

§ 4.7.2 The excitation mechanism of secondary microseisms:
Longuet-Higgins mechanism

In this section, I explain the excitation mechanism of secondary microseisms, also known
as Longuet-Higgins mechnism(’™°©®  Because the math of the theory is complicated, I
introduce a simplified model by Longuet-Higgins"© 7.

Let us consider an analogy by a pendulum proposed by Longuet-Higgins [1953]®) (Figure
4.10 right). The left panels show a standing wave with vertical motions, which does not
propagate toward a specific direction. Therefore, the center of mass of (a) and (c) is higher
than that of (b) and (d). To cause the periodic vertical oscillations of the center, a periodic
external force with frequency 2w is required. A pendulum depicted by the right panels
could be a good analogy. The location of the weight of the pendulum represents the center
of the mass, force at the pivot point represents pressure on the bottom, and displacement
of the pendulum represents the displacement of the center. Displacement of the pendulum
corresponds to the movement of water (see streamline of Figure 4.10 (e)). The period of
forcing at the pivot point is estimated to be 2w, which leads to pressure on the bottom with
frequency 2w. The amplitude of the forcing can be estimated by m(dw)?/R, where m is the
mass, d is the displacement, R is length of the leg, and w is angler frequency of the pendulum.
Thus, pressure fluctuations, which correspond to the forcing at the pivot point, should be
proportional to the power of the amplitudes of ocean swell (nonlinear).

Next, let us consider a propagating wave without dispersion. Because the wave keeps its
shape with the propagation, no vertical movement of the center of the mass occurs. This
means that the ocean wave cannot excite pressure fluctuations on the bottom. Because the

note ) A running spectrum shows the time evolution of frequency spectra. We calculate the power spectra of sliding
windows and align the spectra with respect to time

note ) T onguet-Higgins is an applied mathematician and physical oceanographer. In particular, he is a pioneer in the
statistics of ocean waves. Unfortunately, he passed away in 2016.

note 7) Read Longuet-Higgins (1950),”) Hasselemann (1963),) Kedar er al. (2008)(® for details.
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Fig. 4.10 Upper: a schematic model and the analogy of a pendulum (a-d). Here we
consider a standing wave. Taken from Nishida (2017).( 10)

Longeut-Higgins mechanism is not efficient for a propagating wave, this mechanism requires
two waves with an opposite direction pair at least. The extent of ocean swell activities and
the coastal reflection is crucial for realizing random propagations of the ocean swell. Now

we have a good stochastic wave action model, a theory that can predict observed secondary
microseisms well (e.g. Kedar et al. (2008),
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Elastic wave
propagation in a half
space

Chapter 5

The previous chapter explained Green’s function in an infinite medium. However, the struc-
ture of the real Earth is not so simple. The lateral heterogeneity causes the complexity of
seismic wave propagations. This figure shows SH wave propagations from an earthquake.
At frequencies lower than several Hz, a stratified Earth’s structure (a seismic wave velocity
structure depending only on depth) is a good approximation. Even the simple Earth’s structure
still shows complexities, but we can trace the wavefront. The figure shows the waves can be
approximated by plane waves.

In this figure, we can see reflections and conversions on the discontinuities (at the surface,
410 km, 660 km, and core-mantle boundary (CMB)). Because the free surface is the biggest
boundary, we introduce the free surface first in this chapter.

First, I introduce the concept of a plane wave, then I will show we can separate the
wavefield into P-SV and SH waves according to the wave type and the polarization direction.
This chapter describes the effects of a free surface: the reflection and the P-S conversion at a
free surface.

1 §5.1 Review of seismic wave prop-
agation: body waves and surface
and boundary waves

Nature is full of waves. For example, if we look at the water’s surface, we can see ripples
spreading as the wind blows. When some restoring force acts on the medium, they propagate
at a certain speed while maintaining their shape (f(x — ct) (x is position, ¢ is propagation
speed, ¢ is time)). Let us consider sound waves specifically.

65
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1. Gas moves and density changes
2. Density change produces pressure change
3. pressure gradient moves gas

Sound waves propagate by repeating this cycle. Seismic waves propagate in solids in a similar
cycle (see the next chapter for details). If the wave’s amplitude is sufficiently small, it is linear,
and the principle of superposition holds. In other words, if the wave of interest can be taken
out and understood, the whole can simply be understood as a superposition of the waves.

| §5.2 Plane wave

To be revised Elastic wave propagation becomes more complex than a homogeneous infinite
medium when considering free surfaces. For example, when trying to evaluate the Green
function for half-space with a free surface, it can only be expressed analytically in limited
cases, such as when the source is located on the ground surface (e.g., chapter 5.7). Even in
the case of the Green function for a homogeneous infinite elastic medium, the analytical form
of the near-field term becomes complex. When considering Green’s function for the infinite
medium, the near-field term changes shape depending on the distance from the epicenter,
while the far-field term remains the shape. On the other hand, the far-field term propagates
with keeping its shape®® D). Therefore, this chapter will focus only on the far-field term.

Let us first consider the 3-dimensional scalar case for simplicity. Consider the case of an
external force §(x) acting at the epicenter. As we learned previously, the Green function, in
this case, is given "2 by

1 e—i kr
G?(r,w) = ——
Ak ¥
—ikr

G.D

We can define an isosurface where the phase of e is constant and is generally referred to as
a "wavefront." The trajectory orthogonal to the wavefront is called the ray (see Chapter ?? for
details). In regions where r is sufficiently distant, the wavefront curvature can be neglected.
note 3) The wave can be treated as a plane wave in the region e k", where e~**" is the radius
of curvature.
Let us go back to the wave equation for once: the Green function G¢ in the frequency
domain satisfies
— rhoow?G? = kV*G? = =5(x). (5.2)

The Fourier transform in the space, and Fourier inverse transform again gives

1 a/zei(kxx+kyy+kz z)
G?=—- /// —— dkydkydk, (5.3)
K a? (ks + k5 + kz) — w?

We can write that this equation shows that the Green function can be represented by a
superposition of plane waves.

note 1) Ag explained in the section of Ray Theory, the far-field term keeps its shape when the typical spatial scale of
the velocity structure is longer than the wavelength of interest.

note 2) T the 2-dimensional case as well as in the 3-dimensional case, the far-field of the Green function can be
approximated as e~'k" 22,

note 3) More exact conditions are required for the approximation of plane waves: (i) the curvature of the wavefront
can be neglected when focusing on wave propagation on spatial scales sufficiently short compared to the radius
of curvature of the wavefront. (ii) Near the epicenter, the radius of curvature becomes so small that a plane
wave cannot approximate it. From a simple estimation, it can be seen that the wave can be treated as a plane
wave in the region of approximately » > 1/k
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When considering the Green’s function of a semi-infinite medium, if we understand the
behavior of the "element" e “*K'* at the free boundary surface, we can understand the overall
behavior by superposition (inverse Fourier transform in the frequency domain). In other
words, understanding the behavior of the plane wave, e k¥ on the free surface is the key to
understanding elastic wave propagation in a semi-infinite medium.

Fig. 5.1 Wavefront and ray for Green’s function for a 3-D in an infinite medium.

~ Summary of plane wave ~

When the source is enough far away from the source, the curvature of the wavefront
becomes small. In this case, the waveform can be approximated by a plane wave:

1. Plane wave is preserving its shape,
2. Plane wave has a plane wavefront,
3. Plane wave propagates perpendicular to the wavefront®.

In this case, the scalar variable ¢(f — p - x) can be represented as a function of r — k - x.
p is quantity called as slowness defined as p = k/a (acoustic wave).

¢ Exactly speaking, here we neglect the dispersion for simplicity.

- )

Here we consider a propagating wave into the x axis (py, = 0). When py > 1/a, p; has
real value. Then it propagates into the z direction (plane wave). with P-wave speed a along
the slowness vector. On the ground (z = 0), at ¢ = 0 the wavefront is at the point of x = z = 0.
At = titis at the point of (7/px,0,7/p,). When we observed the waveform on the ground
using seismometers, it propagates in the x direction with "apparent velocity" with 1/p,. Thus
we can estimate the horizontal apparent velocity from the surface seismic observations.
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| 5.2.1 Plane wave in an elastic medium

Next, Let us consider an elastic wave with a sinu-
soidal shape at angular frequency w™* ¥, and slow- Z,
ness vector p. Elastic potential ¢ and ¢ can be

written by "0t¢>) b(
¢ — Aaei(ka-xfwt) — Aaeiw(pa-xfz)

(5.4)
W= Aﬁei(kﬁ-x—wt) — Algei“’(Pﬁ'x_t). (5.5) \

The corresponding displacement is given by,

N

g

Sa,(x,t) = Aakaei(ka-x—wt) — wAaeriw(p“'x_t)
(5.6)

Sﬁ(x,t) = kﬁ’ X Aﬁei(kﬁ‘x—wl) = pp X A'Bweiw(pﬂ.x—z)‘
(5.7)

The polarization vector of the P wave is parallel to the propagation direction p ,, whereas that
of the S wave is perpendicular with an ambiguity of the direction.

p is called as Slowness defined by p = k/w. The dimension is inverse of speed and is
parallel to the propagation direction. For example, the squared norm can be written by

1
Px+Py+Pr= 5 (5.8)

Inverse Fourier transform of e/ P**~%) gives us formula of general waveform. A waveform
of P wave propagates with keeping the shape as s, (x,t) = pof(t — po - X), whereas that of
S wave propagate as sg(x,1) = pg X Agf(t — pg - x).

| 5.2.2 Body wave and inhomogeneous wave

When p? > 1/a?, p, becomes imaginary. Using an definition of p, = &, the corresponding
potential is given by
¢ = Age' @ PxX=w) gmEz, (5.9)

This equation shows that it decreases exponentially in the z direction. The wave is called an
inhomogeneous wave™© ® In an infinite medium, it diverges at infinity, it is a trivial solution
physically. However, when boundaries exist, it is possible to learn the boundary. Section 5.6

note 4) When we consider seismic wave propagation, the sign of the Fourier convention is different from other physical
cases, including the appendix of the previous chapter. To keep consistency a propagation in positive x direction
as ' (Fx=®1) Read the box of Aki and Richards for details. Please take care of the Fourier convention when
you read a paper of a textbook.

note 3) Tn seismology, when considering wave propagation, the sign on w is often taken to be negative. The definition
of the Fourier transform is also often changed. This is to treat traveling waves as positive, and this is the sign
taken by Aki and Richards (2002) and Saito (2009). In seismology, too, Dahlen and Tromp (1998) use the
opposite sign, so it is important to be careful about which definition you are following.

note 6) This wave is also known as an evanescent wave or external wave in physics or meteorology.
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explains Rayleigh wave as a kind of inhomogeneous wave in a semi-infinite medium with a
free boundary.

Let us review the global propagation of seismic waves. We can categorize it into body
wave, which propagates in the Earth’s interior, and boundary/surface wave, which propagates
along a boundary including the Earth’s surface (Figure 5.2left). Figure 5.2 shows such an
example of Green’s functions using seismic interferometry. The Horizontal axis shows the
epicentral distance, whereas the vertical one shows the travel time™®© 7). The figures show
global propagations of seismic surface waves and body waves. This section describes a brief
summary of seismic wave types.

In general, we can categorize seismic waves into body waves and boundary waves. Body
waves propagate in an internal body, whereas boundary waves travel along a boundary. A
surface wave is a kind of boundary wave trapped close to the free surface.

note 7) travel time is defined as the time from the origin time to the arrival time
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Fig. 5.2 Global propagation of body and surface waves.
Green’s functions retrieved by cross-correlating ambient seismic wave field, also known as

microseisms”) (see chapter 10 for details of seismic interferometry.)
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We can categorize body waves into
P and S waves; the polarization of
the P wave is parallel to the propa-
gation direction, whereas that of the S
wave is perpendicular to the propaga-
tion direction (Figure 5.3). "P" origi-
nated from the Primary wave, and "S"
originated from the Secondary wave.
The deformation of the P wave is vol-
umetric, whereas that of the S wave
is shear. ™©®_ In general, with de-
creasing temperature of the material,
the stiffness increases, which causes
the increase of P wave and S wave ve-

locities.
Fig. 5.3 A schematic figure of P and S wave We all know well that P-waves prop-
propagation. agate faster than S-waves, and the

Omori formula for determining the
distance to the epicenter from the difference in arrival times of P-waves and S-waves "¢,
You may have also heard of the Earthquake Early Warning, which estimates the hypocenter
from the fast-moving P-waves and predicts the arrival of large tremors (S-waves).

Inhomogeneous waves: surface waves and boundary wave
Surface waves in an elastic medium can be categorized into Rayleigh waves, associated

with volumetric changes, and Lave waves associated with multiple reflections of SH waves in
a surface low-velocity layer.

] 5.2.3 Energy flux

The total energy of elastic medium per unit volume & can be written by the sum of the
kinetic energy & and the strain energy EP as

E=&+6". (5.10)
Energy flux K perpendicular to a unit area is given by

K=-Tds. (5.11)

note 8) A Web site of demonstration of body wave propagation.http: //www.eri.u-tokyo.ac.jp/knishida/
Seismology/body_wave.html
note 9) () ig available at http: //hdl.handle.net/2261/32677


http://www.eri.u-tokyo.ac.jp/knishida/Seismology/body_wave.html
http://www.eri.u-tokyo.ac.jp/knishida/Seismology/body_wave.html
http://hdl.handle.net/2261/32677
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Fig. 5.4 Rayleigh wave propagation. The

red color shows particle motions in retro-
grade, and the blue color shows those in pro-

grade. Fig. 5.5 Love wave propagation.

By equipartition between the kinetic energy and the strain energy, the total energy can be
written by,
E = pw?A?, (5.12)

where A is the displacement.
In particular, the energy flux of the P wave and that of the S wave are given by

(5.13)

B anE P wave
B BRE S wave,

where 7 is a unit vector of the propagation direction. Conservation of energy is represented
by
OE

—+V.-K=0. 5.14
ot (5.14)

Problem 5.1

1. For a plane P wave, show that the kinetic energy is equal to the strain energy

as,

1 1 2

ETi'Eij =P

s

7 (5.15)

2. Here we consider a wave form of P wave s = pf(t — p - x) . Calculate the
energy flux.

3. For the inhomogeneous P wave with propagation in z < 0 given by P wave
potential ¢ = sin(wt — kx) exp(Az). Then the displacement is written by

sx = —k cos(wt — kx) exp(Az) (5.16)
s, = Asin(wt — kx) exp(Az). (5.17)

Calculate the energy flux.
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I §5.3 SH wave and P-SV wave

Free surface condition on the ground is crucial for seismic wave propagations. For simplic-
ity, let us consider semi-infinite homogeneous medium in z < 0 with free surface condition
on z = 0 (7;,=0) (Figure 5.7). By introducing the free surface, we can categorize S wave
into two. Figure 5.6 shows (1) vertically polarized S wave in xz plane (SV wave) and (2)
horizontally polarized S wave (SH wave). This category is also crucial for stratified Earth,
which is a good approximation at frequencies lower than several Hz.

In this chapter, the first section explains reflections and refraction of SH wave, and then we
will explain reflection, refraction, and conversion of SV waves.

| 5.3.1 Equations of motion and Hooke’s law

As shown in Figure 5.6, we take the y axis
along the wave front,

0

— =0. 5.18
9y (5.18)

Then, the equations of motion are given by

0?5y 0Ty 0Ty,

= + 5.19
o = ox " oz 19
8%*sy 0Ty, 0Ty,
= 5.20
P = Tax "oz 620
2
07se _ OTe + e (5.21) Fig. 5.6 Propagations of SH wave and

Porr ™ ox "oz

SV waves and the polarization.

ds¢ 0
T, = (/l+2,u)— +%1 Aaizz (5.22)

0sx asz) (5.23)

and Hooke’s law is given by

Jii

L (5.24)

y

P
S e %SZ) (5.25)
y
P
.= 2255 225 L (142 )asZ (5.26)
ox 0y

Let us drop the stress term and rearrange the equations as,

i
(asy L0
i

p6,2sx = (A + w)0x(0xSx + 0;5;) +,u((9§sx + (922sx) 5.27)
pdtsy = +1(02sy + D 258y) (5.28)
p(?,zsz = (A +w)0,(Oxsx + 9;5;) +u(é?§sZ + 612sz) (5.29)
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sy and s, are coupled with each other, whereas, s, is decoupled with the others. Because s,
is polarized in a horizontal plane, the wave is called an SH wave. On the other hand, because
sx and s, are composed of the P wave and vertical polarized S wave. the wave is called as
P-SV wave. As described in later sections, the separation of the SH wave field and P-SV wave
field is possible for a stratified Earth mode. Therefore, when we analyze seismic waveforms,
rotations of horizontal components from north-south component and east-west component
to transverse component (perpendicular to the great circle path between the source and the
receiver) and radial component (parallel to the path). The transverse component represents
the SH wave, and the radial component represents P-SV wave"®® 10,

l 5.3.2 Plane waves in the case of P-SV and SH waves: how
to take the vector potential

When considering seismic wavefields, in particular, plane waves in the P-SV case (see next
section for details), it is useful to introduce a potential as explained in the 3.4.1section. As
already mentioned, there is one degree of freedom in the vector potential. When considering
wave propagation in a horizontal multilayer structure in Cartesian coordinates

0 0

A=]0 +Vx|0 (5.30)
X 4
SH N

SV and SH can be separated,”) and the outlook improves if we use the following formula.
Because of the arbitrary property of the vector potential, we can choose a convenient way
to take the vector potential for our problem. For future calculations, we will write down the
case of propagation along a two-dimensional xz plane. Assuming that the potential does not
depend on y, the partial derivative with respect to y disappears, and we have a simple form.
Below unexplained components are set to zero.

P wave
¢ ¢
Sy = T sy =0, S, = 7 (5.31)
0%¢ 0%¢ d%¢
Evx = —, E., = ——, E,,=— 5.32
Ox? 7 9xdz L Hz2 (5-32)
2 2 2 2
. _E(I_V)ZT?'H/% _E 8% . _E(I_V)ZT?'H}??T? 5.33)
T A+v)(1=2v) T T M+voxdz T (1+v)(1-2v) ‘

note 10) Exactly speaking, this separation valid for the far field.
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SV wave
%y e,
Sx = 0xdz’ sy =0, Sz = ol (5.34)
a3lﬁ 1 83(// 831//
E.X_x:_ 9 E)C = — - , E :—Exx 5'35
6)('262 z 2 (axazz 6]('3 ) zz ( )
T = B Vgl ro- B L(O0 20\ o (536
T (L4 (1-2v)’ =12 \awe2 o ) vz = —Txx )
SH wave
Ax
e R T 52 =0 (5.37)
1 82/\/ 1 62/\/
E_xx:(), E.X :——_, - __ , 538
Y 2 0x2 yz 2 9x0z ( )
E 1 52)( E 1 82)(
TX)C:O, TX :—___’ T — - 5‘39
) I+v20x e 1+v20x0z (5.39)

In the following, the plane wave amplitudes are variables (e.g. A, B, C). In the next section,
we will use

A B C
¢ — _.el(k-x—wt) l// — Zel(k'x—wt (540)
wi Pxw X — wt)

and we will discuss the corresponding amplitudes by considering the potential that
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| 5.4 Reflection of SH-wave at a
free surface

Z axis

Let us consider the reflection and refraction X axis
of SH wave in a semi-infinite elastic medium A U
z <= 0 with a free surface on z = 0. An / \
incident SH wave enters with incident angle / \
¢ can be represented by a general solution of /
equation 5.28 as

N \
Sy = Ae*iw(l*PxX*I’zZ) + Befiw(tfpxx"'pzz), / \
(5.41)

. Fig. 5.7
where A and B are integral constants. The '€

first term shows incident waves, and the second term shows the reflected wave. The free
surface condition is written by
Jsy

—u—==0. 5.42
ﬂaz (5.42)

T,y =

Then the result of A = B exhibits the phase of the reflected wave is the same as that of the
incident wave. Displacement on the free surface is given by,

sy = 2Ae71@I=PY) (5.43)

which is double as large as the incident wave.

S ScS sScS ScS2 sScS2

500 =T S=syeesss N — Surface

=)
S

Vb : ~

e ]
\ivAswswwse W
}"»WM oo | ) “

Q,,‘“

oAl

Distance [km]

2000 L1 L L L P PR
0 10 20 30 40 50 60

Travel time [min] CMB (Core mantle boundary)

Fig. 5.8 Left: Anexample of seismograms of ScS reverberations when a deep earthquake
of Ogasawara on 2015/5/30. They are vertical components of broadband seismometers of
F-net band-pass-filtered from 30 s to 200 s. , Right: Ray paths of ScS, sScS, ScS2, sScS2.

This reflected wave can be interpreted as the "mirror" of the incident wave to meet the
boundary condition. When we consider an incident wave Ae™«(!~Px*¥~Pz2) guperposition
between a mirror described by Ae™'®(!~PxX*+P=2) and the incident wave satisfy the boundary
condition.
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Governing equation of SH wave is the same as the acoustic wave equation. However, the
boundary conditions are different. For the SH wave, stress T, and T, are vectors, whereas
the pressure for the acoustic wave is scalar. To meet the free surface condition of acoustic
wave at z = 0, a mirror of —Ae 1@(~PxX+P:2) ig needed. The sign is different from the SH
wave.

Figure 5.8 shows an example of reverberations of SH waves between the surface and the
core-mantle boundary (CMB). Because the outer core is liquid, CMB is also a free surface.
The figure shows many wave packets with fast apparent velocities, which correspond to
multiple reflections of vertically propagating SH waves between the surface and CMB"°t¢ 1D
The figure also shows the phase of ScS (reflected at CMB once) is the same as that of ScS2
(reflected at CMB twice).

note 1) The amplitudes attenuate with distance due to intrinsic attenuation of the material.
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| §5.5 Reflection and conversion of
P-SV wave at a free surface

For a given angular frequency w, let us consider an incident P wave (pi"), and an incident
SV wave ( pg"). The reflected P wave ( pfff l), and the reflected SV wave ( p;;f l) can be
related by,

P ; in . refl . : in, y._ . refl .
s =Al(?elw(pf’ x—t) +A:,eﬂ€”u(P" x—t) +A;3nezw(p5 x—t) +A;eflelw(p3 x t)’ (5.44)
where s is displacement, and A represents polarization vector with the amplitudes. For

simplicity, we solve a problem in the xz plane for propagating wave into y direction. The
slowness vectors and the polarization vectors are given by,

in _ [P refl _ | P in _ P refl _ | P
p"_(f)’ Pa _(—ff)’ pﬁ_(ﬂ)’ P _(—n)’ (549
in _ 14 refl _ P in _ n refl _ n
Aa—A(f), Ay _B(—f)’ AB_C(_p)’ Aﬁ —D(p), (5.46)

Then we can simplify the equations as,
55 (x,2)e'U7PY) = p(A! @87 4 BeTI94%) 4 (Cel“M% 4 De ' 9N7) (5.47)
52(x.2)e'UTPY) = £(Ae' ST — BeTIVE%) 4 p(=Ce' % 4 DeTTWN7), (5.48)

Later, this chapter explains the reflection and transmission coefficients of two cases: (1)
incident SV wave (A = 0), (2) incident P wave (C = 0) with boundary conditions of 7%, (0) = 0,
and T,,(0) =0 as

2pE(A—B) + (> + p>)(C+ D) =0, (5.49)
(n* - p*)(A+B) —2pn(C + D) = 0. (5.50)

Here we define polarization vectors as

Al = (‘;) @, Al = (_pg) a, (5.51)
i — (_ﬂp) B, ﬁ;efl _ (Z)IB (5.52)

In order to estimate the coefficients, we calculate the inner product between the polarization
vectors and displacement s.

l 5.5.1 P-wave incidence

The reflection coefficient from P wave to P wave Rpp = (B/a)/(A/«) is given by,

(> = p*)* —4p*én
T - R Apien (459

Rpp
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Fig. 5.9 P-wave incidence

The reflection coefficient from P wave to S wave Rps = (D/B)/(A/a) is given by

ApE* -p*) @
(> = p2)?+4p2n B

Rps = (5.54)

Snell’s Law

As already explained, both incident and reflected waves must have a dependence of e 7% in
order to satisfy the boundary conditions p. "¢ !2)_ In order for p to be a conserved quantity,
the incident and reflected angles must satisfy the following relation: i.e., Snell’s law,

sing sinf

5 - (5.55)

Conservation of energy
Consider the energy balance in a region on a thin region that includes the ground surface.
The vertical energy flux must be balanced between the incident and reflected waves. The

energy conservation law is given by

acosf = Bcos p|Rps|® +acosO|Rpp|*. (5.56)

Problem 5.2

1. Derive equation 5.53.
2. Derive equation 5.54.

note 12) a5 explained in the ray theory in chapter 2, where p is a quantity that can be related to momentum. Therefore
we use p associated with momentum
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Fig. 5.10 SV-wave incidence

Consider the case of an SV wave with unit amplitude (C = 1) incident at an angle of 25° (¢
in figure5.10). Figure5.10 shows that each of them takes a non-zero value. In order to satisfy
the boundary condition, the stress must be zero when the superposition. In fact, the resultant
wavefield in the figure shows that the stress 7, is zero at the surface. We search the values of
B and D to meet the boundary condition: 77, = Ty, = 0. Since the sum of the unknowns and
the number of boundary conditions are equal, we can find B and D.

Reflection coefficient from S wave to S wave Rys = (D/B)/(C/pB) is written by

2 _ 232 2
Rgs = (" —p7)” —4p~én. (5.57)
(n* = p*)> +4p*én

Here slowness and the incidental angles are related as, p = Sigg = Si;‘p, &= C";g, n= %.
Reflection coeflicient from S wave to P wave Rgp = (B/a)/(C/p) is given by,
4 2 _ 2
Rsp = 210 —P) B (5.58)
(n* = p?)* +4p¥na
Corresponding conservation of energy is represented by
Bcos g :,80051,0|R55|2+acosG|RSp|2. (5.59)
Figure 5.12 shows the reflection coefficients.
5 geut peut All 100
0
g 2 r, 0
-40
=0 25 0 5 S0 25 0 5 S0 25 0 5 S0 25 0 5 -100
km km km km

Fig. 5.11 The stresses T for reflected SV and reflected P waves when the SV wave is
incident at an angle of incidence () of 25°. This figure shows that the stress for the
superposed wave field is zero at the ground surface.
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Similarly, the continuity of displacement and stress at the boundary leads to Snell’s law.
The conservation of p and Snell’s law hold as well as P-wave:

sing sinf

B a

(5.60)
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Critical angle

After the critical angle ¢,
-1

R I™

@c = sin ) (5.61)
total reflection occurs. In this case, the z component of the slowness of the converted P
wave becomes imaginary and cannot carry net energy in the vertical direction (known as an
inhomogeneous wave). The S-wave will be out of phase due to the inhomogeneous P-wave
sticking near the ground surface. "¢ 13

Inhomogeneous P wave

Let us consider the stress 7T, for the case where the SV wave is incident at an angle of 75°
(¢) beyond the critical angle. Figure 5.13 shows the incident SV wave and the reflected SV
wave. The figure also shows that the phase of the reflected SV wave is out of phase by about
90 degrees (the incident SV wave is shaped like a half period of the sin function, while the
reflected SV wave is shaped like one period of the cos function). The figure also shows that
there are inhomogeneous P waves to meet the boundary conditions because of the phase shift
of the reflected SV. The inhomogeneous P-wave is localized at the reflection point, and we
can see that it is consistent with 7zz = 0.

0 s 5+ pot Al
MR Y/ N\
£ \\ .y / '\
.\ I/ / A | | N/ A\
=50 -25 0 5 =50 -25 0 5 =50 -25 o 5 =50 -25 0 5
km km km km

Fig. 5.13 Stress T, for SV wave incident with angle ¢ of 75°, the reflected SV wave and
the reflected P wave. wave. The superimposed stress field satisfies the boundary condition
of the free surface.

Conservation of energy

Let us consider the energy balance in a thin region along the Earth’s surface. surface. The
vertical energy flux must be balanced between the incident and reflected energy flux. Before
the critical angle, the energy conservation law is given by

,8cosgo:,BcosgolR55|2+acos@|R5p|2. (5.62)

Since the reflected wave becomes evanescent after the critical angle, the net energy flux
becomes 0, which leads to the following relation,

1 = |Rss|?. (5.63)

note 13) A5 calculated in Problem 5.1, the inhomogeneous waves carry energy up and down at a local scale but zero
on a larger scale. When the wave incidents after the critical angle, the inhomogeneous P-wave accompanies
the S-wave at the surface. The inhomogeneous P wave receives energy vertically from the S-wave and returns
the energy with a slight time delay. The S wave is out of phase because of the temporary energy transfer by
the inhomogeneous P wave
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Problem 5.5

1. Derive equation 5.57.
2. Derive equation 5.58.
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Similarities and differences between SH and P waves

Both SH and P waves can be described by a single variable and behave very similarly
because they satisfy the scalar wave equation. However, the reflection coefficient changes
because the boundary conditions appear differently. Let us focus on this point here.

Here we consider an acoustic and an SH wave propagated in a xz plane. The governing
equations are given by

62p (9219 (?zp
— =k|—=+— 5.64
or? K(6x2 " 8y2) (564)
62sy (92sy azsy
= . 5.65
P ~H (ax2 T oy (5.65)

The equations show that both can be described by a two-dimensional scalar wave equation.
For example, if the speed of sound and SH wave velocity is the same, p and s, have the same
solution.

One point should be noted, however. The acoustic wave takes pressure as a variable, while
the SH wave takes displacement as a variable. There is a big difference when considering
free surface. When considering acoustic waves, p = 0 is the boundary condition at the free
surface. On the other hand, when we consider a free surface at z = 0 (e.g., ??), the boundary
condition at the free surface for SH waves is given by

Jsy

—p—2==0. 5.66
paz (5.66)

This corresponds to the boundary condition of a rigid wall for acoustic waves. The reflection
coefficient at the surface with respect to pressure for P waves is -1, while for SH waves, the
reflection coefficient at the surface is 1. The difference is whether stress or displacement is
taken as the variable; in both cases, the stress at the surface is zero. The analogy with acoustic
waves is valid, but be careful how you choose the variables.

Problem 5.4

Let us consider P wave propagation in a 3-D half space of fluid.

1. Asin the case of SH wave, estimate reflection coefficients for an incident plane
wave (P-wave) as a function of incident angle.

2. Compare the above result with P-wave reflection coefficients for the P-SV
problem. In particular, discuss it for the incidental angles of about 0° and 90°.

3. Asinthe case of full space (see subsection 3.4.2), estimate the Green’s function
for an explosion source in a half-space of fluid. Discuss the behavior as the
source depth approach the free surface.
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| 5.5.3 Apparent incidental angle of P-SVwave

When we analyze seismic waveform, the particle motion is informative. For example,
Figure 5.5.3 shows the particle motion of P wave against radial and vertical components when
the deep earthquake at Ogasawara was recorded by the F-net station at Fukue. The figure
shows an inclined linear polarization. The inclination shows the approximate incidental angle.
This subsection describes this relation.

First, let us consider that the P wave enters
the free surface. The ratio between the vertical UD ]
displacement s, and the horizontal one s, is P
given by i

sx p(A+B)+nD 2pn -
°X = = tan 2. i
s: E(A-B)+pD > -p? ,
(5.67) or

The inclination of P wave polarization (or ap- i
parent incidental) 8’ is twice as large as the B
S-wave reflected angle as (Figure 5.12,

0 = 2. (5.68)

_60;
When the incident angle is enough small for a F T

Poisson medium (a = V33) relation between Radial [umys]
the apparent incidental angle and the P-wave Fig. 514 An example of particle motion

incidental angle can be simplified as of P-wave against radial and vertical com-
ponents of F-net station at Fukue.

2
0" =2¢ ~ —BQ ~ 1.156. (5.69)
a

This result shows that the P-wave incidental angle can be approximated by the apparent
incidental angle.
In the same manner, the incidental angle of the S wave can be related to apparent incidental
angle as.
sx _ _pB+n(C+D) _ n*-p’
s; —éB+p(-C+D)  2pé

(5.70)

When the incidental angle is small (this assumption is valid for teleseismic events), the
apparent incident angle can be related to the incident angle by
2
go'=2ﬁ—2<p=2/—390. (5.71)
o a
Here we assumed that the incidental angle is smaller than the critical angle.

It may seem somewhat intuitive that the direction of oscillation of the P wave coincides
with the direction of incidence, but it is by no means obvious. For example, consider the limit
B — 0, assuming a medium similar to a fluid. In this case, the direction of oscillation is 0
degrees. Let us consider the case of a fluid. In Fig 5.15, we consider a pressure source in
the ground. To satisfy the boundary conditions at the water surface, we consider a pressure
source with the opposite sign at the mirror-symmetric location. In this case, considering the
particle trajectory at the ground surface, it will move up and down. Since this relationship

holds at any time, the particle trajectory at the water surface is always vertical, regardless of
the angle of incidence.
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A virtual mirror

A pressure source

Fig. 5.15 Particle motion near the surface in fluid.

Problem 5.5

1. Derive equation 5.67.
2. Derive equation 5.70.
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Before this section, this chapter explains body waves that can propagate freely in the
vertical direction. Inhomogeneous waves accompany incoming SV after the critical angle.
Can inhomogeneous waves exist on their own? Rayleigh waves have energy near the surface
and are known to propagate horizontally. Figure 5.16 shows the observation record during
the 2014 Chilean earthquake. The waves labeled R1 and R2 are Rayleigh waves, which
propagate at an approximately constant speed. The Chilean earthquake excited Rayleigh
waves efficiently because the depth of the epicenter is 35 km, which is much shorter than the
wavelength of the waves. First, let us consider qualitatively the nature of Rayleigh waves.

Rayleighi&
IRISD /L1 ER A= (BHZ)
RO 2014/4/1 23:46
JE1EA200-1000F D /N> KINA T4 )L&
SO V7Y VOUUL UL L N NSNS SO S ULV WS
5 . SOV
B E > —
% 100_ y N ‘i!im s __
= — |
0 5000 10000 15000 20000

5

Fig. 5.16 Waveforms in vertical components recorded by broadband seismometers when
the 2014 Chilean earthquake.
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When considering acoustic or SH wave propagation in a half-space, inhomogeneous waves
cannot exist alone because they cannot satisfy the boundary conditions at the free surface. On
the other hand, they can exist for P-SV propagations: known as Rayleigh waves.*) Rayleigh
waves satisfy the free surface condition because P-wave-like and S-wave-like deformations
can exist simultaneously, which lean against each other at the surface. Rayleigh waves have
energy concentrated near the surface so that we can observe global propagation (Fig. 5.17).

We will first consider its properties qualitatively. First, let us consider the Rayleigh wave
note 14)

Let us consider a situation where an S- ETH
wave enters the right direction while oscil- i i. .): .
lating vertically through an infinite medium. S PR IO S BRSPS 5 i
We then cut out an infinite medium in the mid- el R IPER TS o e T
dle. Then, tosatisfy the boundary conditionof ~ 4est4s RCTSER AR E] AALLELA 4o
zero stress at the free surface, the large stress teied E - - :: L KR Ak ik ;' :: E:
part will bulge out (the part with large volu- i : . ::“:: o) E s “1ets
metric strain). The free surface causes a large selebertlitededilcicicialede
deformation, and the effective elastic constant Fig. 5.17 Schematic figure of Rayleigh
decreases. As a result, the Rayleigh wave propagation. Red circles show particle
propagates slower than the S-wave (about 90% motions in retrograde, whereas blue ones
of the S-wave velocity). The particle motion show those of prograde.

becomes elliptical because the phase of the

volume deformation is shifted by 90 degrees compared to that of the S-wave. Because the
horizontal propagation velocity is slower than the S-wave and P-wave velocities, they can only
exist as inhomogeneous wave. The amplitude decreases exponentially in the depth direction.
At the surface, the particle motion is in the opposite direction of the rotation of a bicycle
wheel (retrograde). On the other hand, in deeper regions (blue in the figure), the direction is
the same as the rotation of a bicycle wheel (prograde).

J 5.6.1 Can elastic waves along a free surface exist?

To consider this a little more quantitatively, let us now clarify the problem. Let us consider
the propagation in the xz plane and assume that it does not change in the y direction, just as
we would consider the reflection and transformation of a P-SV wave at the free plane. The
boundary condition is given by T,, = T, = 0 at the surface. To begin with, let us simply
consider if acoustic waves and SH waves can propagate horizontally in half space.

As you may recall from Figure 5.15, the reflection coefficient of an acoustic wave at a free
surface is —1. Because the incident and reflected waves cancel each other out, the acoustic
wave is not excited when an excitation source is near the free surface. Since the sign of the
mirror image is reversed in Figure 5.15, it can be interpreted that in the case of a very shallow
pressure source, the waves are not excited because they cancel each other out with the pressure
of the mirror image, which has the opposite sign. The fact that acoustic waves cannot be
excited by an explosive source near the water surface may, at first glance, seem inconsistent
with physical intuition. However, it makes physical sense when one considers that the elastic
energy is zero due to the free boundary surface (see also the 4.6 clause).

On the other hand, in the case of SH waves, the amplitude doubles at the surface and
is amplified since the reflection coefficient is 1 in the case of SH waves. In other words,
horizontally propagating waves do exist in the case of SH waves. This difference is due to the

note 14) gee demo http://www.eri.u-tokyo.ac. jp/knishida/Seismology/Rayleigh_wave.html
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difference in boundary conditions. As mentioned before, the difference between displacement
and stress comes into play because the pressure satisfies the scalar wave equation for acoustic
waves, while sy, satisfies it in the SH case. If so, is this possible for SV waves? It is impossible
because SV waves do not satisfy the boundary conditions when horizontally propagating.

B 5.6.2 A case of the reflection coefficient of zero

Let us now reconsider the number of boundary conditions. For the P — SV problem, we
need two boundary conditions, 7,, = 0,7, = 0. If we now consider arbitrary incident waves,
we will need to add together two independent solutions to eliminate these two. This situation
corresponds exactly to the reflection/transformation wave for the incident wave at the free
surface in the previous section. The similarity means that a combination of the three waves is
required. So let us look at the SV incidence in Figure 5.12. Rgg in the figure shows two points
where the amplitude of the S reflection is zero. Rgp in the figure shows one point where the
P reflection is zero. The zeros show the possibility of combining the two waves to satisfy the
boundary condition if one looks for the appropriate frequency. Let us consider the possibility
of this kind of solution.

In the following, let us consider T/, TY. caused by an inhomogeneous P wave and TZSX, TZSZ
caused by an inhomogeneous SV wave. If we can find a phase velocity p as the same stress
ratio T, /T, for two waves, the difference between the two normalizing solutions satisfies
the boundary condition. Now, let us look at the stress ratio for each wave.

Inhomogeneous P wave
Here, the scalar potential for an inhomogeneous P wave is defined by
¢ = ' WPXeTWEZ IV (5.72)

P-wave velocity a satisfies the relation @=> = p? — £2. The result in section ?? leads to the

ration betwenn 7,, and T, :
Tox _ . (1=2v)ép

T..- _l—(l Yo R (5.73)

In a case of Poisson material (v = 1/4), we can simplifies the relations by elimination of &:

T.x  2Vp*-a?p

=—f—\ 5.74
T, : 2p? —3a? (5.74)

Inhomogeneous SV wave

Here, the component of vector potential for an inhomogeneous SV wave is defined by

a_'vb — eiwpxe—wnze—iwt‘ (5‘75)

0x
The S-wave velocity 3 satisfies the relation 872 = p? — *. The result in section ?? leads to
the stress ration between 7, and 75 as:

)
v _ 00 =P7) (5.76)
I, 2pn
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Fig. 5.18  Stress ratio T, /T, at the surface for slowness p. Here we consider a Poisson
material, and the slowness is normalized by the S-wave velocity. We plot them for ps > 1
because the vertical wavenumber becomes pure imaginary (which can propagate in the
vertical direction as body waves) forp8 < 1

In a case of Poisson material @ = V38 Elimination of 7 leads to

2 2
Tax _ ;20 2B (5.77)

T,, 2p‘/p2—ﬁ‘2'

Let us compare the two stress ratios. Figure 5.18 shows that the two curves intersect when p
is slightly greater than 8~!, which would represent the condition under which inhomogeneous
waves can exist alone. This corresponds to Rayleigh waves. Let us consider in more detail
the conditions under which the stress ratio at the surface is constant. The condition of equal
stress ratio leads to the following relation;

(n* - p*)* +4p*én = 0. (5.78)

For the better understandings of the equation, we define X = p?8° and y*> = a2/872. With
the squared stress ratios of the inhomogeneous P wave and the inhomogeneous SV wave, we
can rearrange the equation is as follows:

16(1 -y X3 — (24 - 16y*)X>+8X -1 =0. (5.79)
In the case of Poisson material, the equation can be simplified as,
32X° - 56X% - 24X -3 =0, (5.80)

and the analytic solutions are given by

X = +

(5.81)

W
oI

1

47
Only the last one satisfies the condition p > 87!, and the solution corresponds to the solution
shown by Figure 5.18. What are the physical meanings of the other two solutions? The

incident angles estimated from p are 30° and 34.3° for Poisson material. These two angles
correspond exactly to the zero crossing of the Rgg in Figure 5.12: i.e., the case where all
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incident S waves are converted to reflected P waves. Thus, the three solutions make physical
sense. In other words, the problem of finding a condition where the incident S-wave reflected
at the free surface is extended to the problem of finding a condition where the inhomogeneous
P-wave converted only the inhomogeneous SV-wave wave. We summarize the displacement
of the Rayleigh wave

1-2 .
sy(x,z,t) =ipB [e“’gz + —p'Be‘“”Z} el wt=pX) (5.82)
2pB
2 ‘
s.(x,2,1) =EB |e®%% + ie“”ﬂ el t=px), (5.83)
1-2pg

whereé = \/p2 — a2, & = \/p? — B2 and B is an integral constant. Also, in order to choose a
physically meaningful solution (no divergence at z = —o0), the sign is chosen so that Imn < 0,
Imé& < 0 The sign is chosen so that Imn < 0, Im¢ < 0.

Figure 5.19(a) shows the depth profile of Rayleigh wave amplitudes (s, and s;). It can be
seen that the amplitude decreases exponentially with depth. The major difference from the
entity wave is the phase shift between horizontal and vertical motion. The motion of particles
at the surface is plotted in Fig 5.19(b). Taking the real parts of sx and s,, we see that they
rotate in the direction of the arrows in the figure since s, — sinwt, s; = coswt. Since the
Rayleigh wave is now traveling from left to right in the figure, we call it retrograde. "0 1>
Also, the sign of s, reverses around z = —0.25, so the direction of rotation is reversed at
deeper points. This direction is called the forward direction (prograde).

It’s hard to explain, so I created a demo page for Rayleigh waves on the web." 19 Please
refer to them as needed.

Rayleigh waves are two-dimensional because they have energy only near the surface. The
behavior is, therefore, similar to that of a two-dimensional Green’s function. Especially since
the amplitude is proportional to /2. ™17 When the epicentral distance is far, the surface
waves are larger than the body waves. " !8) Also, surface waves are not efficiently excited
when the hypocenter is deeper than the wavelength (because they decay exponentially in the
depth direction).

l 5.6.3 As a problem of inhomogeneous S-wave incidence

Let us now interpret the Rayleigh wave as a reflection/transmission problem for P-SV
inhomogeneous waves. Let us take the horizontal slowness on the horizontal axis and calculate
the reflection and conversion coefficients even for values larger than the S-wave slowness
(Figure 5.20). Here we consider the same formulation as in the section ??. In this case, let us
assume that the incident SV waves are inhomogeneous waves and choose a solution that decays
exponentially in a vertically downward direction. Then we would have to choose a solution
where the reflected inhomogeneous SV waves diverge in amplitude with depth. At first glance,

note I3) 1t is easy to understand if you think of the direction of rotation of a bicycle wheel.
note 16) https://www.eri.u-tokyo.ac.jp/people/knishida/Seismology/Rayleigh_wave.html
note 17) Roughly speaking, if the epicentral distance r, amplitude A, and propagation velocity cg, the energy flux can

be written as ¢, pwA? and

V~K=13(Kr):0, (5.84)
r or

which leads to A ~ /2.
note 18) Recalling the far-field term of Green’s function, we can see that the body waves are proportional to 7~!. This
can be derived from considering the conservation of energy as well as surface waves.
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Fig. 5.19 (a) Depth profile of Rayleigh wave amplitudes. (b) Particle motion at the surface.

this seems physically impossible, but let us recall the representation theorem. By placing a
boundary surface at a depth where the amplitude of the incident SV wave is sufficiently small
and by imposing stress and displacement boundary conditions at the boundary surface, we
can treat inhomogeneous SV waves with increasing amplitude in the depth direction. In other
words, it can be realized by considering a bottom to the medium instead of a semi-infinite
medium "€ 19,

Figure5.20 is identical to Figure 5.12 when the incident angle of 90°, which corresponds
to pf = 1. When pg is larger than 1, the incident SV wave also becomes an inhomogeneous
wave. There is a point where R, is zero at which p = 1 is slightly larger than 1. This is
precisely the point where there are no reflected S waves. The corresponding inhomogeneous
P wave and inhomogeneous SV wave can take a downward decaying solution. Thus, the
problem can also be viewed as a generalization of the SV wave reflection and transformation
problem.

note 19) representation theorem is powerful because it makes it easy to consider virtual operations like this
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Fig. 5.20 We can see that R is zero at the point where Slowness is slightly larger than
1/B. Also, the conversion coefficient R, corresponding to Rayleigh waves is defined as
(D/a)/(C/B) (see section ??), which can be related to the particle motions on the ground

surface.

l 5.6.4 Eigen value problem

We have considered the conditions for the existence of Rayleigh waves, but the governing
equation is somewhat complicated, and it is difficult to understand the mathematical setup.
Therefore, for the plane wave case of the P-SV problem, we rearrange the equation of motion
(equation 5.19) and Hooke’s law (3X 5.22). We choose sy, s;, Ty, T;, as variables to consider
the boundary conditions. Since the governing equations are partial derivatives of z only, the
equation can be represented by the first-order ordinary differential equations for z,

. 1
Sx ) 0 2 —twp m (1) Sx
i Sz — —twp /1+2f N 0 0 A+2u Sz , (585)
dz [Tx: —pw? + wzpz"jl(TJZ‘) 0 0 —iwp /l+/12,u T,
Ty, 0 —pa)2 —iwp 0 Tz,
where . Ty, Sy and T, are given by
. ds,
Tix =iwp(A+2u)sy +/ld—. (5.86)
z

In other words, it is a problem of integrating an ordinary differential equation from one
boundary to find p such that the boundary condition is satisfied on the other. This is nothing
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but an eigenvalue problem. The setup of the problem in section 5.6.2 corresponds to starting
the integration from the bottom to meet the boundary conditions at the other side. The result
in section 5.6.3 corresponds to matching the boundary condition at infinity depth-integrated
from the ground surface. This treatment as an eigenvalue problem will be discussed in detail
in the chapter on normal mode theory.

ToDO: Excitation of Rayleigh wave
Polar phase shift

Problem 5.6

1. Show that the equation 5.79 has a solution with slowness greater than p = 1/
for any elastic constant.

2. Illustrate the Rayleigh wave velocity versus Poisson’s ratio when 8 = 1. Also,
discuss the physical meanings.

3. Calculate the ellipticity of the particle motion at the earth’s surface in the same
way and discuss it physically.
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| §5.7 Lamb’s solution

We show a solution for Lamb’s solution for a half-space of 3-D elastic medium given by
Kausel 2014.¢ 7 is distance, 6 is azimuth, u is shear modulus, p is density, v is Poisson’s
ratio, Cr is Rayleigh wave velocity, Cs is S-wave velocity, Cp is P-wave velocity, ¢ is time, a is
Cs/Cp, k; is three dimensionless solution to the Rayleigh characteristic equation (= Cs/C}),
v = k1 = Cs/CRg is true Rayleigh root, and 7 is dimensionless time tCs /7.

The Rayleigh characteristic equation is given by

16(1 —a®)k® —8(3 - 2a*)k* +8«k* -1 =0. (5.87)

D, - Gi= D, (5.88)

_ J
DJ:(Ki—KLZ)(Ki—Ki), itj+k
3
1 A
5 I—Z J , a<t<l1
(1-v) = T2 = kP
uzz (r,7) = - 4 J (5.89)
Ty l—ﬁ, 1ST<’y
-y
1, T>Yy
3
1 C;
i(l—v)TZZ—j, a<t<l1
- 2_ 2
cos J=1 T2 — K7
Upy = (2 ) C, I (5.90)
TTHr 1+ (1 -v)1?——, I<t<y
2 _ 2
1, T>Yy
I
1 2_ 2
s (1 - Ci\t° — K5 a<t<l1
1 —-v)(—sind 2 J I
tg, = U= V)(=sin6) = (5.91)

2mpr 1 - Ci\12 =92, l<t<y

1, T>Y
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SH-wave propagation
from a point source in
a medium with two
layers

Chapter 6

On October 8th, 1909, at Kulpa Valley, a huge earthquake occurred, then it causes severe
damage. A Croatian meteorologist/seismologist Andrija Mohorovici¢ collected seismograms
in Europe, and plot the travel time curve as shown in Figure 6.1. He discovered a discontinuity
at depth of 54 km. The P-wave velocity of the crust is 5.68 km/s, whereas that of the mantle
is 7.75 km/s. Now it is known as Mohorovici¢ discontinuity (Moho discontinuity).””) In this
chapter, we learn how to infer discontinuity based on behaviors of reflected and refracted
waves from a point source. For simplicity, we focus on SH wave propagations.

In the previous chapter, we learned the reflection and refraction of plane waves. They are
fundamental to interpreting seismic wave propagation because a seismic wave field can be
represented by a superposition of plane waves as,

i

o o kxx+kyy+(“—§—k§—k§,)l/zz—wt]
o(x,1) = dw dkdkyA(ky, ky,w)e N (6.1)
—00 —00
Based on the results, we consider seismic wave propagations in a two-layer medium together
with features of Green’s function in an infinite medium. For simplicity, we will consider SH
wave (or acoustic wave equivalently) in this chapter.

97
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Fig. 6.1 Observed travel-time curves for the 1909 earthquake, taken from a paper trans-
lated into English (4) from Croatian") by Mohorovici¢ (1910).

| 6.1 Reflection and refraction on
an internal boundary

§ 6.1.1 SH wave

Next, we consider reflection and refraction on a
boundary inside an infinite elastic medium (Fig-
ure 6.2). A semi-infinite medium 2 z < 0 is
welded to the medium 1 z > 0. The incident SH
wave enters downward in medium 1, then it is
reflected in medium 1 and refracted to medium 2.

mediu
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Corresponding plane wave solutions are given by

72> 0:5y = Ale_iw(t_Plxx_PlzZ) + Ble—iw(t—plxxﬂnzZ)
(6.2)

7 <05, = Age  @UmPax=p2), (6.3)

The first term of s; shows incident wave, the sec-
ond term shows reflected wave, and s, shows re-
fracted wave in medium 2. To meet the boundary condition of the continuity of displacement,
the horizontal slowness should be the same as p;, = p2x. The condition is identical to Snell’s

law as ) )
sinf; sinf,

B B
To meet the condition of continuity of displacement on z = 0, A| + B; = A, is required.
Moreover, to meet the boundary condition of continuity of stress, yu;p1,(A1 — B1) = uap2; Az

is alsorequired. Then corresponding the reflection coefficient R, and the transition coefficient
Ty, are given by

(6.4)

By _ pipiz —paprz _ p1B1cos b1 — prfSacos by
Al pipiz +papaz 1B cos B + pafs cos by
_ Ay 2uipi; 2p1B1 cos 0,

Al pupiz+Hap2: p1Bicos B + pafrcosy’

(6.5)

(6.6)

Conservation of energy

Sum Energy flux which enters a unit area on z = 0 is Kj;, cos 81 should be same as the sum
of the reflected wave (K, y; cos 01), and refracted wave (K, qns c0s 62). In the case of SH
wave, the conservation of energy is given by

P11 cos 01 = p1B1 cos 01 |Ria|* + pafa cos 6| T2 |*. (6.7)

Total reflection
When 6, > 61, total reflection occurs for incident angle 8, is larger than the critical angle
6. defined by
6., =sin” —. (6.8)

In this case, since p,, becomes imaginary, the refracted wave in medium 2 decreases expo-
nentially with z. The refracted wave cannot transfer energy downward in medium 2.

On the other hand, although the reflection coefficient R, is imaginary, the absolute value is
1 (the numerator is complex conjugate to the denominator). When we consider conservation
of energy of equation 6.7, |R12|* is 1 and |Tj2|*> = 0. This also means the phase of the reflected
wave is advanced when the total reflection is. The phase of R, is given by

' p2+lP? - B5?
-1 M2tz 5
Hi1P1z w //31—2 _ pz

When u; goes infinity, the reflection coefficient Rj, = —1 represents reflection at a rigid wall.

argRi; = —2tan (6.9)
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Acoustic impedance

For simplicity, here we consider equation 6.10 for vertically propagating wave (6 = 0). The
reflection and transmission coeflicients are give by

_ p1B1— P2

= 6.10
2 p1P1 + P22 (6.10)
2p101
=\ 6.11
2 p1P1 + P22 (©11)

pp is called acoustic impedance, which shows resistance of entering wave. The equation
shows the impedance contrast determines the reflection and transmission coefficients. The
acoustic impedance is defined as the ratio between stress and particle velocity as an analogy
of resistance of the electric circuit.

With increasing p;(,, the transmitted wave is harder to enter. When the two acoustic
impedances match with each other as p;8; = p»f2, no reflection occurs. Even if seismic
velocities of two media are the same, a reflected wave occurs owing to the density contrast. In
summary, the reflection and transmission coefficients do not contain information on seismic
velocity contrast but also on density contrast. The coefficients are crucial for exploring density
contrast at discontinuities of the Earth.

l 6.1.2 Reflection, refraction, and conversion of P-SV at an
internal boundary

Because the calculation is complex, here I show only the results " D

a=py—2(2 — p1)p* K = a¢ +b& N = an; + by (6.12)
b= p1+2(ps — 1) p? L=d-2(us—p)émy M=d—2(us — u)éam (6.13)
d=py—p1—2(ua — )p*> D =KN+p*LM (6.14)

SV wave incidence

| Medium 2: a», 81
Rss = Z{—(am — b)K + p*[d +2(pa — p1)éxm | L}
6.15) 3
2
Rsp = —'g—i%[ad +2(u2 — u1)béama] Medium 1: ay, B
(6.16)
B12p1mK
=T 6.17
ss B A (6.17)
B12p1pm L Fig. 6.3
= 2L 6.18 g o
Sp 5 A (6.13)

note 1) Read ki and Richards (2002) or % (2009) in detail.
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ZZT
_ sin 6, _ sin 6, _ sin @ _ sin ¢, 6.19)
a @ Bi B
1 1
&=—-prm=—-p.vi=28p" (6.20)

2
@; B;

P wave incidence

Medium 2: a», 8>
1
Rpp = K{(a& — b&)N - p*ld + 2(pp — 1) é1ma ] M}
6.21) S
ay 2
Rps = _,3_1pr1 lad +2(p2 — u1)béama]  Medium 1: a1, By
(6.22)
2
Tpp = 220160 (6.23)
a A
2 M i
Tps = a1 2p1péi (6.24) Fig. 6.4
%) A
1
Rpp = K{(afl — b&)N = p*ld + 2(pp — 1) é1ma ] M} (6.25)
ay 2
Rps = _,3_1 pf] [ad +2(pu2 — u1)béans] (6.26)
2 N
Tpp = 21 2P161 (6.27)
a A
2 M
Tps = a1 2p1p5 1M (6.28)

(0%} A
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Fig. 6.5 Reflection, transmission and conversion coefficients at a boundary taken from 7

% (2009).
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| 6.1.3 Asymptotics for near vertical incident

This section describes the asymptotics of the coefficients for the near vertical incident (p
is enough small). Here we neglect higher order terms of p than 2.

P wave incident

P22 — p1aq

Rpp=—"——- (6.29)
P02 + p1a]
2 — 2 —
Rps = — aiplp2(p2 — pr)aafa +2p1 (H2 — pi1)] (6.30)
(202 + pra1) (282 + p151)
2
Tpp = — P14 6.31)
P2a2 + p1ay

_ 2p1aip[(p2 = pr)aafi = 2(p2 = 1)

T 6.32
Ps (p2a2 + pra1)(p2B2 + p151) (0:32)
S wave incident
_ p2B2 = p1B1 (6.33)
P22 + p1Bi
2B1plp2(p2 = pr)azfz +2p1 (2 — u1)]
Rep = — 6.34
P (p2a2 + pra1)(p2B2 + p151) (639
2p1B1
=7 6.35
S P22+ p1B1 (635)
Tep = 2p1B1p[(p2 — pr)azft — 2(uz — p1)] _ (6.36)

(p2a2 + pra1)(p232 + p1B1)

Rpp and Rsg can be represented by impedance as in SH wave. Surprisingly, the conversion

coefficients (e.g. Tps, Rps) is sensitive to density contrast and S-wave contrast explicitly.
Figure shows that this first-order approximation is valid for a large extent of slowness p.

| §6.2 Radiation of seismic wave
from a point source: wavefront and

ray path

Here we consider propagations of a wave packet f(¢). Amplitude in y component s, is
given by
sy(x,1) = A(x) f(1 - T(x)), (6.37)

where T'(x) is the arrival time at a location x, and A(x) is the amplitude. The isocontour for
the same arrival time of 7'(x) is known as the "wavefront". The ray is perpendicular to the
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Fig. 6.6

wavefront. The direction of the ray is represented by 7i = SVT, where 3 is the S-wave velocity.
The comparison with a plane wave shows that VT corresponds to the slowness vector.
Figure 6.6 shows a typical example of wavefronts for two-layer medium. The wavefronts
are associated with ripples spread out when a single pebble is dropped into water.
For understanding ray paths, the physical interpretation is feasible. Here we consider that
the spatial variation of A is enough loner than the wavelength. Because the spatial derivative
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of A is negligible, the displacement is written as,
d
Vs, =-AVf = —Ad—];VT (6.38)
The energy flux K is given by
K = Biip f2A. (6.39)

Conservation of energy along the ray path gives us the information of the amplitude. Figure
6.7 shows a typical example of ray paths.

A comparison of ray paths for reflection before the critical angle with the corresponding
wavefronts in Figure 6.6 is easy to interpret. On the other hand, the behavior after the critical
angle is complex. Total reflection after the critical angle causes the split between the transited
and reflected wave packets. The following section explains the behavior.

| §6.3 Behaviors at a discontinuity
of seismic wave

In the previous chapter, we learned about reflection and transmission at a discontinuity for
a plane wave. Based on the results, let us consider behaviors of seismic waves excited by a
point source (Green’s function) on the discontinuity. They are categorized into 4 types: direct
wave, reflection wave, head wave, and transmitted wave.

A~

Travel Time 0 Te
T ) .
Bi | o
L 5
—h 1, )
B
?
l r
e . )
The mirror
Fig. 6.7

} 6.3.1 Direct wave

First, let us consider the direct wave. For simplicity, we neglect free surfaces on the
ground. The green line in Figure 6.7 shows the direct wave. The SH-wave propagation can be
represented by a Green’s function in an infinite homogeneous medium. Of course, the travel
time 7 is proportional to the epicentral distance between the source and the station as

T(r)=r/B, (6.40)
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where r is the epicentral distance for the station and source in the xy plane. For a point source
in the 3-D medium, the amplitude decreases with 1/r, which is given by the conservation of
energy along the path as,

1 .
Ag ~ mel"ﬁl rHiB 6.41)

l 6.3.2 Reflected wave

Next, let us consider the reflection wave. The orange line shows the reflection wave. The
mirror symmetric source for the discontinuity (z = —A) help us to understand the ray path.

The travel time is given by
T =2Vh%+ (r/2)%/B1, (6.42)

and the amplitude is given by

N ikq, Ro
A, InRopi ) Rip(p)et ™, (6.43)
where Ry, is the reflection coefficient again. Because Rj; is real before the critical angle,
the reflection does not cause the phase shift. However, total reflection after the critical angle
causes the phase shift, and the amplitude equals to 1. They are also known as post-critical
reflections or wide-angle reflections.

After a critical angle, the behaviors become complex such as the splits of wavefronts and the
phase shift. Behaviors of a head wave are key to understanding the complexity, as explained
in the next subsection.

} 6.3.3 Head wave

The third type is a head wave (also
known as a refracted wave). The wave
enters the second layer with a critical
angle, and it propagates in the horizon- R
tal direction along the uppermost part .
of the second layer (Figure 6.7). The N -
travel time Ty is given by N

I'e Ie

r—
Ty(r) = 7 + cospfr (6.44)

Th litude A i itten b
¢ ampitude A 15 writien by Fig. 6.9 A schematic figure of head wave based

‘ P22 1 eiwot;l Huygens’ principle.

2repiBi pi(1 - B}/ D"

(6.45)
Although the frequency- and distance- dependencies are difficult to understand, I try to explain
in an intuitive manner.

Figure 6.6 shows wavefronts of the direct and the reflected and refracted wave share a point
on the boundary. After the critical reflection, they are split into two groups: one is a direct
and reflected wave, and the other is a head wave and transmitted wave. Exactly speaking,
inhomogeneous waves along the boundary also exists.

Ahead ~
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Fig. 6.8 Example of wide-angle reflection. After the critical angle, we can see the
reflected wave arrives before the ray theoretical value because of the phase shift due to the
inhomogeneous wave.

Let us consider the details of the split. A major difference between the two groups originated
from the fact that the direct wave cannot enter the second layer into the second medium. When
the transition from the transmitted wave to the inhomogeneous wave in the second layer, let
us consider a secondary point source with a spatial scale of about the wavelength at r. (finite
frequency effect) based on the representation theorem, which is a natural extension of Huygens
principle. As in the case of diffraction at a narrow slit, an SH wave is radiated in the right
direction. Although the ray path of the head wave seems to be parallel to the boundary in
layer 2, the path is slightly inclined to owe the source depth of an about wavelength. Thus SH
wave is transmitted toward layer 1, as predicted by the Huygens principle. The incident angle
can be estimated to be 90°¢; ~ D /A The corresponding transmission coefficient T}, can be
approximated by

) = 20232 cos 3 _ 2p2BA/D 1
p1B1cospr + prfacosyr  pificosy.  Dw
12

(6.46)

The amplitude decreases as r~'/2D~1D~1/2 where (1) r~'/? represents geometrical spreading
of the wavefront in xy plane, (2) D~'/? represents geometrical spreading of the wavefront in
xz plane, and (3) D! represents contribution by the transmission coefficient. The frequency
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dependence of w can be explained by the frequency dependence of the incident angle ¢, which
is proportional to the inverse of the wavelength. This is why the low-frequency component of
the head wave is emphasized. This equation exhibits that the head wave can be represented by
the integration of the direct wave in time domain"?). An example of observation in Figure
6.16 shows the dominance of low-frequency components in the head wave.

Because a realistic Earth structure is more complex, the ray path is not so simple. For
example, the Pn wave (head wave for Moho discontinuity) is refracted in the uppermost

mantle: the behavior may be easy to understand. The next section explains such a case.
note 3)

note2) The phase delay of i is explained by caustic introduced in the next section. A more exact discussion
mathematically is given by Aki and Richards'" for example. In the textbook, the complex integral is used for
the evaluation. On the other hand, I try to explain these features in a physically intuitive manner in this lecture.
note 3) See Stein and Wysession® §3.2.3 for details.
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| 6.3.4 Transmitted wave

Last, let us consider the transmitted wave. Because this
wave does not return to the surface, of course, we cannot 0
measure the travel time at a surface station. 0

1 Bi o

A, ~
" 4nvr
(6.47) L7

2 -1/2
B cos 901) | ¢t (kay ity )

T ri+r
12(P)( T o

where r; is the length of line OA, r; is length of line AB, B>
and r is length of line OB. A wavefront enters the discon-

tinuity with incident angle ¢;, and it is transmitted with

the emergency angle ¢,. Let us estimate the amplitude at

point B based on energy conservation. Figure 6.10 shows

a cross-section of the 3-D medium along line OB. 6/ shows
interception length at point B perpendicular to the ray path.

A simple geometrical estimation leads to

Fig. 6.10

ol

- 08¢ (n ) ) 5 (6.48)

~ cos g B cos? )

v

O /
| 5]
—rod

Fig. 6.11 Enter of a ray path toward the discontinuity. The ray path is refracted to the
radial direction, whereas it is not toward the tangential direction.

Figure 6.11 shows a bird’s view of the ray path. The ray path is refracted to the radial
direction (on rz plane), whereas it is not toward the tangential direction (¢). Therefore a
cross-section area at point 87 away from the origin is given by 6r2668¢, and a cross-section
area at point B is given by r06¢!. Here we define amplitude A; on a unit sphere in medium 1.
The conservation of energy along the ray leads to

232 COS ¢ |

Ti2|?| p1 A3 B169056 = pr A2w? Br61rd6. (6.49)
p1B1cos ¢y

P22 €os ¢

Note that the transmission coefficient is multiplied by B oS

Energy normalization of reflection and transmission coefficients

In the previous chapter, I explained the reflection and transmission coefficients. They are
defined by the amplitude ratio between the incident wave and the transmitted or reflected
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wave. When we consider energy conservation, energy normalization of the coefficients gives
us the physical meaning explicitly.
Conservation of energy (eq. 6.51) for the reflection and transmission is given by

p1B1cos @1 = p1B1 cos 1| Ri2|? + pa 2 cos 2| Tia | (6.50)

Both sides divided by p15; cos ¢; leads to

1= R+

B cos 2
P22 E8 P2 ‘ . (6.51)

P11 cos ¢

Here we define a energy normalized transmission coefficient 775" ™as,

, 232 cos 2 4
Trerm = |ZEEZ T TR note ) 6.52
12 \ p1Bicos g 2 (6.52)

Thus, this section explains the behaviors of Green’s function for a two-layer medium. In
the next section, I will introduce ray theory for discussions of seismic wave propagations in a
multi-layer structure.

Problem 6.1

Derive eq. 6.48. This is a simple geometrical problem.

note 4) See a textbook by Shearer(” for details. Sections of ray theory are easy-to-grasp.
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l 6.3.5 Evaluation of integral: stationary phase approxi-

mation

The previous sub-section physically interpreted direct, reflected, transmitted, and head
waves. Now let us consider them more quantitatively.

As mentioned at the beginning of this chapter, wave propagation in a two-layer medium
can be exactly evaluated by decomposing it into plane waves and multiplying each plane wave
by the reflection-transmission coefficient and integrating it in the wavenumber domain. This
expression can be naturally extended to cylindrical waves (Hankel function) and is expressed
as The potential y,4 representing a direct wave is given by the integration of slowness as

w o ] |z]
M ela){;‘l
= H wpr dp. 6.53
Xd - 1'/_ 0 ( P ) 21‘{.:1 pap ( )

Here, let us consider a case of £ becomes imaginary. As yg is physically meaningful (not
diverging) for p — oo, we define the sign as

B2-p* Ipl<1/B,

&1 = (6.54)
NP2 =BT Ipl > 1B

Potentials y, and y; for reflected and transmitted waves are also given by

w 0 1) eia).fl|z+2h|
= R H ———pdp, 6.55
X = o /_m 12(p)H, " (wpr) e (6.55)
w oo ) elw(&1h=&(z+h))
X = / Ti2(p)H, (wpr)TPdP- (6.56)

It is important to note that the reflection potential y, represents both reflected and head waves.
This integral is numerically evaluated in Figure 6.13. "3, The direct wave is impulsive,
showing that it propagates without changing its shape. The head wave is clearly visible from

note5) & has a singularity. In order to avoid the singularity in the numerical integration, we gave a very small
imaginary part to the elastic constants. This physically corresponds to giving a weak damping
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around 60 km, and it is also evident that it is predominantly long-period. The reflected waves
are pulse-like at stations close to the epicenter (up to about 20 km), but when it exceeds the
critical angle (wide-angle reflection), the reflected waves gradually shift in phase.

The numerical integration results show that, indeed, this integral (Weyl’s table expression)
seems to be correct. To grasp this integral roughly, let us consider its approximate behavior.
Here we will consider direct-directed wave as the simplest case.

First, assuming that the propagation distance is sufficiently large compared to the wave-
length, the Hankel function is approximated by

2 .
HYV (2) ~ | e, (6.57)
Ttz

Then, y4 can be approximated by

20 _injs elw(pr+éiiz)) y 658
rd 47T,U1 V ./ -2i&; T oig VPP (65%)

Here we consider a case for z=20 km, r = 30 km, f = 225 [Hz], and 8 = 3 km/s, Figure 6.15
plot the integrand

elw(pr+éilzl)
—2i&

The figure shows the oscillatory shape in most locations, but the oscillation stops near pf3; =
0.8. When integrated, the contribution near this point becomes large.

Let us now evaluate the integral using stationary phase method. Because the part of the
gentle oscillation shows a location where the phase change is small,

N2 (6.59)

dw(pr —&lz|)

=0. 6.60
p (6.60)

Then,
d(pr-é&lz|) _ &1 lzlp
—  — =r—|zl>=—=r—-—=0.

dp - dp &

Therefore, the contribution of the integral near p (called the stationary point) which satisfy

(6.61)

72

e

pPo= (6.62)

becomes large, where d is the distance Vr? + z2.

Although the calculations are a little complicated "¢ ©, the integrand can be evaluated by
Tayler expansion up to the second order. Because the first-order term disappears from the
condition to be the stationary point, we can evaluate the correpsonding phase up to the second
order as

d _ dBi (p—po)

6.63
Br z)? 2 (0.63)

w(pr=&ilz]) =w

note 6) This subsection plant to explain stationary phase method. The following is a simple calculation policy, but
since the calculations are complicated. You can skip over the evaluations below.
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With an assumption that £; and p are enough small near the stationary point, the inegrand y 4
can be evaluated up to the second order terms of the Tayler expansion as

d a3 da’py (p- -pg)?

,Bl 122 2
e im/4 d 6.64
Xa~ | / ——— VP, (664

dp;
where
Elp=po = ﬂ- (6.65)
P=Po dﬁl
This integral can be calculated by using the Fresnel integral
[} . 1 .
/ e dx = ﬁx/?re—’"/‘*. (6.66)
o a

Although the calculation is complicated, the potential y, can be calculated as

s [ B
a~ — ‘/i‘:el(“’ +3) 41VPo (zlzlzlpz)dp (6.67)

4 27| Jow
x LT

L [ g BB [ el 668)
Ay N nr 2|zl Jow

! ,/2“’@’(”%) Vrn (6.69)
477#1 2d\w
__ L e (6.70)
A d

For an external force
H(1)V x (0,0,6(x)), (6.71)

we can evaluate displacement A, from the potential y 4 as
1 i wﬁi}

=——¢
drp prd

which is identical to the exact solution by chance.

Next, let’s consider reflected and head waves (y, and y;). The reflected wave is similar to
the direct wave, with a larger contribution from the stationary phase. Next, let’s consider the
envelope. You can see that the shape of the envelope changes dramatically at around pS, = 1.
This is because the reflection coefficient changes significantly at around the critical angle.
At the point, the condition of stationary phase approximation, which is required to apply the
stationary phase method, does not hold. Therefore, even when oscillating rapidly outside
the stationary point, the integral contribution near pS; does not cancel each other out. This
contribution corresponds to the head wave.

(6.72)
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6. SH-wave propagation from a point source in a medium with two layers

Fig. 6.13 An example of numerical evaluation of the integrated for 81 = 3 [km/s], 8>

ezozoz
ezozos

100
75 1

114

50 1
25
0
-25
-50

1.4

3

12
275 [Hz), B

1.0

6 0.
Normalizeg slowness pf,
20 km, r =30 km, f

0.4 0.
oscillations.

0.2

0.0

Fig. 6.14 The integrated of the direct wave for z

km/s. This figure shows rapid

-75



6.3. BEHAVIORS AT A DISCONTINUITY OF SEISMIC WAVE

115

AN
vWW

—~\ ‘/V\vAvAv.

R LT T —=—oc=
e e
||||||||||||||| ———
L o rreyyeyy—————
e mp————— e
e T Ty nyy
e T Ty
e
- Sl
— —
i
-
-
i
-
-l
P
[
©
£
8
[}
o E
1
1
1
1
T T ! T T
o o o o o
< ~ N <
- o

Normalized slowness pf;

20 km, r = 30

Z:

Fig. 6.15 The integrated of the reflection wave and the head wave for
oscillations.

km, f

3 km/s. This figure shows rapid

275 [Hz] and B =



6. SH-wave propagation from a point source in a medium with two layers

— "/\’Avﬁ Av‘v‘ W\

116

l 6.3.6 An example of actual records

Figure 6.16 shows a record section when an earthquake with Mj 5.2 at Shimane prefecture
on June 4th 2011. The figure shows the first arrivals of Pg (direct wave, which propagates in
the crust) up to an epicentral distance of about 170 km. Farther than the distance, the first
arrivals are Pn wave arrivals (head wave for Moho discontinuity). The dominant frequency
of the Pn wave is longer than the direct wave (Pg wave). In contrast, reflection phases (PmP)
exhibit complex wave propagations. The complexity originated from scattering owing to
lateral heterogeneities in the crust. At higher frequencies, the travel times of the first arrivals
give us robust information because they are not disturbed by the scattering.

The slopes of Pg and Pn show that 81 ~ 6 km/s, and 8> ~ 8 km/s. A cross-over point
between Pg- and Pn-arrivals at distance x is given by x; = 2h+/(81 + 82)/ (B2 — B2). Based
on the observed x4 of about 170 km, the crust thickness is estimated to be 30 km. Although,
of course, this estimation is oversimplified, a similar simple estimation is feasible for grasping
the propagation properties. For a more realistic situation, the ray theory introduced in the
next chapter is feasible.
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Fig. 6.16 Seismograms recorded by Hi-net station against the epicentral distances when
an earthquake with Mj 5.2 at Shimane prefecture on June 4th in 2011. Although the
first arrivals are easy to pick, the later phases show complex propagation properties. The

complex features originated from lateral heterogeneities in the crust, although the lateral
heterogeneities in the Chugoku region are weakest in Japan islands
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e Problem 6.2 ~

The website demonstrates SH-wave propagation in a two-layer medium (2-D). Based on
the seismograms, we can estimate (1) the S-wave ratio between the 1st layer and the 2nd
layers and (2) the density ratio between the 1st layer and the 2nd layers.

1. Using the whole wave field (depth section in the upper panel), estimate the S-wave
ratio between the layer and the density ratio.

2. Using only surface records (seismograms shown in the lower panel) estimate the
S-wave ratio between the layer and the density ratio.

Here we assume that the source depth is known. You do not need to consider
measurement errors.

http://www.eri.u-tokyo.ac. jp/people/knishida/Seismology/wave2D2.
html

iha% T
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|
d 1
P km 500 km

.

SERAS)
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Fig. 6.17 Example of the demonstration
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| 564 Inhomogeneous wave: Love
wave and Scholte wave

In the case of a semi-infinite medium, only a Rayleigh wave can exist as an inhomogeneous
wave; what about the two-layer case? Let us consider the case where there is a layer of
thickness / below the surface welded with a semi-infinite medium below it (Figure6.18). An
inhomogeneous wave can exist because the wave is trapped in the above low-velocity layer.
First, for the SH wave case, we will consider a wave known as Love wave.(") Next, for the
case where the first layer is fluid and the second layer is solid, it is known as Scholte wave.()
We will consider each wave in this section.

A~

0 X(p)

<

Bi

B2

Fig. 6.18

l 6.4.1 Love wave
S
First, let us consider how the Love wave \@/v) ELTTIE

propagates (Figure6.19). o in the figure shows
a marker for the ground displacement. You v 0000000000
can see in the figure how the ground is de- ::::: 0'::: :::::::::::::
formed horizontally. Move the cursor over Jssssssssss ::_= et e
the figure and press the s key on the keyboard; POOCO DCOO0 sesedscsssssantsy

A ITYTYYTTIYYY I LI XTI Y LT
the Love wave starts to propagate to the right.  ,sess sesssdoesrunessrissssssesses
The circle moving  in the font of the page LLTTT TTTTTY P s A YT TY T YT ETXT LD
. . . . . L (Yl l XTIy
is shown in red and the circle moving in the Eoooreh o e s 3 ot sk oo

back of the page is shown in light blue.

Love waves occur when a soft layer over- Fig. 6.19 A snapshot of a demon-

lies a hard layer. For example, a soft crust stration of Love wave propagation.
overlying a stiff mantle. In this figure, cir- Sea the following web application:
cles are placed every 10 km along the vertical https://www.eri.u-tokyo.ac.

axis (depth) and every 6.25 km along the hor- jp/people/knishida/Seismology/
izontal axis (horizontal). The fourth o in the Love_wave.html. Play the application
depth direction is at the boundary between the for the understandings.

crust and the mantle (the Moho discontinuity). You can see how the waves are efficiently
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propagating horizontally through the crust.

You can see how the shape of the wave has changed compared to the beginning of the wave
and its propagation. The red areas extend both horizontally and vertically. On the other hand,
the green part is concentrated near the surface. You can see the delayed propagation of the
green part. The speed of wave propagation changes depending on the wavelength and the
shape of the wave changes. This phenomenon is called dispersion. In this case, waves with
longer wavelengths travel faster, and waves with shorter wavelengths travel slower. This is
because long waves are strongly affected by the stiff layer (deep layer: mantle).

Standing wave

This sub-section has described the properties of the Love wave qualitatively, but physically
it can be thought of as a standing wave with the energy trapped in the first layer. Let us
consider the case where 3, is infinite (bottom is a rigid wall) as an extreme limit. This is the
problem of the so-called oscillation of an air column. Assuming that the wave propagates in
the vertical direction, the stress is zero at the surface, so s, o« cos(kz — wt). At depth h, the
phase is & shifted due to the fixed edge. At the ground surface, the phase is not shifted by
reflections because of the open edge. Therefore, considering that the phase difference with
the wave reflected there is 27,

k-0—wt=k(Q2h)—wt+n+2nn. (6.73)

Because A = 27/ k, we obtain the following relation:

2h
B

I’l+§

1=— (6.74)

Let us make a similar estimate for the Love wave below.

Since we are now considering a situation where energy is trapped in the first layer, we
assume that the incident wave is totally reflected beyond the critical angle (see section 2?).
The phase of the reflection at the boundary between the first and second layers is shifted by

i
argR; = -2 tan™! HatP2z _ —2tan

H1P1z

(6.75)

The difference from the air column case is that once the wave is reflected, it returns to the
surface point X (Figure6.18). This means that the phase of the incident SH wave at (X, 0)
must be the same as that of the reflected wave. The two-way travel time T can be written by

T =2VX2 + 2. (6.76)

During the propagation, the incident wave advances in phase by Xp. The condition requires
the following relation:
T +argRi; = pX +2nn. (6.77)

Because
(6.78)
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in summary, we obtain the following relation:

M2/P? —ﬁ
hwA|B7? —p] i L (6.79)
\[181 _p

This equation is known as the characteristic equation for Love waves. To improve the
perspective of the equation, we can rewrite the relation as

tan

) _ w2 N1=(B1/B2)* - (Brm)? (6.80)
u

how
an{ g A Bim

Bi
where we define n; = / [31‘2 — p2, and we choose 31777 as a variable. Figure 6.20 shows t

he left and right sides of the equation are plotted as functions of 517, respectively. ~ When
the two lines cross each other, the condition is satisfied and a Love wave can exist.

0.8 1.0

Bim

Fig. 6.20 Root of the characteristic equation of a Love wave for 2 = 30 km, 0.2 Hz,
B1 =3 km/s, By = 4 km/s, p; = 2.5 glem> and pp = 2.8 glem?.
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The right side can exist if By7; is smaller than
V1 = (B1/B2)%. Since the left side is tan, we know
that at least one solution can exist. This solution is
called the fundamental mode. In the current situa-
tion (0.2~ Hz), we can see that three solutions exist.
They are called the fundamental mode (zeroth-order 20
mode), first higher mode, and second higher mode,
respectively, starting from the one with smaller 817,
(i.e., longer wavelength).

Consider the conditions for the existence of a first
higher mode. As the frequency decreases, the dashed 407
line moves to the left. It cannot exist when the phase
of tan is left of 37 /2. This requires 50 4

n% < \J1-(B1/B2)>. (6.81) 0 |

The cut-off frequency of an nth higher mode f* is

104

30 1

. 70 - = 0th mode
given by 1th mode
ﬂ 1 — = 2th mode
npi I
fcut — (682) 8071 (-) J

SN S

Fig. 6.21 Depth distribution of

Let us consider the displacement distribution as a Love wave amplitudes. Ampli-
function of depth for each mode. Figure 6.21 shows tudes of each mode are normalized
the depth distribution of displacement for each mode. at the surface.

You can see that the energy is confined in the low-
velocity layer (layer 1), and in layer 2, it decays ex-
ponentially with increasing depth. The oscillation of the air column corresponds to the
fundamental mode, first-order mode, and second-order mode, starting from the one with the
smaller number of nodes.

Jeans relation

Phase velocity and group velocity

The phase velocity (p~!) of the Love wave for each frequency is plotted in Figure6.22.
For each mode, the phase speed (solid line) is 8, on the long-period side and monotonically
decreases as the frequency increases, approaching 8. The fundamental mode exists from
frequency 0, while a higher-order mode has a cutoff frequency on the low-frequency side.
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Fig. 6.22 Dispersion curves for the Love wave. Phase velocity is shown as a solid line and
group velocity as a dashed line. Here we assumed that 2 = 30 km, 0.2 Hz, 8| = 3 km/s,
B =4 km/s, py = 2.5 g/em? and py = 2.8 g/em’.
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Fig. 6.23 Dispersion curves of Love waves propagating through the Japanese Islands
observed by Hi-net tiltmeters. See”) for details of the analysis.

Here is an example of an observed dispersion of Love waves. Figure 6.23 is the dispersion
curve of the Love wave recorded by the Hi-net tiltmeters, which shows the fundamental
mode, the first, second, and third higher modes. It represents the average features of the
Japanese Islands. There is a cutoff at 4.5 km/s, indicating that the mantle S-wave velocity is
approximately 4.5 km/s. In addition, the phase velocity of the fundamental mode is slower
for shorter periods. This is because the crust cannot be represented as a single layer, and the
shallow and slower layer reduces the phase velocity.

Surface waves have different propagation speeds at different frequencies. This phenomenon
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is called dispersion. Here, for simplicity, we consider the following wave propagation:

wotAw
/ el klw)x-wt) g, (6.83)
W

0—Aw

where w is angular frequency, k(w) is wavenumber and x represents the location.
The Taylor expansion  of k(w) around the center frequency wq leads to

k(w) ~ ko + ﬁ(cu —wo) +0(2). (6.84)
dw

If Aw is enough small, we can simplify the equation as

wothw ) Aw L ak ) 2 sin (Ci - l‘)
/ el(k(w)x—wt)dw ~ el(k()x—w()l) / Py (Ex_t)da)’ — el(kox—wot) - 8 )
wo-Aw -Aw g -1
(6.85)

where group velocity ¢, is defined by dw/dk. The phase propagates with wg/ko, and the
envelope (sinc function sinx/x) propagates with the group velocity c.

The results of the actual numerical integra-
tion are shown in Figure 6.24. Unlike the sim- i) [sec]
ple case with no dispersion, you can see that 100
the waveform is propagating while changing
its shape. Lines with the same amplitude (in-
phase) propagate with a phase speed of w/k.
On the other hand, the entire wave group prop-
agates with a group velocity of dw/dk. Ap-
proximating the above integral by the sum of
the two frequencies, we can derive the group
velocity equation from the sum-product for-
mula for trigonometric functions.

Let up take another look at the figure6.22.
The group velocity is represented by the dot-
ted line. The phase velocities decrease with
frequency, but group velocities have minima. -20 -10 0 10 20
What happens when there is a minimum? BHRE DA E [km]

Near the minima, the group velocity does not —

change much. Suppose we divide such an in- KOEETTF
terval into a narrow frequency range (e.g., frequency width %Q%.ﬁinq&@aﬁlﬁﬁrriws at the
same group velocity, each wave packet arrives at the same time and has a larger amplitude.
Thus, the amplitude of the wave packet near the group velocity minimum becomes large,
which is known as the airy phase. In figure 6.25, we have shown an example of a first-order
higher-order mode of the Love wave. Indeed, it can be seen that wave packets with group
velocities of 2.7 km/s, which is the minimum value of group velocity, are dominant.

Superposition of Love modes

Finally, let us superimpose all the Love modes. As we first discussed in this section, we
can see the wave with wide-angle multiple reflections (at a time shortly before the blue dotted
line). The blue dotted line corresponds to the travel time 7T'(x) = x83,/ (ﬁf) and represents
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Fig. 6.25 First-order higher mode of the Love wave plotted against distance and time.
The white dashed lines correspond to phase speeds of 3 km/s and 4 km/s, and the orange
dashed line corresponds to 2.7 km/s (the minimum value of group velocity). You can see
the dominant wave packet where the group velocity takes a minimum value.

the travel time of the wide-angle multiple reflections. The fact that the wave is not visible at
times later than this line indicates that it cannot represent a wave incident at a steep angle that
would transmit to the layer below. It should be noted that the superposition of modes also
reproduces head wave (red dashed line in the figure). While the reflected wave is impulsive,
the head wave is bordered. This is because the head wave can be estimated by an integral of
the direct waveform (see chapter ??). This is due to the contribution of higher-order modes
near the cutoff frequency. The wave that is parallel to the head wave and visible 20 seconds
later is the wave propagating as a head wave after once being reflected wide angle.

One point to note is that we can see wave groups that are clearly physically incorrect
(not satisfying the causality) before the head wave. These waves have a phase velocity of
approximately 4 km/s (S-wave velocity in the second layer). This is because Love waves cannot
represent waves propagating in the second layer. "7, What waves cannot be represented
as a sum of modes can be interpreted physically. More strict treatment will be given in the
chapter on normal mode theory.

note ) Strictly speaking, it is the term expressed by the branch integral contribution. See Saito (2009) chapter 9.4
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Fig. 6.26 The figure shows the superposition of Love modes up to the 14th higher-order
modes. The highest frequency is 1 Hz and the structure is the same as in the previous
example. The blue dotted line corresponds to the travel time T(x) = xB»/ (/3%) and
represents the wide-angle multiple reflection travel time. The red line represents the travel
time of the head wave.

Problem 6.4

Let us evaluate the dispersive wave using the stationary phase approximation.

lRe / G ewt) g, (6.86)
T 0

Here we define the phase ¥ = k(w)x/t — w, we can rewrite the equation

1 =
;Re /0 (@) gy, (6.87)

Because ¢’ oscillates rapidly, the contribution near

d¥(w)

=0 6.88
To (6.88)

W=w
became dominant. In this case,

1. Evaluate the integral by expanding w to the second order term of wy.
2. Consider the group velocity.
3. Also, consider the case where the group velocity takes the minimum.
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Waves 1n a density
stratified fluid

Chapter 7

1§7.1 Atmospheric wave

When propagations of an atmospheric wave, buoyancy force plays a more important role
than seismic wave propagations. There are two major effects of gravity "¢ 1),

First, gravity force causes stratification of the atmospheric structure. Under hydrostatic
equilibrium, pressure gradient equals gravity force. As a result, the density and the pressure
decay exponentially with the height. With an increasing height of atmospheric scale height
H; km, the density decrease to 1/e. The scale height is a characteristic parameter of the
atmospheric structure.

Next, gravity is important as a restoring force. As already explained, gravity case strat-
ification of the atmosphere. The change in height causes significant buoyancy force. The
buoyancy force is not only the dominant restoring force for internal gravity waves but also
significant for low frequency infrasound. When characterizing the buoyancy force, buoyancy
frequency (or Brunt-Viiséld frequency) N and acoustic cut-off frequency N, are defined as,

N2o_8dpo 8

po dz 2

Cs
N , 7.1
“= 30 (7.1)

where g is gravity acceleration, pg is density, z is height, and ¢, is sound speed.

First, to understand buoyancy frequency N, let us consider a volume element. The strat-
ification causes buoyancy force. The stratification is enough strong when the temperature
profile is steeper than the adiabatic temperature gradient. In this case, the buoyancy force
causes oscillation of the element with frequency N.

Acoustic cut-off frequency N, represents the lowest frequency of an acoustic wave. Lower
than this frequency, acoustic waves cannot exist. The definition shows that the wavelength
of acoustic wave at the frequency N, is 4mH;. This means that the acoustic restoring force

note 1) See details in §6.14 (Adjustment to Equilibrium in a Stratified Compressible Fluid) of Gill’s textbook.(") You
can find more details about infrasounds in the textbook by Gossared.”)
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Fig. 7.1 Dispersion relation of atmospheric waves. The blue area shows a regime of an
acoustic wave, and the red one shows a regime of an internal gravity wave. The white area
shows an evanescent wave, which cannot propagate toward the vertical direction.

cannot sustain the acoustic wave below the frequency. N, is higher than N. Although these
frequencies depend on the height and the locations, typically N is about 2 mHz, and N, is
about 3 mHz.

Figure 7.1 shows a diagram of the acoustic wave and internal gravity wave in frequency—
wavenumber domain. The blue area shows a regime of an acoustic wave, and the red one
shows a regime of an internal gravity wave. The white area shows an evanescent wave, which
cannot propagate toward the vertical direction. A Lamb wave is a typical evanescent wave,
which propagates horizontally with sound speed and equilibrates hydrostatically toward the
vertical direction. The energy of Lamb wave is concentrated around the surface, and the
energy decay exponentially with height as exp(—z/H,)"¢?

-~ Wavenumber-frequency spectrum ~

As depicted by Figure 7.1, the wavenumber-frequency spectrum plays a crucial role
in understanding seismic wave propagations. Because, in particular, strong dispersion
causes complexity in time domain, the wavenumber-frequency spectrum is effective
for dispersive waves. Although from a mathematical point of view, treatments in the
wavenumber-frequency domain are equivalent to those in spatial-time domain, they are
complemental to each other.

note 2) T amb waves were observed when solar eclipses, nuclear bomb tests in the atmosphere, and volcanic eruptions.
Because of the less attenuation, multi-orbit Lamb waves were reported.
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Ray theory

Chapter 8

The previous chapter explains SH wave propagations in a two-layer medium. Although it
gives us insight into seismic wave propagations of realistic earth, the real Earth’s structure is

Time [min]
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J
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Fig. 8.1 Observed records of the 2015 earthquake off the western coast of the Ogasawara
Islands. The P-wave and S-wave are clear, but the waveforms are not so simple. The figure
shows the shadow zone of the P-wave by the outer core, where the P-wave does not reach
the surface (around the arc distance of 110 degrees).
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more complex. To address seismic wave propagations for a more realistic Earth mode, the
next is the multi-layer approximation of the Earth’s structure.

A typical dominant frequency of teleseismic events recorded by seismometers is an order of
1 Hz. In this case, a spatial scale of the Earth’s structure is approximated to be enough shorter
than the wavelength of the seismic wave " . Figure 8.1 shows observed seismograms when
the 2015 earthquake off the western coast of the Ogasawara Islands (the focal depth is deeper
than 660 km) on the global scale. This figure exhibits many phases, which are classified
in terms of the ray path and wave type. To interpret the seismic wave propagations, an ap-
proximation of geometrical optics is feasible. Exactly speaking, although this approximation
is valid only for high-frequency limits, this approach is feasible for seismic exploration of
Earth’s structure in many cases practically.

Figure 8.2 shows the arrival times of the waves, which are visually picked by the onset time
of observed seismograms, and plots them against the epicenter distance. Black represents the
P-wave type, and red represents the S-wave type. The figure shows numerous phases (classified
according to the ray path and the combination of wave types). Even if observed waveforms
are so complicated (see figure 5.2, for example), it is easier to grasp the characteristics by
the travel time plot. The pick of the arrival times is the operation of abstraction of observed
data. This figure also shows that the Earth’s internal structure can be approximated as a
one-dimensional structure since the travel time is a function of only the epicentral distance. In
addition, for P waves (angular distance of 100 degrees and a travel time of about 13 minutes),
the travel times are highly scattered, which can be interpreted as large velocity heterogeneities
at the core-mantle boundary.

This figure shows the arrival times of the seismic phase waves visually and plots them
against the epicenter distance. Black represents the P-wave, and red represents the S-wave.
Numerous phases (classified according to the path taken and the combination of wave types)
can be seen. Since the whole waveforms are too complicated to model, it is easier to grasp the
dominant features by simplified information: arrival times. This figure also shows that the
Earth’s internal structure can be approximated as one-dimensional because the measured travel
time is a simple function of the epicentral distance. In addition, for P waves (angular distance
of 100 degrees and travel time of about 13 minutes), the travel times are highly scattered,
which can be interpreted as a large velocity inhomogeneity at the core-mantle boundary.

A theory of wave propagation based on geometrical optics is known as Ray theory. This
theory has played an important role in seismology for a long time. In particular, the ray theory
for a stratified medium (multi-layer medium) is a basic theory for seismic wave propagations.
This chapter gives the outline of ray theory in a stratified medium for interpreting seismic
wave propagations in a realistic Earth.

| §8.1 High frequency approxima-
tion

note 1) A wavenumber spectrum of Earth’s heterogeneities shows that the long wavelength components are dominant
(called as "red structure").
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Fig. 8.2 Travel-time plots of various seismic phases. Black represents P-waves, and red
represents S-waves. Events shallower than 20 km that occurred in 2018 were selected. Data
are from International Seismological Centre (2021), On-line Bulletin, https: //doi.org/
10.31905/D808B830.
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First, let us consider P-wave potential. With an assumption that typical spatial scales of
physical properties (density and elastic constants) are enough longer than the wavelength of
the P wave, the wave equation of P-wave can be simplified as

é = a*V?¢. 8.1)

Here we assume that a wave packet ¢ propagates with the shape as ¢(x,1) = A(x)f (¢t —
T(x)). Because the potential is a function of a single variable, the spatial derivative is given
by Vf = VT f. Insertion of the equation into the wave equation gives the following equation:

iz(;s‘ =V2Af(t-T)-2VA-VTf(t-T)+Af(t =T)(VI) >+ Af(t - T)V*T. (8.2)
a

Fourier transform of both sides is written by,

2
~ 2 = VP AF(0) - 2i0VA - VTF () - A>0*F(VT)* ~ AwiFV’T. (8.3)
a

With an assumption that angular frequency w is enough large, the real part of the equation
leads to the Eikonal equation as
1
VT = —. (8.4)
a
Here we define slowness vector p by VT.
On the other hand, the imaginary part in the high-frequency limit leads to the transport
equation.
2VA - VT + AVT = 0. (8.5)

This equation can be rewritten as V - (A2 p) = 0, which represents the conservation of energy.
By solving the Eikonal equation, we get travel time 7. Then we can estimate A from the
transport equation with the estimated 7.

| §8.2 Ray tracing: Hamiltonian
formalism

Based on ray theory, integration of the Eikonal equation gives travel time 7. Ray tracing
is one of the solving methods. Ray can be defined by successions of slowness vectors as
already introduced. The wavefront expands with a speed of the seismic velocity in a direction
of slowness vector. Below, I will explain the physical meanings of ray tracing: ray tracing
can be interpreted as tracing of a particle motion under a potential. This physical system
can be described in a simple manner by generating parameter o instead of time, as explained
later. Although the discussion is based on analytical mechanics, the formulation is helpful for
interpretation.

Here we consider the problem of tracing a particle motion under a potential —1/a. Instead
of time, we define generating parameter o " ? for describing the location as

do = ads. (8.6)

note 2) Although, for determining the locations in a mechanical system, we can use s or travel time 7', we use
generating parameter o. This is simply because we can simplify the governing equation.
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Here ds represents an infinitesimal path. The Hamiltonian H of this system is given by"*'¢ 3

H(x,p) = % [p-p-a?(x)]. (8.7)

The eikonal equation can be interpreted as a condition of the constraint of this system. The
eikonal equation can be rewritten as H(x, p) = 0 using Hamiltonian. Hamilton equations are
written by

dx OH

ax _ o9 _ 8.8
dr~ 9p P (8.8)
dp 0H 1_ _,

—_— —_— = —V . .
dr ox 29 8.9)

These equations can be interpreted as

1. Let us consider a problem of tracing a particle motion under a potential —a .

2. The initial condition is given by p. Note that p is constrained by the equation
H(p,x) = 0. (This condition is equivalent that the absolute value of p at the initial
injection point is 1/a).

3. According to Hamilton equations, dH = dyHdx + 8, Hdp = 0. This means that at any
point along the ray path, H = 0 if the initial value H = 0 at the injection point.

4. The particle motion can be traced by integrating the Hamilton equations. Physically,
o represents time.

The two first-order differential equations can be simplified as a single equation:

— - =-Va " =0. (8.10)

This equation represents the equation of motion. The corresponding Lagrangian can be
defined as,

L:%[x-x+a‘2(x)], (8.11)

which satisfy the relation of p = d; L (definition of generalized momentum)"°¢ %,
Here we consider a stratified medium. In this case, because a depends only on depth 7,
P becomes a conserved quantity. p, is also known as the ray parameter.

I 8.2.1 For spherical Earth

When we consider global seismic wave propagations, a spherical coordinate is more con-
venient. With an assumption that P-wave velocity a(r) depend only on radius r (spherical
symmetry), the Lagrangian L is written by,

L= %(r‘z +(r6) + (rsin04)* — a(r)7?). (8.12)

note 3) For details, read chapter 15 of Dahlen and Tromp [1998])

note 4) We often use symbol p for slowness vector, because the slowness vector can be interpreted as generalized
momentum based on ray theory. When we use time as a variable for determining the location, the generalized
momentum is not proportional to the particle velocity. On the other hand, generalized momentum using
generating parameter is proportional to the particle velocity. Generating parameter gives us a more simple
physical analogy.

note 5) T the context of analytical mechanics, such x is called a cyclic coordinate.
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By the appropriate choice of the spherical coordinate, we can drop ¢. Angular distance Delta
along 6 direction can describe the propagations. For a spherical structure, the ray parameter
p ray parameter p = (p,, pg, p¢) in the spherical coordinate is given by

_ 0L dr
Pr="5i = dor
oL ,db
= — =7y  —
Peo 90 do
oL d
Po = i (rsin@)zﬁ. (8.13)
Similarly, the Hamiltonian H is
1
H= E(p% + r_zng + (rsin 0)_2p§5 —a(r)?) (8.14)

and the Hamilton equation can be written as

dr _ 9H _
dO'_Bpr_pr’
49 _ OH _ po
do  dpe r?’
d¢  OH
a8 _ =_Ps (8.15)
do  dpy (rsinf)?
@__6_H_laa_2+l 2, Py
do~ or 2 dr 379 (sing)?|’
dpg__(')H_l(’)a‘z_l_l cotf ,
do 90 2 80 2 (smnerte
d 0H 10a™?
2Pe _ - (8.16)

dr =962 06
The result is as follows. In the case of a horizontally stratified structure, placing the emergence
point at the pole does not lose generality. Also, since a does not depend on 6 and ¢, its partial

derivative is 0. Therefore P4 = 0 and Py = 0. Therefore, as in the Cartesian coordinate case,
Do is conserved along the wavy line, and In this case, it is also called the ray parameter.

| 8.2.2 Earth flattening transform

When considering ray theory, there is a simple correspondence between horizontally strat-
ified structures (@ (z) is a z-only function) and spherically symmetric structures. Once one
problem is solved, the other can be solved by variable transformation (Earth flattening trans-
form). Let us consider this variable transformation below.

Let us consider the problem in the 6 direction for isotropic seismic wave radiation from a
point. The Eikonal equation in spherical coordinates leads to the following equation.

oT\> 1 (0T\* 1
(E) +r_2(%) :a(r)2 (817
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Using the Earth radius R., we can rewrite the equation as
1 (oT\> 2 (oT\* 1
B o I ot - (8.18)
R2\ 96 R2\ dr Rz a(r)?

We can transform the equitation in spherical coordinates to an equation in Cartesian coordi-
nates with the change of variable by x = R.0, r = R,e /e a(z) = R.a(r)/r. The earth
flattening transform is strictly valid within ray theory. It also holds for SH wave propagation,
but only approximately for SV wave. Footnotesee Aki and Richards Box 9.9 for details(").

Problem 8.0

Consider a sphere with uniform velocity and find the corresponding horizontal strati-

fication structure using the Earth flattening transform. Also, consider a wavy line in
the Cartesian coordinate system and consider its correspondence with the case of a

uniform sphere.
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| 8.2.3 Fermat’s principle (principle of least action)

Ray path is the path which minimizes the integration of Lagrangian among the possible
paths. This leads to the following relation:

6-/02 L(x,x)da'=6/Cr2 [p-Xx—H(x,p)ldo. (8.19)

1 (o]

This relation is equivalent to minimizing the corresponding travel time.

X2 T
6/ p-dx:(S/ dT =0 (8.20)
X1 T1

leads to equivalence.

| 8.2.4 Direct solver of Eikonal equation

1§8.3 7 - p (Radon) transform

Travel time curves against epicentral distance become complex due to the multi-valued
function. There exists a transform known as 7 — p (Radon) transform into the single-valued
function. Here we define intersection time 7 by 7(p) = T — p, X (this type of transform is
known as Legendre transforms in physics). After the transformation from a pair of 7 and p
to pair of 7 and p,, T becomes the single-valued function even in a case with the positive
jump as shown in 8.7.

Once we obtain 7 against the ray parameter p,, we can calculate the travel time T against
the epicentral distance X by a relation of dr/dp = —X"©9),

7 is also a useful observable for array analysis of seismic data (A slant stack method of
array analysis is a technique of data processing that utilizes the information from densely
distributed seismometers at around X). 7 — p transform is a theoretical background of the
array analysis"® )

We can extend 7 — p into two dimensions. To define a new variable pair that has the same
information to travel time 7 against the dependent variable X, we must consider Legendre
transform™©¢®)

r=T-p-X (8.22)

note ) Erom the definition, the derivative of 7 with respect to the ray parameter py is given by

dr _dT _  dX _dT _  dT dX _ 521)
dpx _ dpx P~ ape = dpx dX dpy '

note 7) For details on practical data analysis, read a textbook by Zhou (Practical Seismic Data Analysis(").
note 8) Exactly speaking, Legendre requires the convexity to the dependent variable. Therefore we need to divide T
into retrograde and prograde areas before the transform
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For the transform from p to X,
dr
=-X, (8.23)
dpx
v _ (8.24)
dpy
(8.25)

is useful™e ),

| §84 Amplitude: geometrical
spreading

As in a two-layer medium, the conser-
vation of energy along a ray path leads to
a theory for amplitudes of a ray theoretical
Green’s function for phases (e.g. P wave
and S wave).

Here we consider seismic wave propa-
gations in a stratified Earth model. When
a seismic wave is radiated with the emer- di A
gency angle of iy from the source, the in-
finitesimal solid angle d€2y = sinigdipdgg
gives the conservation of energy. Here r; is the radius of the Earth and ¢ is azimuth. When a
radiated seismic wave with a solid angle reaches a surface point with angular distance A from
the source,

The cross-section area on the surface S is given by

dSy = r¥sin AldAld¢g cos iy . (8.26)
From the conservation of energy along the ray path, we obtain
EodQoy = EdS;. (8.27)

The energy at the surface point (the observed station) E is represented by

dQ.() Sil’liodio
Ei=E =E . 8.28
! 0d51 Orlzcosil sin A|dA| ( )

Here
ro . . dT

— = 8.29
P= sinip = —+ (8.29)

dp ro d sin i() dzT
£ _ 7 = 8.30
dAN oy dA dA? ( )

.. 1

dsmzo_@ dp 8.31)

dA 1o cosig dA’

note 9) Thjs relation can be proven as in a one-dimensional case.
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where r( is the distance between the source and the center of the Earth. Then we obtain
geometrical spreading R, which gives information on the amplitudes as,

1 . E _ 1 a9 tanigp d*T (8.32)
R2 E, r% ro cosiy sinA |dA2? '
2
= 1% I4 dp (8.33)
rf r(% cosigcosiysinA |dA| '

dp/dA becomes larger with increasing ray density (see Figures in the previous section. This
can be interpreted as (1) energy particles are radiated at the source toward every direction, (2)
ray represents the trace of the particle (3) how many particles reach the observed station (4)
by counting the energy particle, we can infer the amplitude of the phase.

If the heterogeneities of the medium near the source are weak, we can approximate Green’s
function by a Green’s function in an infinite homogeneous medium. By connecting Green’s
function in an infinite homogeneous medium to ray theoretical Green’s function, we can obtain
a complete ray theoretical Green’s function, including the absolute amplitude. When a station
exists on the free surface, which doubles the amplitudes, the ray theoretical Green’s function
of a direct P wave is given by

1| fifhpe 27 Tr
4R 3 ’
p1p2a;az

where 7§ and 7, are polarization vectors at the source and the station, respectively, and 7}, is
P-wave travel time.

|1§8.5 Caustic

G(x,Xs, f) = (8.34)

‘When
d*T

W = 00, (835)

ray density diverges. This causes divergence of the amplitude in a framework of ray the-
ory. For example, Figure 8.4 shows the concentration of ray paths at the center. This
situation can be described by fire made by sunlight using glass. In this case, rays focus
at the point known as "focus". In the case of caustic, the rays focus on a line (e.g. in
the case of Figure 8.4, perpendicular to the page, patterns of the ray are homogeneous).

In a region where the spatial scale of am-
plitude variations is comparable to the wave-
length, geometrical ray theory is not appro-
priate. At such singular points, we need to
connect the analytic solution of the original
wave equation. When a ray path passes a
caustic, it causes a phase jump of 90°. For
example, the phase of the PP wave (reflected
P wave at the surface) actually is shifted 90°,
because it passes caustic one. The wave packet of the PP wave can be represented by the
Hilbert transform of the direct P wave mathematically. Fig. 8.4
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Since the ray approximation is broken near caustic, let us consider the 2-D wave equation
about a scalar quantity f in polar coordinate with the origin at the caustic:

Lof (dY 13f_

With the ray approximation, we can assume that typical spatial scales are sufficiently larger
than the wavelength, but there exist regions where r is shorter than the wavelength in realistic
situations. For simplicity, let us consider the Fourier component f o ¢ with respect to ¢.

Then we have ) )
o°f 10f , N
—S+-———=|-ki+=]|f. 8.37

or?2 ror ( 07 2 f (8.37)
This is exactly the equation satisfied by the Bessel function. The Bessel function in far-field

can be approximated as

1
(kr)

We can see that /4 is shifted by 2 times once it passes through the origin (caustic). This
is because the change in curvature works better than the derivative with respect to » when
viewed in polar coordinates. Here is a rough estimate. For example, in Cartesian coordinates

cos(\/i/ 2kox) cos(\/i/ 2k0y) satisfies the wave equation. If the wavelength corresponding

Ju(kr) Z-7)

cos (kr—n— - —

>~ 2 (8.38)

to ko is A, the area of this positively inflated region can be written as (V21/2)? = 12/2.
Considering that this is the same as the area of the circle centered at the origin, its radius is
A/(¥V27x). In other words, the first zero crossing point from the origin in polar coordinates is
around 0.39 wavelengths away, which is more extended than 1p/4 when considered in plane
waves. This summation can be interpreted as giving the phase difference /4 " 10,
This phase shift can be interpreted from the conservation of energy with a natural extension
of the negative cross section dS,.
EdS| = E2dS, (8.39)

leads to Ay = Ayi. This originated from the flip of the ray coordinates before and after a
passage at a caustic. In a case of a passage at a focus, the amplitude reverses because the
phase flips twice (i = —1) according to the two directions.

An example of the caustic is PP waves, whose phase is shifted to the direct P waves. This
typical example is intuitively confusing, so I will explain it below. Since the ground reflection
complicates the behavior, let us consider a mirror image of the hypocenter with respect to the
surface (Figure 8.5). If we fold back the ray path of the PP wave radiated downward from
the hypocenter at the surface, we can see that it intersects before the observed station. On
the other hand, the pP wave radiated from the hypocenter does not intersect. Therefore, the
waveforms of the pP and direct-directed waves have the same shape, but the PP wave has a
distorted shape to the direct P wave (they are related by the Hilbert transform to each other).

Translated with www.DeepL.com/Translator (free version)

note 10) For an accurate evaluation, we need to approximate the singularity by the Airy function using the WKBJ
approximation (see Yomogida’s textbook!” for details). A more physical explanation (corresponding to
diffraction) is given in Landau-Lifshitz’s classical field theory §59
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Fig. 8.5 Schematic diagram of PP waves passing through caustic. In this figure, we can

see that the PP waves intersect, while the pP waves do not.
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1 §8.6 Travel time analysis

Although generating parameter, o gives us an insight of this system, it is not related to
observables directly. In this section, relations among observables: epicentral distance X (p),
travel time T(p), and ray parameter p, are presented for a stratified medium"®¢ ',

X(px)=2 /Z(Px) ! d (8.40)
x) = X Z .
POZ2Px o a2 - p)ii
Sp ds Z(px) (1’_2
T(pyx) =2 — =2 d 8.41
() /0 a /O o (8.41)

Following subsections show ray paths and travel time for some typical seismic structures.

J 8.6.1 Ina case of monotonically increasing seismic velocity
with depth

In the simplest case, let us consider travel time for monotonically increasing seismic velocity
with depth. Figure 8.6 shows such an example. The ray parameter p, conserves along the
ray path. For this reason, the seismic velocity at the turning depth matches the corresponding
apparent horizontal velocity (1/py). The ray path dives to the turning depth, then it returns
to the surface.

This figure shows that with decreasing parameter p, = sinf/a(z) (decreasing the emer-
gency angle equivalently), the ray reaches farther (the epicentral distance X(p) becomes
longer). In this case, dX/dp, < 0, as shown in the figure, is referred to as prograde. With
increasing epicentral distance, the ray density decreases. (This means that ray density can be
estimated by dp,/dX as shown in this figure.) Therefore, the amplitude decreases with the
epicentral distance.

note 1) Bor details, read the textbook by Shearer*)
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Problem 8.1

1. Letus consider wave propagations in upper xz plane (z > 0). When the seismic
velocity a is a linear function given by a + bz, show that the ray path becomes
a circle given by

(8.42)

Vi-pia® ’ 2 1
X — B pxa + (Z + g) =] .
bpx bl pib?
Hint: The equation can be derived from Equation 8.8 and the Eikonal equation.
2. Derive equation 8.41.
3. Show that T(py) is given by

T(py) = 2 cosh™! ( ! ) . (8.43)
b pxa
4. We can calculate a ray path by numerically integrating the Hamilton equation
with respect to o-. For example, ray paths in Figure 8.6 are calculated from the
integration. Calculate the ray paths numerically in the same manner. Compare
the analytic solution of the ray path and the numerical calculation.
* Note: The first parameter of the Hamilton equation describes the change
of the location, whereas the second one determines the slowness vector as
conserved the total energy along the ray path (in other words, to satisfy the
Eikonal equation).
Hint:
d cosh™ (2) 1
dz V21

(8.44)
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Fig. 8.6 Ray paths for linearly increasing seismic structure with depth. We can see a
relation of py = dT/dx.
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J 8.6.2 In a case of a positive seismic jump at a depth

Next, let us consider a positive jump of seismic velocity at a depth.

When a ray path exists in the upper layer, it reaches further with the decreasing emergency
angle (prograde dX /dp<0). When the ray enters the layer of steeply increasing seismic veloc-
ity, the ray path backs to the source side according to Snell’s law. This feature characterized
by dX /dp > 0is referred to as a retrograde ray. When the emergency angle decreases further-
more, it dives into the deeper lower layer, and the ray path becomes prograde again. At the
point for dX /dp = 0, known as caustic, because the ray path density diverges, the amplitudes
diverge. Due to the singularity, ray theory cannot handle the wave field at around the point
for dX /dp = Q"¢ 12,

Retrograde X decreasing

B
6?'
24
y

Fig. 8.7 Schematic figure of a retrograde path.

Basic features, in this case, are common with those in a two-layer medium discussed in the
previous chapter.

If you only look at the wavefront, you may find it difficult to see the triplication area because
they overlap each other. Therefore, let’s zoom in on the ray near the triplication area with the
wavefront at the same time (Figure 8.9). The retrograde ray corresponds roughly to the green
color. The caustic surface is formed at the point where the retrograde starts. When triplication
occurs, the rays are folded. The wedge-shaped base of the folded wavefront corresponds to
the wavefront that passes through the caustic surface, resulting in a 90-degree phase shift.
You can also see that the positive velocity gradient just below the discontinuity bends the
rays toward the surface, which increase the amplitude of the retrograde branch. Thus, when
considering seismic waves, it is important to consider both the rays and the wavefront together.
You can also see that in the 7 — p region, triplication is unfolded and becomes a single-valued
function.

Consider another example. It is known that a 410 km discontinuity and a 660 km discon-
tinuity exist globally in the Earth’s interior. These two discontinuities correspond to phase
changes in minerals (corresponding to olivine —spinel and spinel— perovskite, respec-
tively). Let’s take a look at Figure 8.10. Here is a seismic waveform record in Alaska of
an earthquake that occurred in the Aleutians at a depth of about 100 km. The waveforms
are complicated, but we can see multiple P-wave packets arriving in 13° ~ 30°. This is

note 12) Because the high-frequency approximation is broken down at the point close to the caustic, we must consider
an appropriate solution of the wave equation which connects to the ray theoretical solution. Such a solution
leads to jumping off the phase of 90° after the passage through the caustic. The phase jump is also discussed
in the later section about amplitudes of a ray theoretical solution.
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Fig. 8.8 Ray paths in a case of positive seismic jump at a depth.

the result of triplication at the 410 km and 660 km discontinuities. The lower figure shows
the theoretical travel time. You can see that it roughly represents the characteristics of the
observed waveforms.

Let us imagine that there is no information on the Earth’s interior. From Figure 8.10, we
can see that it is difficult to interpret the waveforms of the P wave except at the first arrival
time when there are multiple arrivals. In the figure, this corresponds to the blue rising edge.
The rise of the first arriving wave packet is easy to read (because the ground is quiet before
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Fig. 8.9 Wavefront with positive seismic velocity jump. The emergence angle is shown
in color, and the wavefront (isochrones of travel time) is also shown

the arrival) and can be measured with good accuracy. If we only have information on the
first arrivals, it is difficult to distinguish it from the travel time curve for a structure without
the discontinuities (e.g, 8.6). In other words, when inferring the internal structure of the
earth from the travel time, without information on triplication, the information on the internal
discontinuity cannot be correctly estimated, and an over smooth structure will be inferred
(since the simple model can also explain the measured first arrivals).

Problem 8. 2
Let us consider wave propagation in xz plane (z > 0) for seismic speed a given by

2
200°
By numerical integration of Hamilton equations with respect to o, calculate the ray
paths. And as in Fig 8.7, plot the relations between slowness and Travel time, that

between distance and 7, and that between 7 and slowness. Then compare the results
with two layered mediums.

a(z) =5+ (1 + tanh(z — 40)) %2 + (8.45)
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Fig. 8.10 A typical example with a positive seismic velocity jump. Velocity waveform
(0.05-4 Hz) observed by USArray (Alaska) for an earthquake that occurred in the Aleutians.
For a better display, the travel time of the waveform was reduced (specifically, 7(10 km/s)X
is plotted against X). Positive amplitudes are shown in red and negative amplitudes are
shown in blue. It can be seen that there are multiple arrivals of P-wave wave packets in
this distance range. The lower figure also shows the corresponding theoretical travel times,
where we can see the triplication corresponding to the positive jumps in the two seismic
velocity jumps (410 km discontinuity and 660 km discontinuity).
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| 8.6.3 In a case of a negative seismic jump at a depth

When a negative jump of seismic velocity with depth exists, rays cannot reach a certain area
on the surface known as a shadow zone. Because rays tend to avoid the low-velocity zone,
as shown in Figure 8.11, the seismic exploration of the seismic structure becomes difficult in
general.
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Fig. 8.11 Ray paths in a case of negative seismic jump at a depth.
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|§8.7 1-D inversion
l 8.7.1 Herglotz-Wiechert inversion
z(px) OJ_Z(Z)
T(p) =2 — 4 8.46
P et o
X(p)=2p A (8.47)
0 Va~2(z) - px
Herglotz-Wiechert formulas
X(a™)
z(a‘l):l / cosh™ (apy)dX (8.48)
T Jo
§ 8.7.2 7-Pinversion
@0l al(2) ”
—2 8.49
(=2 [ [ (8.49)

Vo ?@) -2 Va0 -pl

z2(px)
= —/ \a2(z) - p3dz
0

| $8.8 Tools for travel time analysis

When we calculate the travel time for a stratified Earth, taup (http://www.seis.sc.
edu/taup/) is a common toolkit among seismologists. A direct Eikonal solver using fast
marching algorithm is also common. This algorithm is applicable to a complex 3-D medium.
Some different programs using fast marching algorithms are available at a website by Nick

Rawlinson (http://rses.anu.edu.au/~nick/),


http://www.seis.sc.edu/taup/
http://www.seis.sc.edu/taup/
http://rses.anu.edu.au/~nick/
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| §8.A TASPEI standard phase list

For details, see http://www.isc.ac.uk/standards/phases/.

] 8.A.1 CRUSTAL PHASES

Pg

Pb

Pn
PnPn
PgPg
PmP
PmPN
PmS
Sg

Sb
Sn
SnSn
SgSg
SmS
SmSN
SmP
Lg

Rg

At short distances, either an upgoing P wave from a source in the upper crust or a P wave bottoming in the uj
crust. At larger distances also, arrivals are caused by multiple P-wave reverberations inside the whole crust
a group velocity of around 5.8 km/s.

(alt:P*) Either an upgoing P wave from a source in the lower crust or a P wave bottoming in, the lower crus
Any P wave bottoming in the uppermost mantle or an upgoing P wave from a source in the uppermost man
Pn free-surface reflection

Pg free-surface reflection

P reflection from the outer side of the Moho

PmP multiple free surface reflection; N is a positive integer. For example, PmP2 is PmPPmP

P to S reflection/conversion from the outer side of the Moho

At short distances, either an upgoing S wave from a source in the upper crust or an S wave bottoming in
upper crust. At larger distances also arrivals caused by the superposition of multiple S-wave reverberations
SV to P and/or P to SV conversions inside the whole crust.

(alt:S*) Either an upgoing S wave from a source in the lower crust or an S wave bottoming in, the lower crt
Any S wave bottoming in the uppermost mantle or an upgoing S wave from a source in the uppermost man
Sn free-surface reflection

Sg free-surface reflection

S reflection from the outer side of the Moho

SmS multiple free-surface reflections; N is a positive integer. For example, SmS2 is SmSSmS

S to P reflection/conversion from the outer side of the Moho

A wave group observed at larger regional distances and caused by the superposition of multiple S-wave re
berations and SV to P and/or P to SV conversions inside the whole crust. The maximum energy travels wi
group velocity of approximately 3.5 km/s

Short-period crustal Rayleigh wave


http://www.isc.ac.uk/standards/phases/
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] 8.A.2 MANTLE PHASES

PP
PS

PPP
PPS
PSS
PcP
PcS
PcPN
Pz+P

Pz-P

Pz+S
Pz-S
PScS
Pdif

SS
SP

SSS
SSP
SPP
ScS
ScP
ScSN
Sz+S

Sz-S

Sz+P
Sz-P
ScSP
Sdif

A longitudinal wave, bottoming below the uppermost mantle; also an upgoing longitudinal wave from a source
below the uppermost mantle

Free-surface reflection of P wave leaving a source downward

P, leaving a source downward, reflected as an S at the free surface. At shorter distances, the first leg is represented
by a crustal P wave.

analogous to PP

PP, which is converted to S at the second reflection point on the free surface; travel time matches that of PSP
PS reflected at the free surface

P reflection from the core-mantle boundary (CMB)

P converted to S when reflected from the CMB

PcP are reflected from the free surface N-1 times; N is a positive integer. For example PcP2 is PcPPcP
(alt:PzP) P reflection from the outer side of a discontinuity at depth z; z may be a positive numerical value in
km. For example, P660+P is a P reflection from the top of the 660 km discontinuity.

P reflection from the inner side of a discontinuity at depth z. For example, P660 — P is a P reflection from
below the 660 km discontinuity, which means it is precursory to PP.

(alt:PzS) P converted to S when reflected from the outer side of discontinuity at depth z

P converted to S when reflected from the inner side of discontinuity at depth z

P (leaving a source downward) to ScS reflection at the free surface

(old:Pdiff) P diffracted along the CMB in the mantle

Shear wave, bottoming below the uppermost mantle; also an upgoing shear wave from a source below the
uppermost mantle

Free surface-reflection of an S wave leaving a source downward

S, leaving a source downward, reflected as P at the free surface. Atshorter distances, the second leg is represented
by a crustal P wave.

analogous to SS

SS converted to P when reflected from the free surface; travel time matches that of SPS.

SP reflected at the free surface

S reflection from the CMB

S converted to P when reflected from the CMB

ScS multiple free-surface reflections; N is a positive integer. For example ScS2 is ScSScS

(alt:SzS) S reflection from the outer side of a discontinuity at depth z; z may be a positive numerical value in
km. For example, S660+S is an S reflection from the top of the 660 km discontinuity.

S reflection from the inner side of discontinuity at depth z. For example, S660 — S is an S reflection from below
the 660 km discontinuity, which means it is precursory to SS.

(alt:SzP) S converted to P when reflected from the outer side of discontinuity at depth z

S converted to P when reflected from the inner side of discontinuity at depth z

ScS to P reflection at the free surface

(old:Sdiff) S diffracted along the CMB in the mantle

| §8.B Stratified Earth models

You can find a reference stratified Earth model.
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] 8.B.1 PREM

Preliminary Reference Earth Model http://ds.iris.edu/ds/products/emc-prem/

] 8B.2 AK135

http://ds.iris.edu/ds/products/emc-ak135-f/
http://rses.anu.edu.au/seismology/akl135/intro.html
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1§9.1 Standing wave of the Earth:
Earth’s free oscillations
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Fig. 9.1 Vertical components of broadband seismometers when the 2014 Chilean earth-
quake on April 1st.
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When a huge earthquake occurs, a seismic wave with a period longer than 200 s propagates
around the Earth, as shown in Figure 9.1. This figure shows global long-period surface
wave propagations when the 2010 Chilean earthquake. They lasted for one day because the
amplitudes attenuated with propagation distance. In this case, a modal approach is more
feasible for interpreting them.

On December 26th, 2004, a huge earthquake in the Indian Ocean off Sumatra occurred.
The moment magnitude is greater than 9, which is the largest one last 50 years. When the
earthquake, a global network of seismometers recorded multi-orbit surface waves (more than
8). Although most of the modes (long-period surface wave equivalently) attenuated several
days after the origin time, oscillations of the gravest modes lasted for several months. Only
huge earthquakes (> 8.5) can excite the gravest mode on observable levels.

Figure 9.2 shows the vertical seismograms at Matsushiro, Japan. Although at a glance, this
figure is similar to Figure 9.1, I note the difference of the horizontal scales. Figure 9.2 shows
two-month records. The second panel shows seismogram bandpass filtered from 0.1 to 1mHz,
which shows that the Earth was oscillating for more than one month. The standing wave is
also known as Earth’s free oscillation. Lower panels of Figure 9.2 show the spatial pattern of
standing wave revealed by observed records (vertical components) at stations in Germany, the
US, Australia, and Japan 1 month after the origin time. As already shown in previous figures,
seismograms usually show seismic wave propagations. On the other hand Figure 9.2 shows a
synchronized motion. This means that the Earth is expanding and shrinking alternatively (also
known as breathing mode) with 1112 seconds. The amplitudes are about 0.03 mm. Although
the amplitudes seem to be small, only a huge earthquake can excite the mode. Once the mode
is excited, the mode oscillates for a long time. In the case of the Sumatra earthquake, the
oscillation was lasting for 3 months on the observable level. There are many modes, such as
football mode (see a box below) and pear mode, other than breathing mode.

A seismic wave field excited by an earthquake can be likened to playing the piano. Each
key of a piano corresponds to a mode. The seismic wave field (sound of a piano) can be
represented by a superposition of modes (striking keys of a piano). Seismologists imagine
Earth’s interior from Earth’s sound.
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Fig. 9.2 Seismic records (vertical components) when the great Sumatra earthquake in
2004. This figure shows that the oscillation lasted for more than one month. Lowe panels
is enlarged seismograms one month after the earthquake. They show synchronized vertical
motions, which represent the breathing mode.
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| §9.2 Eigenfrequencies and eigen-
functions

(2)-(©)

1§9.3 Oscillation of a string

R I OROREZEZET, 3. KENHEX
0u(x, 1) a A%u(x, 1)
o T o

Zimiz FEARBICOVWTEZTE RS, HREMFL LTHHCEEmeE A XY, EH
JABEE L OIS 2 EAEREZ. TR ZRRD LSBT,

Jo .1)

?co, uy(x) = A, sin # (9.2)

R (poui, u;) = 6;; &7z s & 5 ITHREL A, ZRDIUT IV, WHZEITES S &,

Wy =

l

1 . .
" " . Ilnx . jnx [
(pui. uj) = / poit} (X)u (x)dx = poAj A, f sin <= sin 2=dx = polA* 3517 93)
0 0

LRBDT, FEE.
/ 2 / 2
A, = _l i.e. u,(x) = /ﬂ sin # 9.4)

HIERE X 7= [E45 B4 (normalized eigenfunction) u,, (x) T30 D,
RICEINIXN T2 I0EEEZET,

0u(x, 1) 3 A%u(x, 1)

0Tz T
ZORE T, Wiz FEE I NI L 1 [Ns] DNWEE S8 =212, ¥ XS RES)

BT3B RLTONE IO, WU LTy — ) 2&8e 5L

0 +6(x —x0)6(1) 9.5

9% (x, w)
Ox?
TRINET, ZITW@RI7-VIHPERT, e, KENR u(x, w) OEABEEERR

- wzpoﬁ(x, w) = Ko +6(x — x9), (9.6)

[

(6, w) = ) an(@)un (x) 0.7)

n=1

note 1) [ ABIM OB S w2 BEXORTED DI LMD EF, T DfEIE Modal mass & IEENE T,

note2) —BYRITEM A D DBV, f(x) = —f8(x — x0) 6(2) 1E [N/m] DRITR D=0, fy 1& [Ns] DRITLE
bHEET, EEDN f(x, 1) T 2IRENE. LT TRDZEIEE (Green B MEIEN %) ¥ DB AIA
AR TRFAHKE T, WREMDEE. Green BIEII??BIE,
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o )
C3
, R ¢l \R
—isjwn —ixz-:+(,un
Fig. 9.3 FEI IS
2R (2) AL T, Wl BB u,(x) ONFEZ L % &,
. Un(x
P00 (0) ~ pohn() = —potn(0) i, an(@)= 2 (o)
w- — wy
Z18FE T,
AR 7 — V) A C IR R AR B 30 3,
_ 1 « —iwt _ Mn(XO) it
a,(t) = o= [Oo an(w)e dw = L B dw 9.9

TIT, BMEZRD 270, w 2ERBEROZER T A2 LT, K93 O X5 Rk
THDZEITL. R — o ODMIRZ D X5, 72720, MR LI D 2 e %5
ITCERVWD, Mz Rilh o —ie (e > 0) 203 6 LB

B e—ia)t 1 1 i _ e—iwt
glw.t.€) = 2wp (a) —wp i w+w, +ie) (snjog(w’t’ €)= w2 _w%)9.10)
DHEZEFITLTrLL e > 0DMREZEDET, ZIZT, 22O00MEIEICTHITHEIICT
LENTA4BENEZZZENTEETS, WTNOEEDMRIMY 2L 7,
L LN S, A %EZIT 3t =0 LENSEEMND 202 WS VN &2l 3729
WZiE. 2 00MUIEDHEICT & XL TUIFWITER A,
t > 0 DEE IO FETEEENICH 5 DT,

/g(w,t,e)da)+/ g(w,t,€)dw 9.11)
cl c2

2 : t —€t
= 2MI{RES micraon 8 (@, 1, €) + ReSermmic—wn 8 (@, 1,€)} = 2 E_ (9.12)
w

n

note 3) 4 EFE/ICBI L TREL < 13, Mathematical Methods for Physicists, Fifth Edition, Arfken, Weber, and Frank
Harris') B HR TN B - MOLHAM, 0B O hresoct,
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;@f?bi\t — oo THEMLARWDIZH, MIZEIRTOTHRENRDHILEZET, LITT
5LGE. e DL >TLEW, + - oo THEMLET, FATR - 0o BXY
e > 0DMRZ X 2., #EiE C2 DFETD 012725 DT,

[+S) —iwt 2 . "

‘/ O =TSmOl ), (9.13)

oo W — W3 Wn

—Ji. t <0 DA, RPN L WD T,
/ glw,t,e)dw +/ glw,t,€)dw =0. 9.14)

c1 c3
ERIZBNVT, R —> 0o OfR%E & 2 &, K2 C3 DFEDDI 012725 DT,
o e—l(,t)t
/ ———dw=0 (1<0). (9.15)
—eo W — w3

PLEXD, KDZ ulx,t) 13t >0 DGFE. LORBDJHED

> Up (X0)tn () sinw,t t>0
, — Wn 916
ulx1) {0 t<0 ( )
ZORITHLEINEEEBERATE . KDB u(x,1)ldt>0DHA,
= > [2sinw,t . .
u(x,t) = Z an(Huy(x) = Z [ ol sin k;xq sin k,,x 9.17)

n=1 n=1

rhbhgged, 22Tk, =nn/l LERLET,
HEBLERELT52012, FEHORZEAMOARZHWT ERZEZE L 3009,

1 «— 1
u@J)Z—E—ES—— sin(wpt — kn(x +x0)) = sin(wnt + kn (x +x0))
n=1 w

—sin(wnt — k,, (x — x0)) +sin(wut — k,(x —x9))]  (9.18)
T Yoy SOl 255 LICHATAZ LM LTHD L § IO TH 2 Z L2550 h

Wp

D %9, D% D Heviside OFSEXEIEL H(r) "0 LEIRLTWB Z Db 9,
KTEDWTTA, 0<x<IDREMTHX)—x/l LW REZEZ 7— ) oFREHET 2 &

(9

2 1
H(x)—x/l=—= ) —sinkyx, 9.19
(x) —x/ ﬂznsm X (9.19)

n=1
EDET, ZOBFRKEMo TRERHET L.

u(x,r) = Z H, (cot+(x—x0))+H , (cot—(x—x0))—Hp (cot—(x+x0))—H , (cot+(x+x0)),

4poco “
(9.20)

noted) e EZREMD TAZ L, RIBLARLARD T, 1 [Ns] DHHEEEZ 56 0EHRZELY %K
%, Modal mass TH|-> THEZHHELE T, ZL T, AERTE > TEMICELTWS ERTEZT
moted) L iE, F—F—JOHEE T
note 6) Heviside DRSELRIS H (1) LT D kS IcEF SN 3,
1 t>0
H(t) =405 =0
0 t<0
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CETET, HETHIAERZLZEBOMISHEXK 9.6 DY T 7 I3EERE & NS 572

O, ZOREREOBNIEE AL TVWET, B LB TOEZEE T2 L 1 [Ns]
%, xofco <t < (l—xp)/co DREZIXE T
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| §94 Spheroidal and toroidal
modes

Earth’s seismic mode of a stratified Earth can be categorized into (i) spheroidal modes and
(ii) toroidal modes. seismic wave field can be represented by the superposition completely.

The reason why we can count up the number of modes is that the Earth has a finite spatial
size. The scale of the Earth is closely related to the frequency spacing of the modes. From a
mathematical point of view, this is an eigenvalue problem of ordinary differential equations.

* spheroidal modes ,S;, where n represents the radial order, and [ shows number of
nodes in the horizontal direction. The superposition of spheroidal modes represents

note 9) R R T L D, 1 =0 TOMOE 2 EZNTTREMEL 2L bk 3,
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the P-SV wave. In particular, spheroidal modes with n = 0 are called fundamental
spheroidal modes, which correspond to the Rayleigh wave.

nSO

nSZ

¢ Toroidal modes ,7;, where n is the radial order, and / shows number of nodes in the
horizontal direction. The superposition of toroidal modes represents the SH wave. In
particular, toroidal modes with n = 0 are called fundamental toroidal modes, which

correspond to Love wave.

nTz nT3
=
@ N
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| §9.5 Normal mode of a homoge-
neous sphere

V2P = -—P (9.23)
1({0 ,0
2 _ 2 2
vl (arr 2w ) 9.24)
1 0 d 1 6
2 .
= —— — — 9.25
sn6 a0 " 90 " sne? d¢? (©23)
Assuming that P = R(r)®(0)®(¢).
1 |({8,r%0,R V%((")(D) w?
2 ( R ) TTeo |TT ©:20)

§ 9.5.1 Horizontal direction

2
Vl(fgb) should be constant. Such a solution of ®® can be represented by a spherical

harmonics ¥;" with the angular oder / and azimuthal order m, because

VY = -1+ )Y, (9.27)

§ 9.5.2 Radial direction

Search eigenvalues of the following ODE

1 (d ,d I(l+1) w?
— | =—r"—R]| = - —. 9.28
2R (a'rr dr ) r2 c? ©-28)
with the boundary condition: R = 0 at r = rg. The first term of the right-hand side
represents the squared horizontal wavenumber, and the second one represents the squared

total wavenumber.

1§9.6 Vector spherical harmonics
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Rim = V"¢ (9.29)
Sim = V1Y" (9.30)
Tim = -t x VY (9.31)

Vector spherical harmonics are more complicated than spherical harmonics, but they are also
eigenfunctions for V% ase.g. V%Tlm = —I(l + 1)Tim. See Dahlen and Tromp 1998 p. 872 for
details (please be aware of the different normalization of spherical harmonics).
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| §9.7 Rayleigh wave and Love wave

1§9.8 An example of an observed
spectrum

Figure 9.7 shows an example of the Fourier spectrum of vertical ground motion at a
Japanese station when the Chilean earthquake in 2010. We can identify many modal peaks
of fundamental spheroidal modes. The dominance exhibits that the source depth is shallow.
When a huge deep earthquake occurs, the Fourier spectrum shows large amplitudes of the
overtones.
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Fig.9.7 Fourier spectrum of vertical ground motion at a Japanese station when the Chilean
earthquake in 2010.
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7 ORkRE . REEHIR—FE T2 DICET 2 Z B L AE L x 5, Jeans DBIHRA
D OPR VIHIERER R Rp b T 5L

_ 27TRE
N EST) ©.32)
YELZEHNTEET, LISHIST 2 EEEBR f SMAEEE ¢, £ T B L
1/2
ﬁ_ﬁ_ﬁilll (9.33)

Al 27Rg

D EY, RMEIC e, =45km/s 528, fia— fi~0.1mHz &7 D, BB X ZHMN
Iz E— FOMMRE —HL £ 3,

Y— 7 OuiEHNCIER T 5 AL H 2 X5 ICRAE T, 2O onwTEZL
TAEL XD, AUEFEI(m =0 ZRE) DE— FOIREOMMEIX, B BHED
AT O 35k

|P%(cos ©)] ~ 4/ 2 |cos[(I +1/2)0® — r/4]] (9.34)
[mrsin®
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| §10.1 Introduction
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note 1) f23R %2 ¢ DL ¥ 2 — 337 (il 212 Snieder and Larose (2013)7 0%kl (il 2.12. Schuster, (2009)('? Sato,
Fehler and Maeda (2012),('?) Nakata et al (2019)(7) 2% % Z8),
MBI Tk, HIER72 1T Tld7z < EBRE R & — )L (e.g., Lobkis and Weaver, 2001)©), EHEEY (e.g.,
Snieder and Wapenaar, 2010),(') H#?*# (e.g., Gizon et al., 2010)"), #EFEHFE (e.g., Roux and Kuperman,
2004)) 7yt 2 RBRIGER IR TVE T,
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BB TBIEDO 7 4 7 71% 1950 FRETX2DIED £3. Aki (1957)) 1 & 3 22
H A AHRETE (SPAC 1E) @ 7 4 7 7 Id3HE R T LD ek T3, Ocean acoustics D57 HF
Tl& Cox (1973)," exploration seismology M43 Tl& Claerbout (1968)) M JEEki2s 5%
BHYEFT, Aki D7 AT 7R LES K ORIEH SN EFEATLA™ D, Ly LFERDY
5 26 Fi£D 1983 FITTIIEERFZ M EL 5 2 Hub & § 257 0 — 723 Aki DFER
FEE L (W - $R17, 1983)°0, FICREAE O MR Z RN 2 72 O F ik (MBNHEE,
microtremor survey ) ¥ U TBAIIHZEEN S XHITR D F Lz, £ OBRMENERE IR
1D Z L BOEEZHEE T 2B, BHENE FERD £ L7,

WEXOE CTHERTWIESEH I NS L 51257 % 5 21F D& IE Campillo and
Paul, [2003]”) T3, T DL TIER F o aTHRAE LB ZRNT LU E Lk, B
RO TH, TICHELL 72 a — X IERr O EMEBEZEHE T2 Z it X o T, KREK
DIEFEEMHTE 2 2 e 2R L ¥ L7z, 2005 4£12 Shapiro 513 (9, AREND & 72 /51015
SEICEPRL TR L WS HEZFTITMD, ZORDEDODTRHH Y 7 +L=7 O
S 2 HEE T % HITKPI L E L7z, ambient noise tomography & MHEI 5 FIETT, Z
OBfFEICHEE, ALKk, BHA, PE, 2—m vy #Z < oM THEEDOIHITHA
5X512khE L,

MAJO(#A{X) & D1E B 1E BRI %K FFEh AEE30-200%

40 T T

W
o

FASE O AR [E]

Lag time[4}]

Fig. 10.1 MAJO(#R) & o BRI o b FEhE0ER o> A FAH RS BE¥ % 8101 il o FrAfE
TR/, JEAH 20-200 BOANY RARRT 4 A RX =% 2T TOVET, L—U KD
Br A TN E T, BIEREDEDW K% causal part £ X, EDHH% acausal part
LXUET, )

B IR T CHEAIC R 2 BRI, 2 D OB 28 CHE R o EAHBI BT »
T, MHEMAHBEBEBOKEEIZ. H20d— OB SICEIR (a virtual source) 23HDH. B
S—HOBRSETHEELFKL TV R TEEd, TITKI101 ZRTREL x5,

note ) e X A DML R L LTELDLATVET, HEKREZ Y, Y4 F—DF 4 2T 4 7R GR
BESCE, AIRSE) 2 S BB ERE- 25 T, iy LT, Han, SHAISROGHER. B8Rl S
OWEZTHNTITVE Lz 2V Ea—20ERT 2HORROT, HEMHBERBOHES 7S
EEEDOHD S L7225 TT, Y, HAHERD S Y FTBlET-72Z2 5T, RBES T 7YY
P2 - T, MEHEEDRR2HEID=E5TT,



10.2. A BRIEF HISTORY OF SEISMIC INTERFEROMETRY

MRIZ D 2 BHAR e OBHAOEEMHEBEBEKZ RL TVET, ZOFHERIIREL DT
TXVy b2320HDET,

1 DHIZHENEWERTD., RENICA XY FREL ZePHKZ T, @i
BRIV TR, MEREEEEOH L WHIBIEEME X0 o R nied, HEZ N
BELRBRVDIIRERZRXY Y FTHT, X 10.1 BHEIIC. D bKIBRTD %0
D X 575 Rayleigh I DIEfEZ AT E T,

2OBIIMBZHOMBEN R VRTH T, MEMBIR NES T 7 4 2T 72012
. TABMET - XREEINLZDEMORELRDH D £ 3, MEBRTHETIE. —&
HIRBIH S I+ DR EDF — R 2R T 2 Z e AT E E 90003 HifE 2 o B )i
W WS HEIE, MEPEEMAEORMZE(LZHNS LTIEEICERNTT, #iEz2 Mo
T, WO BRMBIGEEMSEORHEZELZHANS 72DI121E, VIR LUFE UG THIEN R Z
% (DR LHEBLIINS) B2HOBELRDDET, LrL, Z2O0L5REEDORL
WEIEZ 2 Z LI3IFEBCHTT, H2 7 OMEMHBEEEZFHAEL, ZoREAELE R
5ZrF OBRLAUHATEZ s TWAIHIBEDOREMNM T 2FIHELE T, E
BE. KILoIBICHE S S ORI ZL DB AR I NS X HICR-TEE L (Bl
1 Sens-Schonfelder Wegler, 2006 ).

ZITR, HRmEREZHAL, ERTHROFEICOWTHHL TVWEEY, 22
DFENTEHNL, B TET T review i ESEICL TLIEE W,

Rough Earth Club and Smooth Earth Club

SI brings a reunion of different research fields: ocean acoustic (Cox, 1973), seismic explo-
ration (Claebout, 1968), and seismology (Aki 1957). Surprisingly the ideas were proposed
independently and simultaneously.

Even in the seismological community, there were different cultures: one is the rough Earth
club and smooth Earth club. Keiiti Aki defined them in his letter to V. I. Keilis-Borok, as

... To a geodynamicist, the earth’ s property is smoothly varying within bodies
bounded by large-scale interfaces. Most seismologists also belong to this “smooth
earth club” because once you start with an initial model of smooth earth, your data
usually do not require the addition of small-scale heterogeneity to your initial model.
As summarized well in a recent book by Sato and Fehler (1998), the acceptance of coda
waves in the data set is needed for the acceptance of small-scale seismic heterogeneity of
the lithosphere. There is an increasing number of seismologists who accept it, forming
the “rough earth club.” 1 believe that you are also a member of the rough earth club,
judging from the emphasis on the hierarchical heterogeneity of the lithosphere. . .

( “‘Seismology of Earthquake and Volcanic Prediction’’ , Lecture notes, Aki 2003). Seismic
wavefield above 1 Hz was a territory of the "rough Earth club," whereas that below 0.1 Hz
was a territory of the "smooth Earth club." The members of the rough Earth club are familiar
with stochastic treatments of the seismic wavefield. The recent development of SI means a
reunion between the "rough Earth club" and the "smooth Earth club."

The dominant frequency of microseisms at around 0.2 Hz corresponds to the gap between
"rough Earth club" and "smooth Earth club". Sl enables us to utilize coherent signals from
random seismic wavefields with an assumption of stochastic stationary excitation. Although
surface wave tomography was a tool of the "smooth Earth club," SI broke the gap. Scattering
due to strong lateral heterogeneities in the crust and the sediment was a big barrier for "smooth
Earth club." When we apply SI, the scatterer is important because it enhances the randomness.

note 3) FEIRCHNICH & D F A, RBHELEE TV £, 0.05-0.5 Hz THIUIH » B, Zh X b ERIE:E L
BHTHARIEDZNWTT, bBAA, THORKBELHET 2 7=DICEEROBMO A ERE 2D
ES
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SI plays a complementary role in the "smooth Earth club." This role of SI is true of other
communities, such as seismic exploration, acoustic, physical oceanography, and so on.

In this lecture, the next chapter explains the excitation mechanism of microseisms by ocean
swell. The next chapter explains the basic principle of SI with a demonstration by a WEB
application. Then the last chapter explains some applications, which are done by our group
mainly.
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CLOSED SYSTEM

| §10.3 Theoretical background of
Seismic Interferometry: a closed
system

HIEB IR T kO MR & BF S 5 - DML EEEZTAEL & 5,0,

IR HEMAEBEBEBOEREEZILVWLET, V77 7TV %EE57DT (http:
//www.eri.u-tokyo.ac.jp/knishida/Seismology/wave2Drandom2.html) #H 31T
Lo nrbeduve AnEd,

l 10.3.1 Cross-correlation analysis

Event c¢: Seismic velocity
=(l.-1)/c

[ ul(z)<£>( 1)

. l }
lz Station 1 = )

Station 2 i > e

I
¥

CCF  Juhetr+ndr

> !
~ TV >

Lag timk

Fig. 10.2 Schematic figure of cross-correlation analysis for a pair of seismograms when
an earthquake ocurred.

First, we consider a transient phenomenon such as an earthquake or a volcanic explosion.
102D X5 H 2 METHENEELZEZ2EZ TS, BN 1 & 2 oMiE I
Xf U CHEARBIRE%L 10 %

1 T
d12(1) = lim = / u (tu (¢ + 7)dr. (10.1)
T—oo T 0

DESWCERLE T, HEAMHBBEEZ (| PRELRZT9EL 0 IR T 2 2 IRET
22FDT7—) TEW O (w) &

D (w) = (U (w)Ua(w)) (10.2)
YEFHEE I 2o E, BHIA 2 BEBIHA L XD r BRIERTEMEGET S

note 4) FHEGIA 2L D P 2 KRS %1213, Snieder et al. (2010)('9) 231D,

note 5) TEREI I, ERBIEREZ 2HEEIE. BREOEY 27 3 Y IAEETGEYMLTWES, ERIICHK
SRR ENTVE ERELTWEDT, () IZERAED L3R SRNDT, BEOEKRTTZ—V
IEBUIHRERA, XD BEICHRL 2V ERRIIT OB EER 2SR L T EI W,
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(X 102 H), ZOBEMEMEMEEIZ =1 IC¥—2%3>, 2% b, HAEMHEBEKD
Y— 27 ORI Z T Z 812k o T, HEBIRELERLID 2 GERE) 2 e N TEE T,
FIAE B EBIRN B % RE T 5 7912, HEMBEREEIC X 2 FE% L ERZOHIE IR < Fl
HXNhEF,

I 12
:,ﬂ 13
14
J
15
~
ol A1
02 |
o3 A3
o4 N4
05 A_5

Fig. 103 REHZEZI Ial—yaryLEMROM, A TOXE, BN 15255
TEHlsh b ek L, A LiZZOMEHEERE RS,

T 77 TVTIE, 7V v 73 BEEIEOEIMCEL Ze PR, s 2Ty
Sal—YarHPRED Ed, A FICBHA 1-5 TOREEZ, A EICZFOHBEREBEIREE
BFIZX 1431 ¢ 4 OHEAHBEREE) NERRINF T, HAEMEBEBEED v — 7 ORI % 5
HHD LISk o TERERZHET 2K ET, Ll L TATLEI W,

DU B IER 72 BHR HES KILDIEK) Tl <. MECHIRE 2 eI T > X A
POERCEMTEZHRIZOVWTEZITVEET,

§ 10.3.2 In a case of a closed system

MBI T ¥k % FERAYIC#E 2 % ET. normal mode @ 7 7’10 — F 3R T T AHE
ZIRZATED, WEHRTFHBEO 74 T 7 2B LTV E WS HEDLD D £ B2 X
Lobkis and Weaver, 2001"), # ZT. %13 normal mode ®7 Y0 —F TEZ TV X
£79,

FERDER R E X 2ROREZ, HEKDERY A X2 o2& 25, HA
BRIRETHZ2ENTPDET, I TREHED D | KorEHRAOMEE2E 2 % 35,
normal mode DT ZDFEF 2 KT, 3 KILANECHIET I DB TEET,

Ensemble of repeating experiments

RAERNC, ERETHEDIBLERL TV AR EEZEZ 3, 1 =0 X DET TR
b LTHD, Bl =0 TR LTS & akhz fAi,x) o hzmzaEs, hHzEh
27, BOREERET 2 WO FEBEEZIE T, DX RIEEEE ko BHEDIR L
ij—onote@o

S VR LRI X BEORIE% normal mode D7 70 —FTEZTVWEE T, r=0

note 6) EEKIc S5 . TUH VIR > THIRHER L 22 v, BRUNCER L & 5 nEERE IC X 21
HHEBIE—83 3 L3R D /A (AT — M),
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SN f(x) LW IR o TWBEEREZ T, ZoEaIER AR
0 2 u k a 2.k
Por = —— +f(x)6(1) (10.3)

EhET,
Green BB Z o THN f I T 2EMNDOINEEZEZEZTVWEEL & 5, 7?2E8EAX 9.16
5. t >0 TOD Green FAEUIEBBIE u,, & EEEBE w, 2> T

G(x,x";t) = Z Un ()t (¥ sin wt, (10.4)

n n

rELZEDTEZ T, kBIHORITTOHNI K120t T 25D RIRIE uk (x, 1) (t > 0)
ZRD B 7D A1 f % Green BIEITEAAD &

uk(x,1) = Z Sinc(uﬂun(x) / un (x") FR(x")dx’, (10.5)

n

LhbEF, 2T Ak—/un(x’)fk(x’)dx CERT DL
Wk (x, 1) = ZA Sm(“’”t) (10.6)
EWVSTETENMINEZEL T TEET,

White noise

ITRIVELTMABALENN FITOWTEZTWEET, SA N, HH03
(EZ%U?JZ TEELLBATOVAAHAIEER L ERLEL S5, ZOXSRMEEEZROZ
FHOMEE Y KR E 0D 20701 O(f) = const 27D FT,

LIV LERIMICEZTVWEEL & 5, Figure 104 OLEDRERTLZE WV, WEZE
IR Ar THEBUL X =000 fR(iAx) 2 EZ £ T, BB iAx T, XL an
ZIRD (FF0 5801 OIEBZHIES & LET), T I CTHOCMHBEBEE ¢(x,x") ZEZT
AHEL &I,

N-1
$0) = lim L kZ; PRGN FE () (10.7)

CEHCOCMHBEBERZ ERL T, VWE 2 [EOAMED Ax/2 2N &, A J1IHBI T
2LMHERBR VI ERELET, 2558 ¢ ldx—x' ZUOBEKE D, é=x—x’
el R

else

1 Ax
M@={O|ﬂs (10.8)

YRDET, ¢(&) 7— ) THEUERRT S 2. ®(k,) = Ax D ET, T IT ky, W

2nm/L TFo RT—ARZ L (FIRRZ FL)IE 2Ax D FF (K 10.4),
MER R EIIHE X L, CIIEBRCEET -2 ZEDETBELTALLE SR 5T

Lxo0?8lEefnHaMEseEmL, 7— V@i L TAEL x5,

note!) XD 7 Fu P —TF, —RICHEIRD SO I ERMES 2 &hEr, AOMEEARICEDE, F013
EFECEC I EEKRLET,



10. Seismic Interferometry

S AAAAAA AN\

Yy VWA

178

11times o
101times
10001times &

5 ] . I T

s ‘ il ‘ | |

Power spectral density

.2\\"”\‘ \““ “‘

0 0.1 0.2 03 0.4 0.5 0.6 0.7 08 0.9 1 . )
{iLiE& x/L Normalized wavenumber

Fig. 104 [Kf: BEMES ORMEEONN fR(x). B RRZ M LR E DT — 2R
7 MVEFBE LR, 73y IR b 20T IS, HEEMIZ 1IEow
<,

FFRUDHLEY 4 YR Y 1292FEZTCAEL & D, Bk, TOT7—) T ARY b
NBEZTAEL & 5™ fx) IZEERDOT, 2O 7—Y iy F(k) HEUSRD
T, NU—ARZ MUE | U(k) | TEtEHEK S 20, —EDHEEELT 7 VX L7%1MHE
ZED £30CNN 104 HDZ L —DEPBEBICHELZH TS, 2h3P LEw Ty,
O(f)=1t%221F3H 1 BEEEL Y —V 2 EHT 27200 T, 2 ERICHTEVWIEEDZ
LD ERA, AITLEID?

ZHUIH CAHBE BRI R B 72D TT, ZLO7YH U IR L TEE%E (Z
TR DT H Yy ITNDOBERBIIHIMTIIZESTT) WMOEBRVWEEROD ZHICKRD %
Ao XDEMBEWICE S LHEEMREN 100% o T LEVWET, R THHYWTT
M, ZORBENIIHETINC 1 > TILDAETHE L TWE Z EISERL 5,

ZFITCMED 77— ) REBERZ LT VY T2 o TAEL LD, BAE 2
WESWTW Zedbhzd e Bunggreld) =gk 52T —2x7 e 313H L
FCHEINRER O, ToREE T L LAV e HEEANIKEL D TETCLRW
T3, PIZENES TV U THEIL LG EREZTAZL £ 5, FERVIDIER
DICHES GEHEEEAEZ 1/VN LD EF, TOESITEENNITLEN > THEL
HRoTWEETD, Mo RTERNET,

Equipartition of energy

HNHDLIEERED LS TRV F =D EINTVENEZTVWEZL & 5, #HEIX

ouk(x,1)

o = Z AXu, (x) cos(wnt), (10.10)

note 8) SERIC FHL T B IIXZERINIC R L 3 5 B ED D b BT — V) TART 3 BN H D F 5, BT -V T
Zfar 7 —) TR OB EE R L b v

N
F(kn) = Afo(xj)e*ﬂ""nxJ' = 6FPFT (k,), (10.9)
7=0

LD ET,

note 9) JEREICIE x? HARICHEVE T,

note 10) g3 A3 SIFIAEIR T 1 ORERYIEZ 2 TV T, Percival DARD BT — AR Y b LOFES
1X2x05 ) —HLET,
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E—RHh OEH A LFX— T, 1 pu, 20 CT2EEETTIUT XL
n:%uﬁﬁwﬁwﬁ) (10.11)

LRBZEHIPD T, —HEEIILF — V, 1ZEOEER L 2T T2
RS B & AT %

1
Yh::E(Aﬁ)zngwnﬂ (10.12)
BIIALF—T+VIF
T +V = (AF)? (10.13)

TiMliTZ2 2900 3, 2F hHAEORHE O f THIL &, FE— R
FOLE — DHARHE (A2 B— B 2D T, ZOKEDMINI L E, X LF—
DS (equipartition of energy) EATWA EIERZ LICLE T,

Cross-correlation functions

22T uk(x)) & ub(xo) DHEAHBEIBEEL % (x1,x0;7) 2% 2. HEMHBEELE

1 T
o (x1,x2;7) = lim f/ uk (xq, Du* (xa, 1 + 7)dt, (10.14)
—00 0

LEFRLET,
ko EIERT L7282 D7 % ¥ T ¢(xy,x2:1) %

1 N-1
P0x1,x231) = (¢4 (1. x230), = lim < ;) ¢ (x1, x21) (10.15)

YLET, ZITHREBBEADTEZD Oy 3 kKBTI 7o F Y IAEERTI 2L
£9,

WEHARBEE RO VX ATV T WA D, FE— FOZ R LT — (BT
AINF— L EE X LEF DN T +V) BELL JE I, ZNZNOZEH) (RIE A,) D
HHRET3, A, DMHEMEDIHFHEIXITDO X5 12EL Z e AR E T,

N-1 2

A

_ 1: 0
(AmAn)=£Eg>é éOA;A§=5mn;g. (10.16)

ERDET,
iR G E D
A d

P(x1,x251) = ——= —(G(x1,x2;1) — G(x2,x1; 1)) (10.17)

w32 dt

EHT 5, HAMHBEBEKOMD & 7'V — VBB ZEH IO 2B L, £, 20K
XA LHEMHBE O DIF,

d A2
o1 = —7°(G(x1,xz;r> — G (x2,x1; 1)), (10.18)
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WKERTE, A—F U RADEE LT 2 Z e hHiskaoe!h,

HEOHBEMHBEEE & Hi$ 2856, —FRZREERE. 30X —Y5EDRE T
T, BRUFRHERD 2 E 2 2856, HIBRNEZ S DN NP HEORE RO 61X, KES
] (angular order [ ¥ azimuthal order m) ICIZ T A NF—DYNAELEEZ DL LN TEE
T, L2 L. BEESHIERATICER L TW 2 IRMTlE. 27517 (radial order n) 1213
FF—IZENEHEINET A, FiCn=0DHAE—FPERTZ D T

FLALRTEZATVS D, MEZFRICANZ VY, FlRM 1 GEHFRIR R
Y) BEZGECIRES R L T LE 5 DRERSD H 5, ZOffi#z AT,
BDIRLERT 2 20w GEBRENR) MRNFRERDTEFIREZEZEZ TOVRWEDITHE
BMOMBIZEZ D TR A, BHERRROLDIIIBEDOIREEZR T 2HLERDHD 75,

il 9.1

HHEAHBEIRIR 0 B2 K2 FHE L. X (10.18) ZE T,

] 10.3.3 In a case of an open system

AEITIE 2 KOTHERBE I 2 MBS, D 2552 MELE3, BT, REE
BEZLETEPRYBOWIAMTY, F-HENREAOTTIE. HEMAHBREE Y Green
BIBORAE DT 2 Z e ST & F 3,0 1d)

T L - ROMEREEREIIR L, 2 X FHRIEEZ, t=0DX A I 7T
YELIMRMEEZ T, REEHEEMH - TERT 3 L EEISIRIED B 2 IR,
B S 2 B S BRI IS - TIRBEA2 0 S8 3 2 L L SMTH 2HER T D £5, HiE
BT BEEEZ S L ZITWL O0E S REE WS DT, Z DM ¥ & % FfiE
THRENZOHOHWNTT,

In a case of many random sources

ALK 2 AP TV 2 R BOEPRTAE L & 5o WO X512, T3 2 000
VRO EES DR L TW A RN EEZTAEL x5, TITH1=0TI7 X
LBANDE LRI Z, BOBELBHIL TW2HEEZ LT,

i HEHOBEIE (=0,--- ,N) D% 6(ri —r)s() fF L LET, k FEHDRITTOEN
uk(x,1) 1%

k(e = P (r = rinfl, (10.20)
i=0

CEIET, 22T i HHOMEHROMEEZRL 3,

note I pormal mode DFE Tz & 51T Green BIFLIE

D u (Pur (x) o witH (1), (10.19)
3 “k

G(x,x',t) =

rEIY 3,

note 12) F— 7o RFRTHIUD, BRPSABEZDIINF TS v 7 2L, FEFICX2HEHOPDAEVEELS
TN TEET,

note I3 A FAHBIBI I 2 3515 2 & 2 & b BN OB m ol S h 3 FER MK L F LI, EITLR
MOFTe e BENHEE 206 LNEHA, http://www.eri.u-tokyo.ac.jp/knishida/Seismology/
wave2Drandom2 .html
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CITRBLEZELTA-DICHMICEL T — Y ol eEZ T amoe s,
Uk(r,w) = ZGQD(r—ri;w)fik, (10.21)
i=0
>
P . !

Fig. 10.5 ~FHIPNC—HRIZ T ¥ X LIRS LT 2 55 ORI,

CZTt=0RBIEEATEED LS RIREIPBHINZ20EEZITVWEETL x5, K
Gty TORBEEZTAEL &5, 52 RuTEBED Green BEZE X TV 57291,
JFS S r=cty FUBER S TR INZEPRIE T 221220 FT, Thbb PR
r DFRVOAEIAE T 20400 U720 —F A EET S 22 ick b 5, 54
HOBBRIZ IS Ax 7Z2 LET, 25323 RGN Ax DIREEZ 2, BBX
Z2nr [Ax OB DHE L TWB Z iz b £3 (K 105 £). IRIEDHEBBZEIZIBE
FZ2 2T, FATOARREIEBEE X Z 21r/Ax(r'/?)? = 21/Ax ¥ 72 b FREEIC
MIEFELZLS D ET, DEDFAEICE > 0T o L ABREOIRBOBENBFIR LTS 2L
EhEbET (X105 H).

ZZTC, REEHEZEOCHLEL x5, SHATOZEMEBHEIL TWE I LET,
ZDEEIT, FEr OO T AN Lo TR SN, ALoIGT & 2
IR, HNOZEMNDHIIRERICHERT22enTEEd, 2%, AN TOFHE
BHECOHEIBEANTEEBMZIZ DN TEET, I I TREDITR L TRV
VDR, AHEMZE=DEFt=0D%A4 I 7DATTH, HEIRKERNIZE 2 3l
RISt > 0 DHWEIEN R L WHH TS, §1t=0 THHNDHNBIEZT
WETH, ERICEVKEZEZ 58I EOFSRERICAXL a0, FANDH}
NOMBIIEAT 2N TEET, 2Fh. MEOARHNNBDHT 255 (272 Lk
MR I3 G) LS TH 2 e ohh £9,

WEKRTHIED web £ D F £ http://www.eri.u-tokyo.ac.jp/knishida/
Seismology/wave2Drandom2.html (I Z DEHE T I a2 —yary L T0ET (K
10.6),

CCTREEOLD., BUOREEER 7 Y ITA e REICTH L IRELE T, ©
O AL FF(w) ORI 0 ML T0E e LET, D& 5 R4 & 2 B D)
% NEfT-o T, ZO7 B IV EEEEZ 2IKNEEZ £5, 1 F. Ol )E
F; L HWEMHEBTH D, FAHBTH L LIRET DL

(FF*FE) =6, F;. (10.22)
rEFEIOC) sz hbruR e ARY ML (HEMHBEBEKO 7 — ) 2 ZH#)D,,

note 14) vy — YRR T 2 LICLET,
el jangle) 13 k RBLTY ¥ Y IV EH R EHERT LI LET
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B8
D1y (w) = (P = Z &P (r =i, w)G?P (ry = rj, W)(f () [ (@)
= Zjl G*P*(ry - ri, 0)G* (ry — ri, W) F} (10.23)
rELZEBHERET,

TR DB T KE Ve IR EH A E B A TV 258121 EXRORNIIRE D
TEXZ 51,

®pp = f2 / G*P*(ry = 15, 0)G*P (ry — 1y, w)dls, (10.24)
Ls

EEHTB, 7V —YBROEBAAAETZZEMTHI L TV SRR T0ET, ZOK
DIHIFEI TR B T 2 AKX T T,

B9 O i: tBEAHRERIE & Green BAEIDER

ZORYEIHMET 272012, K107 O XS RHEFEORBEL2E 2 3, FiEEOMME
RSSO ry Y AE ¢ TREFELE T,
BHL D72 Green BIEAS e =7/4 |Nkr W2 HBIF 2 L3RR L 3, 2 OEBUIIERE -
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Fis. 25 X 107125 2% X 5 WCBIE 1ry, BUA 27y EIEEIR rg O OBERETY, U
HBHEO. HERrs 2OMPSNZ2WOBHAA 1 & 2 & TONMMHEZEZ, FHEEDE %2
RTHlo/fETEED £9, FNUHEZOMBIIBN S ZERE T2 MR R E5, £
535, 2BHAREES S0 o TUIHDOZ IZFE R 2 D (1P 5, stationary
point), ZDMMOFEHTITIML CIREIL £ 9 (K 10.7) 7 ¥ X ARFIEOMEEZE 2 535
B ZHEIHRREZE 2 120 o T2 ETEO T 5 (stationary zone & FEHIAL ) IR X 72
D, ZOMOBEHOEFEOFZEIFTHbIHSI N E T (FREE, Fl 2 135ZEH 2007 Z2H), £
T REEE ¢ I L TR E R o TS 720, IEEDO DB —HROGE I HIHE
hénote 17)o

DA UIBRZEZZ T, 5P LEBNRHAZRAE T, K107 FRETEVL LD
27 ¥ R LRNEED D 2 RONTMBUT ML TWod & &, H0IcE S TR 258
Z EH (mono pole, dipole, quadrapole ) DEAQAOE TRIT X E T (ZEHEFEH & W
BN d) Yy BRCHZ KH5ICT0° BEDEHEEZEZET, 205G, 2 BHlEOBICH
DABWERIZT VX LTT, ZDFDIT, ry HSTRIED 2 D OB TRNHT D 57
REPNMHTH 2MERIZFLLRDE T, —J7 ¢ 250D n DIFITIE (stationary zone D

note 16) Green B BRI IE

H(t-*~
GZD(I',I)Z—L ( c),
2[5 2
-z
FE BRI T 1 . 1
G2D r.w :_LH<2) wr/c) o _eikr—n/4’
(@) == (wrfo) = o
LT ET, SCCHEB kR k= w/c vEREN. HY H2EA Y S LBBTH S, H() & Heviside
DRSBRBIRT T,

note I7) WA S BB L CIRBIT 2 MHEREETY, BERL, —RICHEENSH L TVRWIERICS,
stationary zone DA G5BT 2 Z L BRI N2 720 TT, BRED I LT, HAEMHBERBEKDHK
ERu AR MTHIMWEIZ. 7 — 2T EEERANTT,



10. Seismic Interferometry

S AAAAAA VWA

"'vvvvv vV

184

B HEED & BT 2 DOBHS DT ENEF T8I re 2 HH 2 IZFRMMHEE 720
i?‘o D% b stationary zone ([ZJiliEEIRD D 2 HED A, HAMBERFICHFS L E3,

fIE 9.2

DU b R BE TR 7 23, MEMHBRIE O 2 MR T 2 72 D IR EEET#&
ZB, TITREDES RIRMEPADZ S, FABBERT G (r| - ry, w) *
G?*P(ry—rg,w) LB WIHIZIFRIMER (7 — V) 2 E# 5 2 L) 2V — VEoE
HIAAED TR TE 3,

. ICLO LEMETHNZMA T &, HAEMEBEBEEEFER X,

2. MCRLUEMEREIDRZDH L TWE I R2EZ S, (1) THELEMHA
HEEARE SR A TN L, MHEMHBIRER e k. 2 2T, KFHM
HARDONENC B 2N DEFENZ & Z L ITHERE K

3. HEMBERKD Y — 7 EZ IS RZ &, BHHIFEE O RO B R 2 & 558

DLERMEIE I 0R 5% RS D £ L7, Z 2T Wapenaar and Fokkema (2006)(' ")

v u il BT
ou
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WO ERERE E T E LT, 3P LER L TVWE F 3., Rayleigh DI EH
CELETEZS L

= —iku (10.26)

@y = f} / G*P*(r1 — 15, 0)G*P (ry — 1y, w)dl,, (10.27)
Is
2 PC 2D 2D
~ RGPy~ 11,0) - G (ry — 12, 0) (10.28)
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note 18) =411+ Wapenaar and Fokkema (2006)(' ) %

note 19) Aki (1957) @ spatial autocorrelation method (SPAC %) Tld. /572 & FHEHEN S v X A A LTWS
FEREL THEM L TVET, A LTI, ZOEOHEMOEWA IR LD £3, HlZi1X2 XTo
% SPAC JEICHEHL S % & (Nakahara 2006 Z8). tHEAMHBIRIE D Hilbert 2412 Green B 2 D ¥ 7,
CAUREST D & AS T ZIH5. Green BIEL & I exp{i(wt —kx)} LiES ZLIERTLET,
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Z5 ¥, FHLTWMHEEZBEDE THANS S IEED 2 L TR Wnw e Green BIE &
BN TEEEA, ZODOBFEOMHAMBIBIEIX. Green BIf (RMHEICE - THIER
80 1ITH, REREORIEL/ N K D 3, FEEFRFRICHEB RS 2 EFR B TE R0
WS S, 3 — &% (B 213 Tonegawa et al., 2009) ) & 2 FEEEELEE S 2 Z L AT X
5,

il 9.3

HEBIKRTHED web LD FE http://www.eri.u-tokyo.ac.jp/knishida/
Seismology/wave2Drandom2.html ZEfTL T, ELEHET 2 Z2MFE L.
HERE OMIGZEERT 25 L,

§ 10.3.4 Ina case of an attenuating medium under a realistic
situation

RITHT 2 AN (EETRIC X 2 H45) LIBBICX 22 LF—0OEROH D EVWEE X
2T, EEREZHABD>TAEL x99, I I TREMILD-DIC—RITOMEEE
ZET, EEFHERE. B u, BE p, 5 o, W F 2o

o (x,w)

- pw*U(x,w) = + F(x,w) (10.29)

EMTET,
o o (x,w) 13FEH € = U /0x - T

o(x,w) = k(w)e(x, w) (10.30)

cEIBLLET, TIThk BEFHEERL L, BEZEDTEIET, 1030 2K
10.29 ITRAT % &,

oU(x,w)
ox

pw?U(x, w) = aa—x (K(w) ) + F(x,w) (10.31)
e E9,

JIGE RSN DG E OREZE Z 3. 20 u(t, x) DIEIIEE RS u(t, x) = u(t,x+L)
iz LET,

0%u(x, w)

o+ Fw) (10.32)
X

- pw?U(x,w) = k(w)

Z 2T F(x,w) & forcing term T3,
Ut F ZEAR u,(x) TRIHT 2L

Ulx, ) = ) an(@)in(x)

F(x,w) = Z Fu(@)itn (). (10.33)
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LD ERT, 2592 L EREHMEE -k, LT DL

- w?a, = —k(W)k2a,(w) + Fy(w) (10.34)
¥ hEF, I CHELD 7 DEREE KK 0 = kky/p ZERLET, ULEFr®
RN

an(w) = -1 (10.35)
w? — Wi
LR bET,

Z ZC. cross spectrum (U* (w, x1), U(w, x2)) ZHE X E T,

(U (@,x1), U(w,x2)) = > (apan i, (x1)it (x). (10.36)

ZORZFMT 272012 (aja,y) ZFHHE L £3, Z T forcing XA 7 A FEERET
RN

(FyFuw) = Fyonw (10.37)
LEFET, Thbb,
(U, Up) = fo Sn.n (10.38)
" (w? = wp)(0? - W)
PEXEE, ZORARY ML O(w,x1,x2) = (U (w,x1), U(w,x2)) 1
o 7
D(x1,x2,w,) = Z (aﬂ - w%)(oa)z ~o7) uy (x1) i, (x2) (10.39)

B Z ZIm ( Wl w*g) Un (x1)ut, (x2) (10.40)

> FyQn | *
) Z 2(6‘) )2 ((4)2 —w? B w? — (4)*2) u”(xl)un(XZ) (10.41)

n

CEEEYET, Z2ITw, ~Re{w,} +iRe{w,}/(20,) ELEF L7, o AXER?
kSR LUT tw, DETHARZ LD ET, 2F D) x BIEDH AN T 2 K (causal
part) &, BOFMNAERET KK (causal part) ZR L TWVWE T,

IANX=DBEDEICHEHLLTVWEPRTVWEEL & 5, BRI H/D oH#EEH T
LE—Z D pd(x,x,w) LD TD, BIFIALF—1F

F3Qn

Wn

/Jmm%mw~ (10.42)

n

CREDZZPHRET, o WA HAEEHEE > 58I, E—FHlzhox
INF—IFFEBBUCRKHBIL, Qp CHBILE T, DFD F ~ w,/0n Lo THIDTT
FLE— i%\méhiTo;®t®ﬁ%®ﬂﬁdizw#—m%“ﬁéﬂfmébﬁf
372, ZOREEZEETHIDLENRDD T,

X 10.38 TE— FHEDOHENEN X WD ERREN TS, IR 22/ 5/ B AR E 72
BEIZE— FEOMEBESHETL v, HEAMAHBEBEBROFMEZE# L < &b 3, HEGmN
12iE. ZL OEET— FRNICHBEDZEN 2 WO REZE 0 Al LTI Z->TW3
FOCRZAET, Z2ZHroDMIEZY ST 50, HEBAICHEINTOET,

X0 3 ZorEM RIS 2 RAED DX Nishida (2011) R ¥ 2SO v,



10.4. AN APPLICATION FOR SEISMIC MONITORING

F & &: Green B HHEFERI D LLEX

1. WEFRTFHIEOMRIIKEL TIT T, A=V RRTHEETEL LS ICHEZERS
FTIRMEFEL, ARV D EWEEZ 2GR H 5, xRNy 775
v R WHEEE, 77— oOuhiEY, MEE) OMREN VS DI, REDED
PNTT DTN K o THEDIZE IR 5, Bl 21X equipartition & WD HEE—D ¥ 5T
YHRIZ & o TERDPIHKE— XN TOVRVD THEREDINE (Snieder et al. 2010),

2. REAED AT 5 & Z1E Green B & DL DAIRE, D2 EEHEICL S35 -
TH, BSEOERZ T 2 Z L 23ARE,

3. FERIEOMHIRIEIX. Green BIE X D HEMEARBK O T/ X W e ifF SN b,

4. & ITHBMBC & b IR AR Z RS 5 Z 2 i3#E LW,

Summary: pros and cons

1. o [RIREEEEDS VR 2R DIEREMEZ 5,
2. 00.05Hz &V FEAYITH, HELP HEORREZITI5W0,
3. X EEIRD DRITIRD 23D 2 & BT DERREENET 2NN D 5,

F £ &: Ambient noise tomography Di#dH & §§7

L o RABERAIHATET, <RI D 2D

2. 0 7 L—BMOHEIE. BOIME S (R | K0S EH5ET 5 2 b
T,

3. X EEOHHRD 555 v, Bl OERRHAEL 5 HMED D 5, FITH
RBATHEDHEE R, HEEREOHEE IR L THRA,

ToDO: N3 EBDH D EFAZH o ZMBIXTHEL 75 v ViEFORGR

1§10.4 An application for seismic
monitoring

HERPER TR Z 2RO XA F I 7 2%E 2% LT, HEMEDOREZ(LEIRZ 2F X
IEFICHEE T, KUEARLHBIHEVICTROTADIRENZEL L. 2o THE
HEPLEAGMEDOENT 2 Z e B HfF I N2 72D T,

I TS ORI AL EZRD LS T 25E, avtr—n Y —2AFHWTHEDIK
LHEBFRNES T 7 4 2RDBRIEIENTT, LELLZLDEEHENTIEDD ¥
Ao —HBERMEZME S 5E, BIROTHEEMESLEBRSMOMRD 72 SRS 2 A E 1
PREEEDOHEEEEZS ISR LET, 207D, 2 AREZERRE2 T ERZX 8
LT, ZNE7D ) A X BDOPARYDHEEZLLZDONPIE-oEDE LERA,

ZHuzr L, i P #EORIZL 2 M H 3 2 58 I HHIB IR TFIRIIIERICER R FIET
T, RERS, HEZ XY THEMBEEEZEIE T2 Z 812X T. RIEMWITHEDIRL
HEZBHIHK27-DTT, mOEMAHIZEZEZTAEL & 5, HERFE 2 L THIZEBHI
L. ZOREROMHAMABEEBOZE BT E3, ZDEEIE. 20 2 fEloRfElL
INTMEECERA AN A E=R—FT 5N TEET, I I TIEFEMCOVTIIRNE
BFAH, BRI HFZE Y LT, Sens-Schonfelder Wegler (2006) (£ >~ K+ 7 @ Merapi
KL)% Wegler and Sens-Schonfelder (2007) (FHEUIE DfENT) 235 %,
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| §10.5 Practical problems when
applying actual data

} 10.5.1 Azimuthal dependence of incident waves

ASHBARIE O 5 OARAFE R & 2 % 72912, Cox DD

> im,, (ﬂ) [ () cos(m) + by () sin(m?)] (10.43)
o c(w
BEZET,
Z DA IER R X
B/I
= Wg)()o)for the causal part
B (180
= mfor the acausal part (10.44)

Y EL Z KR E T (Weaver et al., 2009)%, ZoRX Ao T, ASHEOIEE %24
3T 3HEMNAEETT,

§ 10.5.2 Finite frequency effects

MBI TEE BN T 25812, @F OHIE X [ U sensitivity kernel & @5 UIR
VOPHETIED D FEA U0, IEESEHFISEOEEIC. REHK D sensitivity kernel
BHIB L AU THEHEDD o TOETH O FIEEFICT 5085 2 HE I3 I3
IEDRBETT,
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